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CWP Policy on Proprietary Printed
Material

New printed material that is produced at the Center for Wave Phenomena under Con-
sortium support is presented to Sponsors before it is released to the general public. We
delay general publication by at least 60 days so that Sponsors may benefit directly from
their support of the Center for Wave Phenomena.

During this delay, Sponsors may make whatever use of the material inside their organi-
zation that they deem proper. However, we expect that all Sponsors will respect the rights
of other Sponsors, and of CWP, by not publishing these results externally and indepen-
dently, in advance of this 60-day delay (even with attribution to CWP). Please refer to your
Consortium Membership Agreement under the paragraph entitled “Sponsor Confidentiality
Obligation.”

Those reports in this book that were produced primarily under consortium support

and have not been previously distributed or submitted for publication, will be available for
general distribution by October 1, 2007.

If you have independently generated results that duplicate or overlap these, and plan
to submit them for publication under your own name before this date, please notify us
immediately, so that misunderstandings do not arise.
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INTRODUCTION

This edition of the report on the Consortium Project at the Center for Wave Phenomena summarizes
much of the research conducted within CWP after the 2006 Project Review Meeting. Note that the
papers in this report and those presented orally during the Annual Project Review Meeting, May 21-24,
2007, only partially overlap. Also, in addition to these papers, several last-minute manuscripts will be
distributed during the Meeting and mailed to representatives of sponsor companies.

Papers in This Report

The 22 papers in this volume are grouped into the following five categories: imaging and velocity
analysis, time-lapse methods and image processing, azimuthal AVO and moveout analysis, interferometry
by correlation, and interferometry by deconvolution. These categories show both similarities to and
differences from those of the past few years, indicative of both the continuity and expanding breadth of
our research program.

Imaging and velocity analysis

The section on imaging and velocity analysis includes three papers. In his first paper, Sava introduces
a new imaging condition based on interferometric correlations of extrapolated wavefields with the goal of
reducing imaging artifacts caused by unknown small-scale velocity variations. The new condition should
be particularly beneficial for models with rapid velocity variations typical for salt, anhydrite, and basalt
environments. The topic of Sava’s second paper is another extended imaging condition that differentiates
among wavefields based on multiple attributes (time, propagation direction) in order to avoid cross-talk
between unrelated events. Applications include imaging with multiple seismic experiments (shots),
multiple attenuation during imaging, etc. Behera and Tsvankin present an efficient methodology for
P-wave prestack depth imaging in tilted transversely isotropic (TTI) media that properly accounts for
the tilt of the symmetry axis as well as for spatial velocity variations. The algorithm is successfully
tested on several TTI models typical for active tectonic areas and subsalt exploration plays. The paper
also demonstrates that ignoring the tilt of the symmetry axis may lead to significant image distortions
and errors in parameter estimation.

Time-lapse methods and imaging processing

Four papers are devoted to time-lapse methods and image processing. Snieder et al. present an
overview of noninvasive geophysical methods used to measure temporal changes in the subsurface. They
focus on monitoring mechanical properties, fluid transport, and biogeochemical processes and present
case studies that illustrate detection of time-lapse changes in the associated medium parameters. Fuck et
al. give a 3D analytic description of stress-related traveltime shifts measured over compacting hydrocar-
bon reservoirs. Their formalism is not restricted to zero-offset rays and accounts for both stress-induced
velocity changes and deformation of reflectors around the reservoir. Numerical tests for a compacting
rectangular reservoir show that the excess stress field produces an anisotropic medium with substantial
values of the Thomsen parameters and variable orientation of the symmetry axis. The first paper by
Hale describes a high-fidelity method for estimating three components of apparent displacement vectors
from time-lapse seismic images. The method is used to estimate horizontal displacements of only 5 m
from two images with horizontal sampling intervals of 25 m. Regions where these displacements are
largest are consistent with the shape of the target reservoir. In another paper, Hale introduces new
algorithms for local dip filtering based on simple and efficient finite-difference approximations to direc-
tional Laplacians. Local dip filters attenuate or enhance coherent features having dips that may vary
for each image sample. In one application, these filters are tuned to remove strong coherent events while
preserving weaker but interesting events that have only slightly different dips.

Azimuthal AVO and moveout analysis

Azimuthal AVO and moveout analysis is the topic of three papers. Xu and Tsvankin apply a compre-
hensive processing sequence designed for layered azimuthally anisotropic media to wide-azimuth P-wave
data acquired over a fractured gas sand formation in the Rulison field, Colorado. They identify two
strong azimuthal AVO (amplitude-variation-with-offset) anomalies at the bottom of the reservoir, one
of which becomes much more pronounced and spatially coherent after application of the moveout-based
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anisotropic geometrical-spreading correction (MASC). Both anomalies coincide with the intersections of
wrenching fault systems, which suggests that the AVO analysis helped to detect “soft spots” of high frac-
ture density. In their second paper, Xu and Tsvankin extend the algorithm of moveout-based anisotropic
spreading correction (MASC) to mode-converted PSV-waves in VTI (TI with a vertical symmetry axis)
media and symmetry planes of orthorhombic media. They show that for purposes of spreading cor-
rection, reflection traveltimes of PSV-waves can be well-approximated by the Tsvankin-Thomsen and
Alkhalifah-Tsvankin nonhyperbolic moveout equations, which are widely used for P-waves. Testing on
full-wavefield synthetic data confirms that MASC accurately reconstructs the plane-wave conversion co-
efficient from conventional-spread PSV data. Yan and Tsvankin develop a generalized version of the
so-called AK semblance method for long-spread, wide-azimuth data. Their algorithm is designed to
correct for the influence of polarity reversals on nonhyperbolic moveout analysis for reflections with type
1 and type 2 AVO responses. Synthetic tests confirm that the AK semblance method gives accurate esti-
mates of the NMO ellipse and the azimuthally varying anellipticity parameter n even when the position
of the polarity reversal varies with azimuth.

Interferometry by correlation

The two sections on seismic interferometry feature both theoretical work and applications to field
data. Seven papers discuss different aspects of interferometry by correlation. An important question
that arose at the previous Project Review meeting is to what extent seismic interferometry remains
valid for systems that are not invariant for time reversal. The series of papers by Snieder demonstrates
that seismic interferometry can be applied to the diffusion equation and to damped acoustic waves.
In his collaborative work with Wapenaear from Delft University of Technology, Snieder proves that the
principles of seismic interferometry are valid for almost any linear system. The two papers by Mehta et al.
describe the results of a joint project with Shell Research. In the first paper, they show that suppression
of surface-related multiples can be folded into seismic interferometry, and test their algorithm on ocean-
bottom data recorded over the Mars field in the Gulf of Mexico. Application of the method to time-lapse
data in the second paper proves that the repeatability of virtual-source data is much higher than that of
conventional data. Behura introduces a method (called “Virtual Real Source”) of extracting the seismic
source signature using interferometry. The only requirement for the method is that the source location
must coincide with a receiver location (not necessarily at zero offset). The source signature of each shot
can be extracted reliably if all shots have similar amplitude spectra, even though their phase spectra
might be completely different.

Interferometry by deconvolution

The section interferometry by deconvolution includes four papers by Vasconcelos et al., which show
that in several applications it is advantageous to employ deconvolution rather than correlation in seismic
interferometry. Two papers discuss deconvolution interferometry using the scattering series and prove
that this technique accurately recovers primary reflections. In particular, deconvolution interferometry
performs better than correlation interferometry for complicated sources of seismic wavefields. For exam-
ple, this is the case when drill-bit noise or internal multiples play the role of seismic source. Numerical
simulations confirm the feasibility of using both drill-bit noise and internal multiples for imaging with
deconvolution-based seismic interferometry. Deconvolution interferometry is then applied to imaging of
the San Andreas fault zone, and to subsalt imaging with internal multiples. In the final paper, Thomp-
son and Snieder analyze multicomponent seismic records from the Millikan Library in Pasadena, CA, to
estimate the shear-wave splitting coefficient of the building. Using deconvolution of traces from different
floors, they find that shear waves split into the fast mode polarized in the east-west direction and the
slow mode polarized in the north-south direction.

OVERVIEW OF DEVELOPMENTS IN CWP

CWP Faculty

There has been no change in the CWP faculty group and administrative staff since the last Project
Review Meeting. The full-time CWP academic faculty includes Dave Hale, Paul Sava, Roel Snieder, and
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Ilya Tsvankin (director). Ken Larner and Norm Bleistein remain part of the team in their “retirement,”
and are actively involved in many aspects of our research and educational program.

Students and Post-Docs

During the 2006-2007 academic year, 13 graduate students were doing research in CWP. Since the last
Project Review Meeting, three CWP students have successfully completed their studies at CSM. Xiaoxia
Xu defended her Ph.D. thesis and graduated in December 2006; Kurang Mehta and Ivan Vasconcelos
defended their Ph.D. theses during the Spring 2007 semester.

Two post-doctoral research fellows, Masatoshi Miyazawa from Japan and Laxmidhar Behera from
India, have returned to their home countries after their one-year assignments in CWP. Masatoshi was on
leave from the Disaster Prevention Research Institute at Kyoto University, where he works as a research
associate. The support for Masatoshi was provided by ExxonMobil. Laxmidhar is a scientist with the
National Geophysical Research Institute in Hyderabad, India, and was supported by a BOYSCAST
Fellowship. Eduardo Filpo Ferreira da Silva joined CWP as a post-doctoral fellow in March 2007 for
a 16-month period. Eduardo is a geophysicist with Petrobras, Brazil, and the company provides full
support for his post-doctoral position with CWP.

Center Support

This past year the Consortium was supported by 23 companies (24 with TGS-Nopec joining in June
2007). We thank the representatives of our sponsors for their continued support. A full list of sponsor
companies over the term of the past year appears on the acknowledgment page at the beginning of this
volume.

We have received about $700K of additional support since June 2006 from the Department of En-
ergy, National Science Foundation, Petroleum Research Fund of the American Chemical Society, U.S.
Geological Survey, ExxonMobil, Shell, and Statoil (for details, see below). Also, in 2005 Landmark
Graphics committed funding to support a research fellowship for a PhD student (currently Derek Parks)
in computer science and/or geophysics for four years, toward the goal of developing new methods for
modeling the earth’s subsurface. Our industrial and government support for research and education
complement one another; each gains from, and strengthens, the other. As a net result, for the present
annual fee of $48.4K, a company participates in a research project whose total funding level is close to
$1.75M, which gives a leverage factor of over 36.

New Government Funding

The National Science Foundation will support Roel Snieder’s project on seismic interferometry. In
this project, drill-bit noise generated at the San Andreas Fault Observatory at Depth (SAFOD) provides
an incoherent broadside illumination of the San Andreas fault, which is used to image the fault structure.
Controlled source experiments with the TRex-shaker in the Garner Valley, California, produce 9C data
employed in this project to validate the theory of seismic interferometry.

Ilya Tsvankin has received a two-year grant from the Petroleum Research Fund of the American
Chemical Society in support of his project “Attenuation analysis for azimuthally anisotropic media.”
The project, which provides funding for an A-Team student, is aimed at applying the attenuation
coefficient as a fracture-detection attribute and devising anisotropic attenuation corrections for AVO
analysis and migration.

Joint Projects with Industry

Roel Snieder and his students Kurang Mehta and Yuanzhong Fan continue their collaboration with
Andrey Bakulin, Rodney Calvert and Jon Sheiman of Shell International E&P on a project devoted
to seismic interferometry. This project, supported by Shell as part of the “Gamechanger” program,
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aims at optimizing the use of seismic interferometry for imaging and monitoring reservoirs. Though this
project is not strictly part of the CWP Consortium, Shell is willing for CWP to share the results with
Consortium sponsors, within constraints of Shell’s research agreement.

Roel Snieder also collaborated with Mike Payne and Anupama Venkatarama of ExxonMobil on using
induced seismicity to monitor the steam behavior in a heavy-oil reservoir. Through the support of
ExxonMobil, CWP attracted Masatoshi Miyazawa (on leave from Kyoto University) to work on this
project for one year.

Paul Sava has initiated a three-year project supported by Statoil on wave-equation velocity analysis
and imaging for wide-azimuth data. The grant from Statoil provides partial funding for CWP student
Gabriela Melo.

CWP encourages directly sponsored research with other companies that could lead to sharing of
results with the Consortium.

13th International Workshop on Seismic Anisotropy

Ilya Tsvankin and Ken Larner, along with James Gaiser of GX Technology, are the organizers of the
13th International Workshop on Seismic Anisotropy planned for August 10-15, 2008, in Winter Park.
The previous workshops, which proved instrumental in moving seismic anisotropy to the forefront of
exploration seismology, have been held every other year since the 1980’s at various locations all over the
world. If your company is interested in sponsoring 13IWSA (e.g., by providing student travel grants),
please contact one of the organizers.

Interaction with Other Research Projects at CSM and Elsewhere

During this past year, as in previous years, faculty and students of CWP have interacted closely
with other industry-funded research projects in the CSM Department of Geophysics. These include the
Reservoir Characterization Project (RCP), led by Tom Davis; the Center for Rock Abuse, led by Mike
Batzle; and the Gravity/Magnetics Project, led by Yaoguo Li.

In addition, various CWP faculty have engaged in collaborative efforts with researchers elsewhere.
As part of his ongoing work on coda-wave interferometry, Roel Snieder is engaged in a collaborative
project with David Robinson and Malcolm Sambridge from the Australian National University (ANU)
in Canberra, Australia. Their goal is to show that changes in the source mechanism of seismic events
can be inferred from coda waves. Using data from the Bureau of Reclamation, this technique is applied
to monitor seismicity induced by the injection of brine in Paradox Valley (Colorado). This project is
funded by a grant from the Australian Research Council.

Other collaborations of the CWP faculty include:

e Norm Bleistein
~ Sam Gray (Veritas DGC)
— Guanquan Zhang (Chinese Academy of Sciences)
- Yu Zhang and Xu Sheng (Veritas DGC)

e Paul Sava
— Sergey Fomel (Bureau of Economic Geology, University of Texas at Austin)
— Jeff Shragge (Stanford University)

¢ Roel Snieder
— Andrey Bakulin, Rodney Calvert and Jon Sheiman (Shell International E&P)
— Joan Gomberg and Bill Stephenson (US Geological Survey)
— Peter Malin (Duke University)
— Malcolm Sambridge (Australian National University)
— Anupama Venkatarama and Mike Payne (ExxonMobil)



— Kees Wapenaar (Delft Institute of Technology)
— Uli Wegler (University of Leipzig)

e Ilya Tsvankin
— Andrey Bakulin and Vladimir Grechka (Shell International E&P)
— Karl Berteussen (Petroleum Institute, Abu Dhabi)
— James Gaiser (GX Technology)
— Martin Landrg (Norwegian University of Science and Technology)
— Peter Leary (Consultant, OYO Geospace)
— Ivan Psencik, Czech Academy of Sciences

Travels and Activities of CWP People
Interactions and collaborations that have taken place away from Golden include the following:

e Norm Bleistein

— Presented an invited talk at the Geophysical Inversion Workshop at the University of Calgary
(August 2006).

— Presented an invited talk at a workshop of Brazilian Geophysical Society in honor of Martin
Tygel’s birthday in Campinas, Brazil (November 2006).

— Presented an invited talk at a workshop honoring retirement of Peter Hubral in Karlsruhe,
Germany (February 2007).

— Presented three talks at a two-day workshop sponsored by CGGVeritas in Paris (Massy),
France (March 2007).

e Dave Hale

— Attended the 68th EAGE Conference in Vienna and gave an invited talk at the workshop on
open-source software (June 2006).

~ Traveled to Houston to meet with representatives of prospective sponsor Paradigm Geophys-
ical (April 2007).

e Ken Larner

— Attended the RPSEA Forum to discuss DOE-sponsored research and meet with potential
CWP sponsors (October 2006).

— Participated as a guest at the Annual Meeting of the Stanford Exploration Project in Oregon
(May 2007).

e Paul Sava,

— Worked on joint research projects with Sergey Fomel at the Bureau of Economic Geology, UT
Austin (May 2006).

~ Presented a paper at the 68th EAGE Conference in Vienna (June 2006).

— Participated in the SEG Summer Research Workshop in Snowbird, UT (July 2007).

— Traveled to Houston to meet with representatives of ExxonMobil (July 2007).

— Co-organizer of the Workshop on Reproducible Research in Computational Geosciences, Van-
couver, BC (August 2006).

— Attended the AGU Fall Meeting in San Francisco (December 2006).

— Co-organizer of the mini-symposium on imaging and interferometry at the SIAM Conference
on Mathematical and Computational Issues in the Geosciences, Santa Fe, NM (March 2007).

— Traveled to Houston and Austin, TX, to make a presentation to the Houston Geophysical
Society and visit with representatives of CWP sponsor and prospective sponsor companies
(TGS-Nopec, BP, 3DGeo, Paradigm; April 2007).
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o Roel Snieder

— Made multiple trips to Shell Research in Houston and Rijswijk and to ExxonMobil in Houston
to discuss joint projects.

— Presented invited lectures at the 3rd SPICE Research and Training Workshop in Kinsale,
Ireland (July 2006).

— Visited the Universidad Nacional Auténoma de México in Mexico City for joint research and
seminars (August 2006).

— Visited Japan to give invited talks at the SEGJ meeting in Kyoto and at the Workshop
“Potential Use of Geophysical Techniques for Monitoring CO2 Storage Sites” in Arashiyana
(November 2006).

— Continued his work on the Earth Science Council of the Office of Basic Energy Sciences of the
Department of Energy, and attended the semi-annual meetings of the council in Washington,
DC (November 2006 and April 2007).

— Member of the organizing committee and panel leader for the DOE workshop and report “Ba-
sic Research Needs in the Geosciences: Facilitating 21st Century Energy Systems,” Bethesda,
MD (February 2007).

— Visited Australian National University in Canberra, Australia, for joint research and lectures
(December 2006).

— Served on the selection panel of the Spinoza Prize of the Netherlands Organisation for Scien-
tific Research. Visited Utrecht, The Netherlands, for a meeting of this committee (February
2007).

— Presented a weekly seminar at the California Institute of Technology, Pasadena (March 2007).

— Presented an invited talk at the SIAM Conference on Mathematical and Computational Issues
in the Geosciences in Santa Fe, NM (March 2007).

e Ilya Tsvankin

~ Presented a paper at the 68th EAGE Conference in Vienna (June 2006). Presented an invited
talk at the workshop “Seismic anisotropy — state of the art in parameter estimation and
imaging.”

— Taught the two-day SEG Continuing Education Course “Seismic anisotropy: Basic theory
and applications in exploration and reservoir characterization” at the SEG Annual Meeting
in New Orleans (October 2006).

— Presented an invited talk and taught a course on anisotropy at the annual meeting of the ROSE
Consortium at the Norwegian University of Science and Technology, Trondheim, Norway
(April 2007).

e John Stockwell

— Attended the 68th EAGE Conference in Vienna and gave an invited talk at the workshop on
open-source software (June 2006).

e Laxmidhar Behera (post-doc)

— Traveled to New Delhi, India as an invited nominee for the CSIR Young Scientist Award
(June-July 2006).

e Masatoshi Miyazawa (post-doc)

— Attended the Workshop on Heavy Oils in Calgary, Canada (June 2006).
— Attended the AGU Fall Meeting in San Francisco (December 2006).
— Made several trips to ExxonMobil in Houston to work on a joint project.

Our students traveled considerably as well. Most of them gave presentations at the SEG Annual
Meeting in New Orleans (October 2006).
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e Jyoti Behura and Jia Yan presented papers at the 12th International Workshop on Seismic Anisotro-
py in Beijing, China (October 2006). Jyoti also gave a presentation at the Workshop on Heavy Oils
in Calgary, Canada (June 2006). Jia attended the SEG Summer Research Workshop in Snowbird,
Utah (July 2006).

e Yuanzhong Fan and Kurang Mehta made several trips to the Shell Bellaire Research Center in
Houston to work on joint projects.

e Ivan Vasconcelos visited Schlumberger in Ridgefield for joint research in imaging with drill-bit data
(April 2006). He also traveled to Paulsson Geophysical Services, Brea, CA, to initiate a research
collaboration on VSP data acquisition. During the summer of 2006, Ivan visited BP Exploration
and Production Technology and Veritas DGC in England to present his latest research results
and interact with their personnel. He has also promoted the CWP research and educational pro-
grams by giving talks to both graduate and undergraduate students in the Physics and Geoscience
Departments of Universitat de Barcelona and Universitat Politecnica de Catalunya.

Visitors to CWP

CWP has benefited again this year from visits by a number of scientists and friends from other
universities and industry. We strongly encourage visits from our sponsor representatives, whether it
be for a single day, or for an extended period. Dirk Gajewski of the University of Hamburg spent
his six-month sabbatical at CSM (March-October 2006). James Gaiser (WesternGeco/GX Technology)
has regularly participated in the A(nisotropy)-Team seminar and collaborated with CWP faculty and
students.

As mentioned above, Masatoshi Miyazawa from Japan and Laxmidhar Behera from India have com-
pleted their one-year visits as post-doctoral fellows with CWP. A new post-doctoral fellow, Eduardo
Filpo Ferreira da Silva from Brazil, joined CWP in March 2007.

Yong Zheng and Weitao Wang, scientists from China, came to CSM for a six-month visit (April-
October 2007) to do joint research with Roel Snieder. Roel also worked with Sanne Cottaar, exchange
student from The Netherlands, who spent the Fall 2006 semester at CSM. Sjoerd de Ridder, a student
from Utrecht University, visited with Roel for one month in March-April 2007. Two students from the
University of Science and Technology of China, Jun Li and Jianmin Lin, stayed at CSM for six months
{May-November 2006) collaborating with Suzie Su and CWP students.

We also had several short-term visitors:
o Uwe Albertin (WesternGeco)

e Andrey Bakulin (Shell)

Joe Dellinger (BP)

Vladimir Grechka (Shell)

Laurent Stehly (Universite Joseph Fourier, Grenoble, France)

Uli Wegler (University of Leipzig, Germany)

Papers at SEG

Once again, CWP students and faculty presented a large number of papers at the SEG Annual
Meeting. During the 2006 Annual Meeting in New Orleans, they had a total of 17 oral presentations,
poster papers, and workshop contributions. A number of these presentations result from collaborations
with sponsor companies and academic groups.

For other meetings where CWP personnel presented papers, see the section “Travels and Activities
of CWP People” above.
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Publications

As in past years, a significant number of papers authored or co-authored by CWP faculty and students
have been published in leading journals. In your meeting folder, you can find recent CWP reports on
the list called “Available Papers.” The complete list of CWP papers from 1984 onward is on our web
site at http://www.cwp.mines.edu/bookshelf.html. Most papers are available there for downloading as
PDF files.

The Ph.D. theses of Xiaoxia Xu was distributed to Sponsors during March 2007, and those of Kurang
Mehta and Ivan Vasconcelos will be distributed this summer. If you would like to receive a copy of these,
or of any other CWP publications, contact Barbara McLenon at “barbara@dix.mines.edu”.

Computing Environment

The CWP research computing environment includes a 32 processor Linux cluster system. Each of
the 16 nodes consists of a dual processor Pentium Xeon 2.4 GHz PC system with 2 GB of RAM available
per processor, and about 160 GB total of hard-disk storage for each node. We have had this unit for
nearly four years.

Each student and faculty member has a desktop system of 2 GHz or faster, running Linux, with
40-250 GB of storage space per desktop. In addition to these desktop systems, we have purchased a 3.0
GHz server with .5 Terabytes of disk space for home directories and other backed-up materials. System
backups are now automated to USB disk drives (in the past, backups were performed to Exabyte tape).
The total disk space in CWP exceeds 5 Terabytes, though this is not contiguous.

For data transport, our preferred medium consists of USB hard drives, formatted with the ext3 filesys-
tem. CWP faculty and students make regular use of the following commercial packages: Mathematica,
Matlab, the Intel C and Fortran compilers, as well as the NAG95 (Fortran 90/95 compiler).

Software Releases

CWP releases open-source software as well as software that is confidential to the Consortium. Most
confidential codes depend heavily on the free software environment, so both of these are relevant to the
Consortium. The period of confidentiality is three years. Some of the codes developed at CWP are
part of government-funded research projects, and are required to be released as open source. Software
developed using in-house resources of sponsor companies generally is not available to us for release.

Of interest to Consortium members are codes for nonhyperbolic moveout inversion of wide-azimuth
P-wave data by Ivan Vasconselos and for anisotropic geometrical-spreading correction and azimuthal
AVO analysis by Xiaoxia (Ellen) Xu. An extension of Ivan’s nonhyperbolic moveout inversion code that
takes 3D AVO signature into account has been contributed by Jia Yan. Software under development
includes Matlab codes by Rodrigo Fuck for modeling excess stress around compacting reservoirs and
stress-related traveltime shifts of seismic waves, shell scripts of virtual source and receiver gathers by
Kurang Mehta, and code for computing reflection coefficients in anisotropic attenuative media by Jyoti
Behura.

A widely used vehicle of open software distribution is the CWP/SU:Seismic Un*x (SU) package.
This package has been installed at more than 3600 sites in 68 countries (where a country is defined by its
independent country code), and has an active worldwide user group. User base is determined by direct
email, listserver group membership (524 as of April 1, 2007), and by downloads (more than 10 per day).

Release 40 of SU was issued on April 10, 2007, and contained many updates and new software,
including support for the LAS welllog format, and for SEG Rev 1. Prior to that date, there were nine
beta releases of SU.

Of particular interest is a new package called the SLT/SU distribution, which is a collection of legacy
codes written in the style of SU at Unocal. This package has been made available thanks to the efforts
of Reg Beardsley.

xiv



The open-source Mines Java Toolkit is available online from Dave Hale’s home page at:
http://www.mines.edu/ dhale/jtk/. This software is the foundation for most of Dave’s teaching and
research, and is also being used by commercial software companies. Anyone with a web browser can
view and download the always up-to-date source code repository.

Paul Sava and students working with him use Madagascar (formerly known as RSF), an open-source
software package for geophysical data processing and reproducible numerical experiments. Its mission is
to provide a convenient and powerful environment and a technology transfer tool for researchers working
with digital image and data processing. The technology developed using the Madagascar project man-
agement system is transferred in the form of recorded processing histories, which become “computational
recipes” to be verified, exchanged, and modified by users of the system. This open-source package is
available from http://rsf.sourceforge.net/.

Annual Project Review Meeting

This year’s Annual Project Review Meeting will be held May 21-24, 2007, on the CSM campus
in Golden, Colorado. A tradition of recent years is that, prior to the Meeting, we hold a tutorial for
sponsors on a topic of particular interest within CWP. This year, in the afternoon of May 21, Norm
Bleistein will give a tutorial entitled “Mathematics of modeling, migration and inversion with Gaussian
beams.” During the following three days, students and faculty will present more than 20 research papers.
In addition, the program will include two guest speakers: Dave Nichols from Schlumberger and John
Toldi from Chevron.

WELCOME

With great pleasure, we welcome representatives of our sponsor companies to the 23rd Annual Project
Review Meeting, and look forward to the opportunity to exchange with you ideas and thoughts about
this past year’s projects and plans for the future.

Ilya Tsvankin, Director
Center for Wave Phenomena
May 2007
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selected events picked from the data. Examples of techniques
in this category are waveform inversion (Tarantola, 1987; Pratt
and Worthington, 1990; Pratt, 1990), wave-equation tomogra-
phy (Woodward, 1992) or wave-equation migration velocity
analysis (Sava and Biondi, 2004a; Sava and Biondi, 2004b;
Shen et al., 2005). A more accurate velocity model allows for
more accurate wavefield reconstruction. Then, wavefields can
be used for imaging using conventional procedures, e.g. cross-
correlation.

e The second option is to concentrate on the imaging condi-
tion, rather than concentrate on wavefield reconstruction. As-
suming that the large-scale component of the velocity models
is known (e.g. by iterative migration/tomography cycles), we
can design imaging conditions that are not sensitive to small
inaccuracies of the reconstructed wavefields. Imaging artifacts
can be reduced at the imaging condition step, despite the fact
that the wavefields incorporate small kinematic errors due to
velocity fluctuations.

The two options are complementary to each other, and both
can contribute to imaging accuracy. In this paper, we con-
centrate on the second approach. For purposes of theoretical
analysis, it is convenient to model the small-scale variations
velocity fluctuations as random but correlated variations su-
perimposed on a smooth known velocity. We assume that we
know the smooth background, but we do not know the random
fluctuations. The goal is to design an imaging condition that
alleviates artifacts caused by those random fluctuations.

Conventional imaging consists of cross-correlations of
extrapolated source and receiver wavefields at image locations.
Since wavefield extrapolation is performed using an approxi-
mation of the true model, the wavefields contain random time
delays, or equivalently random phases, which lead to imaging
artifacts.

One way of mitigating the effects of the random model
on the quality of the resulting image involves using techniques
based on acoustic time reversal (Fink, 1999). A well-known
result is that, under certain assumptions, a signal sent through
a random medium, recorded by a receiver array, time reversed
and sent back through the same medium, refocuses at the
source location in a statistically stable fashion. Statistical sta-
bility means that the refocusing properties (i.e. image qual-
ity) are independent of the actual realization of the random
medium (Papanicolaou et al., 2004; Fouque et al., 2005).

An equivalent formulation of this result is that statisti-
cal stability can be achieved if random phase shifts between
signals recorded at nearby locations are removed by cross-
correlation, prior to back propagation into the medium. This
observation lies at the heart of coherent interferometric imag-
ing (Borcea et al., 2005; Borcea et al., 2006¢; Borcea et al.,
2006a; Borcea et al., 2006b) or imaging and velocity analysis
in presence of uncertain models (Dussaud, 2005). With this
approach, local spatial cross-correlations of data traces on the
acquisition surface are computed and extrapolated to the im-
age location using standard techniques. Thus, random phase
shifts that cause imaging artifacts are removed prior to extrap-
olation and imaging quality in the smooth background medium
increases. This method assumes the existence of a continu-

ous acquisition array with dense receiver layout to ensure co-
herency of local cross-correlations.

We investigate an alternative way of using time reversal
to increase imaging statistical stability. Instead of coherent in-
terferometry applied to data on the acquisition surface, we first
extrapolate wavefields to all locations in the imaging volume
and then apply local spatial cross-correlations in the vicinity
of every image point. Correlations in the image-space damps
small random fluctuations in the extrapolated wavefields. The
cross-correlations do not relocate energy in space, but simply
produce local averages of the extrapolated wavefields.

The procedure closely resemble conventional imaging
procedures where wavefields are extrapolated in the image
volume and then cross-correlated in time at every image lo-
cation. Our method uses averaging in three-dimensional local
windows around image locations. From implementation and
computational cost points of view, our technique does not dif-
fer much from conventional imaging, although the imaging
properties are improved. Therefore, we use the name inter-
ferometric imaging condition for our technique to contrast it
with conventional imaging condition which represents a spe-
cial case of this method for infinitely small local windows.

One advantage of using the interferometric imaging con-
dition in wave-equation migration is that it also makes efficient
use of the data obtained by a sparse array, since the cross-
correlation is performed at an image point on wavefields ex-
trapolated from all data traces simuitaneously. Furthermore,
local averaging around the image locations is inherently three-
dimensional, in contrast with the two-dimensional averaging
typical for interferometric imaging parametrized on the sur-
face. This increases signal-to-noise ratio and improves random
phase cancellation, although it also increases computational
cost proportionally. Processing with image-space coordinates
is simpler than processing using data-space coordinates be-
cause, after extrapolation, wavefields are simpler since wave
propagation complications have been unraveled in the extrap-
olation process (Stolk and Symes, 2004).

Finally, we note that the proposed method is not an ex-
tension, but an alternative to coherent interferometry. When
assumptions permit, the two methods can be used simultane-
ously in an imaging functional, thus taking advantage of the
best qualities of both approaches.

2 SEISMIC IMAGING CONDITIONS

Conventional seismic imaging methods share the fundamen-
tal assumption of single scattering in the subsurface (Born ap-
proximation). Under this assumption, we can represent waves
recorded at the surface as a convolution of Green’s functions
(G) corresponding to sources on the surface and scattering
points in the subsurface. Assuming an impulsive source, we
can write

P (Xin, 0m) = G (X5,¥m, O ) G (Y, X, Om) )

where P denotes recorded acoustic data at coordinates Xy, Xs
are coordinates of the source, y,, are coordinates of the scatter-
ing points, and ,, is the frequency of the propagating wave.
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ABSTRACT

The fidelity of depth seismic imaging depends on the accuracy of the velocity mod-
els used for wavefield reconstruction. Models can be decomposed in two components
corresponding to large scale and small scale variations. In practice, the large scale
velocity model component can be estimated with high accuracy using repeated migra-
tion/tomography cycles, but the small scale component cannot. Therefore, wavefield
reconstruction does not completely describe the recorded data and migrated images
are perturbed by artifacts.

There are two possible ways to address this problem: improve wavefield reconstruction
by estimating more accurate velocity models and image using conventional techniques
(e.g. wavefield cross-correlation), or reconstruct wavefields with conventional methods
using the known smooth velocity model, and improve the imaging condition to allevi-
ate the artifacts caused by the imprecise reconstruction, as suggested in this paper.

In this paper, the unknown component of the velocity model is described as a random
function with local spatial correlations. Imaging data perturbed by such random varia-
tions is characterized by statistical instability, i.e. various wavefield components image
at wrong locations that depend on the actual realization of the random model. Statis-
tical stability can be achieved by local wavefield averaging either in spatial windows
defined in the vicinity of the data acquisition locations, or in local windows defined in
the vicinity of image points. We use the latter approach and show that the technique
is effective in attenuating imaging artifacts without being hampered by some of the
limitations of data-space alternatives.

Key words: imaging, interferometry, random media

1 INTRODUCTION

Seismic imaging in complex media requires accurate knowl-
edge of the medium velocity. Assuming single scattering,
imaging requires propagation of the recorded wavefields from
the acquisition surface, followed by the application of an imag-
ing condition highlighting locations where scattering occurs,
i.e. where reflectors are present.

The main requirement for good-quality imaging is accu-
rate knowledge of the velocity model. Errors in the model used
for imaging lead to inaccurate reconstruction of the seismic
wavefields and to distortions of the migrated images. In a re-
alistic seismic experiment the velocity model is not known ex-
actly. Migration velocity analysis produces large scale approx-
imations of the model, but fine scale variations remain elusive.
For example, when geology includes complicated stratigraphic
structures, the rapid velocity variations on the scale of the

seismic wavelength and smaller cannot be estimated correctly.
Therefore, even if the broad kinematics of the seismic wave-
fields are reconstructed correctly, the extrapolated wavefields
also contain distortions that lead to image artifacts obstructing
the image of the geologic structure under consideration. While
it is certainly true that even the recovery of a long-wave back-
ground may prove to be a challenge in some circumstances, we
do not attempt to address that issue in this paper. Instead, we
concentrate solely on the problem of dealing with the effect of
a small scale random variations.

There are two ways in which we can approach this prob-
lem:

o The first option is to improve the velocity analysis meth-
ods to estimate the small-scale variations in the model. Such
techniques take advantage of all information contained in seis-
mic wavefields and are not limited to kinematic information of



Relation (1) can be written in an equivalent form using time
instead of frequency variables, but for simplicity we use the
frequency-domain notation throughout this paper. The Green’s
function G characterizes data propagation in the real medium
of velocity v.

Imaging with recorded data P (x,,,®,,) is a two-step pro-
cedure:

e The first step consists of extrapolation of source and re-
ceiver wavefields from the recording surface to image loca-
tions. The source wavefield corresponds to simulated waves
propagating forward in time from the source location x;, and
the receiver wavefield corresponds to waves propagating back-
ward in time from recording locations x,,.

e The second step consists of an imaging condition eval-
uating whether the two extrapolated wavefields match kine-
matically, which indicates whether a reflector is present in the
medium.

Wavefield extrapolation and imaging can be implemented
in different space and time domains, for example downward
continuation with the one-way wave-equation implemented in
frequency-wavenumber, frequency-space or mixed domains,
or wavefield extrapolation with the two-way wave-equation
in time-space, etc. Wavefield extrapolation can also be per-
formed using Kirchhoff integral methods followed by con-
ventional imaging. However, the actual extrapolation method
is irrelevant for the discussion in this paper. For simplicity,
we represent wavefield extrapolation with Green’s functions
in the frequency-domain, although our examples use time-
domain two-way finite-difference solutions to the acoustic
wave-equation, process typically known as reverse-time mi-
gration (Kosloff and Baysal, 1983). Any other implementation
of Green’s functions can be substituted in our discussion with
no change to the conclusions.

In real imaging projects, the actual velocity medium is
not known in detail, therefore the known velocity model rep-
resents a smooth version of the real model. This smooth model
does not incorporate rapid variations of the velocity at scales
comparable with or smaller than the seismic wavelength. In
this paper, we represent the real model with random variations
by symbol v(x,y,z), and the approximate (possibly smooth)
model by symbol vy (x,y,2).

When reconstructing wavefields in seismic imaging, we
compute Green’s functions connecting points on the acquisi-
tion surface with image points in the subsurface. We use the
symbol Gy to denote Green’s functions computed in the ap-
proximate medium of velocity vg, in contrast with the symbol
G which denotes Green’s functions representing wave propa-
gation in the real medium of velocity v.

Using these notations and assuming an impulsive source
function, the source wavefield reconstructed during imaging
by propagation forward in time from the source position is
represented as Gg (Xs,Ym, @), and the receiver wavefield re-
constructed by propagation backward in time from the receiver
positions is represented as P (Xpy, W) Go (Y, Xm, 0 ), Where
the over-line represents complex conjugation for propagation
backward in time.
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2.1 Conventional imaging condition

The conventional way of implementing the imaging condition
for wave-equation migration involves cross-correlation of the
source and receiver wavefields, often referred to as the UD
imaging condition (Claerbout, 1985), where D and U stand
for downward and upward propagating wavefields. The image
I is evaluated using the relation

I(Ym) = /dmln /dxm
Wy Xom

Go (XS,YIm“)m)P(xm:(')m)GO (yMaxm,mm) - 2)

This imaging condition evaluates the match between source
and receiver wavefields reconstructed throughout the medium.
Maximum energy at zero temporal cross-correlation lag, com-
puted by summation over temporal frequency, indicates the
presence of reflectors. Here and for the rest of the paper,
summation over multiple seismic experiments (sources) is as-
sumed.

The propagation geometry of the imaging condition (2)
is summarized in figure 1(a): source waves are propagated for-
ward in time from the source at x; to the scatterer location y,,,
and receiver waves are propagated backward in time from the
receiver coordinates x,, to the scatterer location y,,.

The assumption made in this model is that the Green’s
functions used for reconstruction are accurate representations
of the Green’s functions describing wave propagation in the
real medium. However, for the case of media with random
velocity fluctuations, vp is a smooth velocity approximating
v. Thus, although the general kinematics of wave propagation
are accurately described by vy, the velocity fluctuations induce
perturbations of the wavefield leading to imaging artifacts.

For illustration of those imaging artifacts, consider the
numerical modeling in figures 3(a)-3(f). Figures 3(a)-3(e), de-
pict in the background the velocity smooth model vg, and fig-
ures 3(b)-3(f) depict in the background the velocity real model
v. Overlayed are the seismic wavefields for a point source on
the surface at x = 600 m which generates secondary waves
from 3 scatterers represented in the figures around x = 600 m
and z = 700 m. Panels (b) and (d) simulate Green’s functions
in the real model with random fluctuations, and panels (a) and
(c) simulate the reconstructed Green’s functions in the smooth
model. Top row panels correspond to an early time prior to
the source wavefield interacting with the scatterers, and the
bottom row corresponds to a later time and depicts scattered
wavefields from the imaging targets. Figures 4(a)-4(b) show
the recorded data on the acquisition surface. For the case of
media with random fluctuations, we observe that the wave-
fronts for the scattered wavefields resemble the corresponding
wavefronts in the smooth media. Since we are imaging with
the smooth velocity, these wavefronts are the only contribu-
tions of the recorded data to the image. The random fluctu-
ations (time delays) incorporated in those wavefields are not
compensated in the imaging process and lead to artifacts.
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The main question we address here is: what is the impact of migrating data simulated in the random model depicted in
figures 3(b)-3(f) with the smooth model depicted in figures 3(a)-3(e)?

o Figure 5(a) shows the result of migrating with smooth velocity vy data simulated with the same velocity vg. Panel 5(c) depicts a
zoom on the image in figure 5(a). The images show well-focused diffractors and typical truncation artifacts produced by the limited
acquisition on the surface.

¢ Figure 5(b) shows the result of migrating with smooth velocity vy data simulated with the random velocity v. Panel 5(d) depicts
a zoom on the image in figure 5(b). The images show the 3 diffractors and the truncation artifacts, together with many other artifacts
caused by imaging with an incorrect velocity vg.

Suppressing artifacts exemplified by figures 5(b) and 5(d) is the focus of this paper. If imaging targets correspond to stratig-
raphy characterized by finely-spaced reflectors, the artifacts caused by random velocity variation can obscure valuable information
and hinder geologic interpretation.

2.2 Coherent interferometry

One way of addressing the problem of imaging in models with random fluctuations involves statistical stabilization using phase
compensation in windows localized in time and space (Papanicolaou et al., 2004; Fouque et al., 2005). The idea is that small
wavefield fluctuations caused by random perturbations of the velocity model are incoherent spatially and temporally and cancel-out
by local cross-correlation and averaging.

The idea of statistical stability for imaging in random media is exploited by the technique called coherent interferometric
imaging (Borcea et al., 2006b). The main idea of this method is to reduce the delay spread caused by the random fluctuations of
the medium using averages of local cross-correlations between nearby traces on the acquisition surface. It has been shown that
interferometric imaging methods are capable of reducing imaging artifacts and statistically stabilizing the image by averaging
locally in space and time (or frequency) the fluctuations caused by the random variations of the medium.

When constructing an imaging functional, the emulated source wavefield reconstructed with the help of the smooth velocity
vg contains no random fluctuations, and thus requires no stabilization. All random fluctuations are contained through the recorded
data to the receiver wavefield. The latter then requires averaging using interferograms localized in space and time, but the former
does not. The modified imaging functional takes the form

I(ym) = / deom / doy, / dXon / dxy
O <02 Rm xal<X/2

Go (X5, Ym, O — @) (P(xm — Xpy W — @) Go (Ym Xm — Xpy O — wh))

Go (X5, Ym, Om + @) (P(xm +Xp, Om +04) Go (Y X + Xpp, O +(D,,)) y 3

where x;, represents a 2D summation variable on the acquisition surface. For seismic experiments without an active source (explod-
ing reflector experiments), the equivalent imaging functional is

I(ym) = / deon / doy, / % / dx,
On  |el0/2 m l<X/2

P (X — X, O — @) Go (Xin — Xp, Y, O — @)

P (X + Xp, O + 0 ) Go (Xin + Xy, Y, O + 0p) - “

The relation P (X, — Xp, 0 — 0f) Go (Yims Xm — Xp, O — @) Tepresents data at position x,, — X, relocated to the image location
¥m, and the relation P (Xp; + Xp, O + @p) Go (Ym, Xm + Xp, 0 + 0) represents data at position x,, + Xy, relocated to the image
location y,, using Green’s functions computed in the smooth medium. Cross-correlation occurs at image location y,, and the
propagation geometry from the acquisition surface is schematically depicted in figure 1(b). An image is formed by summation of
all interferograms computed around image points from data located on the surface within the decoherence length X. We do not need
to worry in this implementation about loss of depth (range) resolution since the statistical stability is achieved by cross-correlation
and averaging at the image locations from data reconstructed from all points on the acquisition surface.

2.3 Interferometric imaging condition (IIC)

We can also approach the coherent imaging problem in an alternative way: rather than correlating data on the acquisition surface,
we can reconstruct wavefields at all locations in the imaging volume from all locations on the acquisition surface and suppress the
random fluctuations in the wavefield by local cross-correlations in small windows around the image point.
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Image-space processing as an alternative to data-space processing has been employed in other seismic data processing contexts,
for example for imaging passive seismic data (Artman, 2006) or for predicting multiple after wavefield extrapolation (Artman et al.,
2007). Here we use a similar idea to attenuating artifacts caused by inaccurate knowledge of velocity during wavefield extrapolation.

For coherent imaging after extrapolation, we can define another decoherence length around an image point Y, which is anal-
ogous to the decoherence length defined on the acquisition surface X. The imaging functional corresponding to this case can be
written analogously to the one in equation (3) as

I(ym) = /d(x),,, / day, / dyy
O s} <2/2 lysl<Y/2

Go (Xs5,Ym — Yh, Om "‘mh)/dxm P (X, @ — @4) Go (X, Y — Y1, Om — @p)
Xm

Go (x:>YIn+)'Ixamln+mh)/dxm P (Xp, O + @) Go (Xns Yim + Vi, O + @) o)

Xm

where y, represents a 3D summation variable around the image point. For seismic experiments without an active source (exploding
reflector experiment), the equivalent imaging functional is

Iym) = / deom / doy / dy,
O los<Q/2 lysl<Y /2

/dxm P (X, O — @) Go (Xin, Y — Y, Om — @)

Xin

/dxm P (X, O + @) Go (Xn, Y + Y, Om + @) - (6)

Xim

The relation P (Xpy, 0 — ) Go (Ym — i, Xm, O — @) represents data at position x,, relocated to the image location y,, — yy,
and the relation P (X, @y, + ) Go (Ym + Y, Xm, ©m + O ) represents data at position x,, relocated to the image location y,, + yj.
Cross-correlation occurs around image location y,, and the propagation geometry from the acquisition surface is schematically
depicted in figure 1(c).

The imaging procedure described by equation (5) exploits two main ideas:

o The first idea is that of extended imaging conditions (Rickett and Sava, 2002; Sava and Fomel, 2006) where multiple space
and time lags of the source-receiver wavefield cross-correlation are evaluated. In particular, yy, is interpreted as a 3D spatial lag of
the cross-correlation between the reconstructed source and receiver wavefields. This lag can be used for decomposition of images
function of scattering angles (Sava and Fomel, 2003; Fomel, 2004; Biondi and Symes, 2004; Sava and Fomel, 2005). Here, we use
Y5 as a summation variable during averaging around image locations.

e The second idea is that we can achieve statistical stability in random media by space and time averaging of wavefield cross-
correlations in local windows (Papanicolaou et al., 2004; Fouque et al., 2005). We exploit this idea similarly to the way it is used
by (Borcea et al., 2006b) for coherent interferometric imaging in clutter. The local averaging variable yj is similar to the local
averaging variable xj,, except that y,, is defined in the image space, around particular image points. Unlike x;, which is a 2D quantity
defined on the acquisition surface, yj, is a 3D quantity defined in a volume around the image point location. Unlike x;, which requires
close spacing on the acquisition surface, yj, is defined around image locations and, assuming media with rapid fluctuations that do
not introduce large kinematic differences, does not require special sampling assumptions.

Thus, we can describe the imaging method summarized by equation (5) by the name interferometric imaging condition, since it acts
similarly to the conventional imaging condition, but with robustness with respect to random fluctuations due to local interferometric
averaging in windows around image locations.

Using the interferometric imaging functional defined in equation (5) on the simple example described earlier, we obtain the
images depicted in figures 6(b) and 6(d). For comparison, figures 5(b) and 5(d) show the equivalent images obtained using the
conventional imaging condition defined in equation (2). The images obtained by interferometric imaging show a reduction of the
imaging artifacts surrounding the 3 diffractors despite the fact that imaging was performed using a smooth approximation of the
random medium.

Even more generally, we can write the interferometric imaging functional by imposing noise cancellation both on the acquisi-
tion surface and around the image points. In this case, imaging is performed using a relation like

1ow) = [don [ don [ ay [ an
On lon|<Q/2 lysl<Y/2 |xs|<X /2
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Figure 1. Schematic description of propagation and imaging geometry for various imaging functionals: (a) imaging using equation (2), {b) imaging

using equation (3), and (c) imaging using equation (5). Quantity x; represents a 1D projection of the 2D averaging variable on the acquisition
surface, and quantity y, represents a 1D projection of the 3D averaging variable around image points.
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Figure 2. Random velocity model (a) and imaging target located around x = 600 m and z = 700 m (b).

Go (Xs,Ym — Yh, O — @) /dxm P (X — Xpy, O — 04) Go (Xm — X, Y — Yiry Om — Op)
Xin

Xm

Go (X5, Ym + Yn Om +mh)/dxm P (X + Xpy, O + 04) Go (Xin + X1, Y -+ Yi, O + @p) .

O]
For seismic experiments without an active source (exploding reflector experiment), the equivalent imaging functional is
I(ym) = /d(x),,, dwy, dxy, dyy
Om o </2 Ixnl<X/2 lysl<¥ /2
/dxm P (Xim — Xp, Om — @) Go (Xm = Xp, Ym — Vi) Om — ©p)
Xm

Xm

/dxm P (X +Xp, O + ©3) Go (Xm + X, Y + Y, O + @)

®

The relation P (X, — Xp, @ — ©p) Go (Ym — Yhs Xm — X, 0 — ©,) represents data at position x,, — x;, relocated to the image location

¥Ym — ¥i, and the relation P(Xm +Xp, Wy — (D,,) Go (ym + ¥n,Xm + X, 0 + wh) represents data at position x,, +x relocated to the
image location y,, + yp.
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Figure 3. Wavefields simulated in the smooth background velocity vg, panels (a) and (c) and in the random velocity v, panels (b) and (d).

2.4 Comparison of imaging functionals

At first glance, the imaging functionals (3) and (5) look similar in shape and imaging properties. However, from a practical point of
view, the two imaging functionals are fundamentally different:

o Imaging functional (3) achieves statistical stability by cross-correlating and averaging wavefields parametrized function
of the location of receivers on the acquisition surface. In this functional, the wavefields subject to cross-correlation are
P (X — Xp, Wy — 0) Go (Ym, Xm — Xp, O — ©p) and P (Xpy + Xp, Opy + 0O ) Go (Ym, Xm + Xpy, O + @ ). This operation requires that
we reconstruct wavefields at all image locations y,, for every receiver location on the acquisition surface x,,, for every experiment.
This requires to construct solutions of the wave-equation for every trace on the surface acting as an independent source (number of
X receivers solutions to the acoustic wave-equation), which is an impractical operation in complex media.
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Figure 4. Data recorded for the smooth velocity model, panel (a), and for the model with random velocity variations, panel (b).

o Imaging functional (5) achieves statistical stability by cross-correlating and averaging wavefields parametrized function of the
image location. In this functional, the wavefields subject to cross-correlation are [ dx,; P (Xp, @ — O4) Go (X Yom — Y, Om — ©p)
X

and [ dxp P (X;n, O + @) Go (X, Ym + Y1, O + ). This operation requires that we reconstruct wavefields at all image locations
Xm

ym for all receiver locations on the surface x,, for every experiment. The cost associated with this operation is comparable with
the cost of conventional imaging. This requires to construct solutions of the wave-equation for all trace on the surface acting as
simultaneous sources (one solution to the acoustic wave-equation), which is an affordable operation in complex media.

3 STATISTICAL STABILITY

The interferometric imaging condition described in the preceding section is used to reduce imaging artifacts by attenuating the
incoherent energy corresponding to velocity errors, as illustrated in figures 5(d) and 6(d). The random model used for this example
corresponds to the weak fluctuation regime, as explained in Appendix A (characteristic wavelength of similar scale with the random
fluctuations in the medium and fluctuations with small magnitude).

By statistical instability we mean that images obtained for different realizations of random models with the identical statistics
are different. Figures 7(a)-7(d) illustrate data modeled for different realizations of the random model in figures 3(a)-3(f). The general
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Figure 5. Images produced using the conventional imaging condition. Panels (a) and (c) correspond to modeling and imaging in the smooth known
velocity model vy, and panels (b) and (d) correspond to modeling using the random velocity model v and imaging using the smooth velocity model
vp. Panels (c) and (d) depict enlarged versions of the images shown in panels (a) and (b), respectively.

kinematics of the data are the same, but subtle differences exist between the various dataset due to the random model variations.
Migration using conventional imaging condition leads to the images in figures 7(e)-7(h) which also show variations from realization
to realization. In contrast, figures 7(i)-7(1) show images obtained by the interferometric imaging condition which are more similar
to one-another since many of the spurious artifacts have been attenuated.

In typical seismic imaging problems, we cannot ensure that random velocity fluctuations are small (e.g. ¢ < 5%). It is desirable
that imaging remains statistically stable even in cases when velocity varies with larger magnitude. We investigate the statistical
properties of the imaging functional in equation (6) using numeric experiments similar to the one used earlier. We describe the
random noise present in the velocity models using the following parameters explained in Appendix A:

e Seismic spatial wavelength A =20 m.

o Wavelet central frequency ® = 150 Hz.

o Background velocity: vo = 3000+k z m/s (k = Is~h.
e Random fluctuations parameters: r, =8, r. =8, a = 2.
e Random noise magnitude ¢ between 0% and 80%.

This numeric experiment simulates a situation that mixes the theoretical regimes explained in Appendix A: random model fluctua-
tions of comparable scale with the seismic wavelength lead to destruction of the wavefronts, as suggested by the “weak fluctuations”
regime; large magnitude of the random noise leads to diffusion of the wavefronts, as suggested by the “diffusion approximation”
regime. This combination of parameters could be regarded as a worst-case-scenario from a theoretical standpoint.

Figures 8(a)-8(d) show data sets modeled in models similar to the one in figure 3(b), but where the random noise component
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Figure 6. Images produced using the interferometric imaging condition. Panels (a) and (c) correspond to modeling and imaging with the smooth
and known velocity model vg, while panels (b) and (d) correspond to modeling using the random velocity model v and imaging using the smooth
velocity model vg. Panels (c) and (d) depict enlarged versions of the images shown in panels (a) and (b), respectively.

of the model is described by 6 = 0,15,30,45%, respectively. As expected, the wavefronts recorded at the surface are increasingly
distorted to the point where some of the later arrival are not even visible in the data.

Migration using conventional imaging condition leads to the images in figures 8(¢)-8(h). As expected, the images show stronger
artifacts due to the larger defocusing caused by the unknown random fluctuations in the model. However, migration using the
interferometric imaging condition leads to the images in figures 8(i)-8(l). Artifacts are significantly reduced and the images are
much better focused. While a complete theoretical study of the proposed functional remains to be done, the numerical results
confirm its efficiency in complicated imaging regimes. This theoretical analysis falls outside the scope of this paper and remains
subject for future investigation.

4 IMAGING EXAMPLES

There are many potential applications for this interferometric imaging functional. The application we concentrate on in this paper
refers to imaging complex stratigraphy through a medium characterized by random variation. Accurate imaging in this situation
requires velocity models that incorporate all random velocity variations. However, practical migration velocity analysis does not
produce models of this level of accuracy, but approximates them with smooth, large-scale fluctuations one order of . magnitude larger
than that of the typical seismic wavelength. Here, we study the impact of the unknown (random) component of the velocity model
on the images and whether interferometric imaging increases the image statistical stability.

For all our examples, we extrapolate wavefields using time-domain finite-differences both for modeling and for migration.
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Figure 7. Ilustration of statistical stability for the interferometric imaging condition in presence of random model variations. Data modeled with
velocity with random variations with magnitude ¢ = 20%, for different realizations of the noise model #. Images obtained by conventional imaging
(e)-(h) and images obtained by interferometric imaging (i)-(1).

Thus, we simulate a reverse-time imaging procedure, although the theoretical results derived in this paper apply equally well to
other wavefield reconstruction techniques, e.g. downward continuation, Kirchhoff integral methods, etc.
The parameters used in our examples, explained in Appendix A, are:

seismic spatial wavelength A =20 m,

wavelet central frequency ® = 150 Hz,

background velocity: v = 3000+ k z m/s (k = 15~ 1),

random fluctuations parameters: r, = 30, r, =5, @ =2, and
random velocity v constructed from the background velocity vp.

Consider the model depicted in figures 10(a)-10(f). As in the preceding example, the left panels depict the known smooth
velocity vg, and the right panels depict the model with random variations. The imaging target is represented by the oblique lines,
figure 9(b), located around z = 700 m, which simulate a cross-section of a complex stratigraphic model (e.g. meandering channels).

We model data with random velocity and image using the smooth model. Figures 10(a)-10(f) show wavefield snapshots in
the two models for different propagation times, one before the source wavefields interact with the target reflectors and one after
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Figure 8. Illustration of interferometric imaging condition robustness in presence of random model variations. Data modeled with velocity with
random variations with magnitude 6 = 0% (a), 6 = 15% (b), 6 = 30% (c), and ¢ = 45% (d). Images obtained by conventional imaging (e)-(h) and
images obtained by interferometric imaging (i)-(1).

this interaction. Figures 11(a) and 11(b) show the corresponding recorded data on the acquisition surface located at z = A, where A
represents the wavelength of the source pulse.

Migration with conventional imaging condition of the data simulated in the smooth model using the smooth velocity produces
the images in figures 12(a)-12(c). The targets are well imaged, although the image also shows artifacts due to truncation of the
data on the acquisition surface. In contrast, migration with the conventional imaging condition of the data simulated in the random
model using the smooth velocity produces the images in figures 12(b)-12(d). Those images are distorted by the random variations in
the model that are not accounted for in the smooth migration velocity. The targets are hard to discern since they overlap with many
truncation and defocusing artifacts caused by the inaccurate migration velocity. Finally, figures 13(a)-13(c) show the migrated
images for the same situation as the one depicted in figures 12(a)-12(c), except that migration uses the interferometric imaging
condition from equation (5). In this situation, since we are using the same model for modeling and migration, the interferometric
imaging condition is not expected to change the image much. Interestingly, some of the truncation artifacts are attenuated, but
otherwise the images are similar and the targets are easy to identify. Similarly, figures 13(b)-13(d) show the migrated images
for the same situation as the one depicted in figures 12(b)-12(d), with migration using the interferometric imaging condition in



Interferometric imaging condition 13

m)
700 600 ©00 1000 1100 1200 0 100 200 300 400
-]

position {m)
600 600 700

position (i
600 800 900 1000 1100 1200

0 100 200 300 400
©

depth (m)

800 700 600 600

IS

(a) (b)

Figure 9. Random velocity model (a) and imaging target located around z = 700 m (b).

equation (5). Many of the artifacts caused by the inaccurate velocity model are suppressed and the imaging targets are more clearly
visible and easier to interpret. Furthermore, the general patterns of amplitude variation along the imaged reflectors are similar
between figures 12(d) and 13(d). We note that the reflectors are not as well imaged as the ones obtained when the velocity is
perfectly known. This is because the interferometric imaging condition described in this paper does not correct kinematic errors
due to inaccurate velocity. It only acts on the extrapolated wavefields to reduce wavefield incoherency and add statistical stability
to the imaging process. Further extensions to the interferometric imaging condition can improve focusing and enhance the images
by correcting wavefields prior to imaging. However, this topic falls outside the scope of this paper and we do not elaborate on it
further.

5 DISCUSSION

The interferometric imaging conditions defined by equations (5) or (7) represent extensions of conventional cross-correlation imag-
ing conditions. Statistical stability in presence of model random variations is achieved by averaging in local windows in space and
time. The computational cost of interferometric imaging condition is proportional to the number of samples in the image multiplied
by the number of cross-correlation lags involved in the local space and time averaging, i.e. the size of the image times the sizes
of the decoherence length and time. When the size of the decoherence windows is reduced to zero, the interferometric imaging
condition becomes similar to the conventional autocorrelation imaging condition with identical properties and implementation cost.

As indicated earlier, the actual method used for wavefield reconstruction is not relevant for our discussion about this imaging
condition. Any type of wavefield extrapolation can be substituted when reconstructing Green’s functions in the velocity model
without random variation. Thus, this form of imaging condition can be applied equally well to migration by downward continuation
using space, wavenumber or mixed space-wavenumber extrapolation, reverse-time migration or Kirchhoff migration.

Areas of application for interferometric imaging include geologic areas with rapid velocity variations caused by stratigraphic
features unaccounted for in typical velocity analysis or imaging through highly scattering media, e.g. basalt, anhydrite or inhomo-
geneous salt.

6 CONCLUSIONS

Conventional seismic imaging conditions based on wavefield cross-correlations are extended to achieve statistical stability for
models with rapid, small-scale velocity variations. Random velocity variations on a scale comparable with the seismic wavelength
are modeled by correlated Gaussian distributions.

Statistical stability is achieved by local averaging of cross-correlated wavefields at image locations. The proposed interfero-
metric imaging condition is a natural extension of and reduces to the conventional cross-correlation imaging condition when the
averaging window is made infinitely small.

The main characteristic of the method is that it operates on extrapolated wavefields at image positions (thus the name inter-
ferometric imaging condition), in contrast with alternative approaches involving migration of interferograms obtained by local data
cross-correlations on the acquisition surface.
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Figure 10. Wavefields simulated in the smooth background velocity vg, panels (a) and (c) and in the random velocity v, panels (b) and (d).
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7 APPENDIX A
7.1 Noise model

Consider a medium whose behavior is completely defined by the acoustic velocity, i.e. assume that the density p (x,y,z) = po is
constant and the velocity v(x,y,z) fluctuates around a homogenized value vp (x,y,z) according to the relation

1 _L+om(x,y,2)
v(oyz) Vi)

where the parameter m characterizes the type of random fluctuations present in the velocity model, and ¢ denotes their strength.
Consider the covariance orientation vectors

a = (anaya) €R® (A-2)
(bxby,b;) " € R? (A-3)

(A-1)

Cy
I
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Figure 13. Images produced using the interferometric imaging condition. Panels (a) and (c) correspond to modeling and imaging with the smooth
and known velocity model vy, while panels (b) and (d) correspond to modeling using the random velocity model v and imaging using the smooth
velocity model vg. Panels (c) and (d) depict enlarged versions of the images shown in panels (a) and (b), respectively.

¢ = (cnope) €R? (A-4)

defining a coordinate system of arbitrary orientation in space. Let r4,rp,r: > 0 be the covariance range parameters in the directions
of a,b and ¢, respectively.
We define a covariance function

cov(x,y,z) = exp[~I* (x,y,2)] , (A-5)

where o € [0,2] is a distribution shape parameter and

2 2 2
= (5 + (5 + ()

is the distance from a point at coordinates r = (x, y,z) to the origin in the coordinate system defined by {ra,ryb, rcc}.
Given the IID Gaussian noise field n (x, y,z), we obtain the random noise m (x, y,z) according to the relation

m(x,y,z)=F"! [ €OV (kx, ky, kz) '?(kx,ky,kz)} ; (A-T)

where ky, ky, k, are wavenumbers associated with the spatial coordinates x, y,z, respectively. Here,
éov = Fleov] (A-8)
io= F (A-9)
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are Fourier transforms of the covariance function cov and the noise n, & [] denotes Fourier transform, and % ! [] denotes inverse
Fourier transform. The parameter o controls the visual pattern of the field, and a, b, ¢, 74,73, re control the size and orientation of a
typical random inhomogeneity.

7.2 Wave propagation and scale regimes

Acoustic waves characterized by pressure p (x,y,z,t) propagate according to the second order acoustic wave-equation for constant
density

2
) a0

where F, (1) is a wavelet of characteristic wavelength A.
Given the parameters / (size of inhomogeneities), A (wavelength size), L (propagation distance) and o (noise strength), we can
define several propagation regimes:

o The weak fluctuations regime characterized by waves with wavelength of size comparable to that of typical inhomogeneities
propagating over a medium with small fluctuations to a distance of many wavelengths. This regime is characterized by negligible
back scattering, and the randomness impacts the propagating waves through forward multipathing. The relevant length parameters
are related by

I~A<L, (A-1D)
and the noise strength is assumed small
okl. (A-12)

o The diffusion approximation regime characterized by waves with wavelength much larger than that of typical inhomogeneities
propagate over a medium with strong fluctuations to a distance of many wavelengths. This regime is characterized by traveling
waves that are statistically stable but diffuse with time. Back propagation of such waves in a medium without random fluctuations
results in loss of resolution. The relevant length parameters are related by

l<AKL, (A-13)
and the noise strength is not assumed small
o~1. (A-14)

8 APPENDIXB
8.1 Time-domain implementation

The imaging functional (5) can be implemented in the frequency-domain or in the time-domain. However, the time-domain imple-
mentation is not an exact equivalent of the frequency-domain implementation, but an analog implementation, as explained in this
appendix.

Consider the imaging functional (5) and restrict the analysis to the space variables yp:

I(ym) = /dwm / dyp
Om lyal<¥/2

Go (Xs,Ym — Yn, Om) | dXm P (Xpu, ®m) Go (Xen, Ym — Y, Om)
Xm

Go (xx;YM _YInmm) dXp P(xmymm)GO (xmyym +y1nmm) . (B-1)
Xm
Expression (B-1) can be written equivalently as:
H(ym) = /dwm / dyj, Us (Ym = Yas O )UR (Ym — Yi: Om) Us (Y + Yis O JUR (Yin + Yir, O (B-2)
O lysl<¥/2

where Us (,) represents the source wavefield and U (, ) represents the receiver wavefield reconstructed at various image locations,
Ym = Yh OF Ym + Y-
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If we introduce the notation U (,) = Us(,) Ug(,), then we can write equation (B-2) as
l(ym) = /d(ﬂ,,, / dy, U (y”r - Y/.,OJm)U (ym +¥Yn, On)
Dm lysl<¥/2
where the overline denotes cross-correlation of the wavefields U (, ) at coordinates y,, — yj, and y,, + yj.

The average cross-correlation of U (y,n — Y, ®p) and U (¥, + ¥p, ®y ) can be written in the time domain as

l(ym,T)=/dt / dyp U (Ym —Yit =D U (Ym + ¥yt +1)
o yl<r/2

therefore, the zero cross-correlation time lag imaging condition in the time domain can be written as

l(ym)=/dt / dyn U(Ym =y, 1)U (Ym +yn,t) -
I yal<y /2

We can also achieve higher stability by local time averaging in windows of size T

l(ym)=/d1 /dt / dyp U (Ym = Yast = VU (Ym + Y.t +17) -
o R<T/2 yal<Y /2

19

(B-3)

(B-4)

(B-5)

(B-6)

Expression equation (??) represents an imaging functional for seismic data, since if the windows Y and T reduce to one sample in
space and time, the image is formed by the auto-correlation of the extrapolated wavefields. If the the zero-lag of the cross-correlation
of the source and receiver wavefields maximizes at an image point, the auto-correlation of this function also maximizes at the same

location.
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ABSTRACT

Single-scattering imaging consists of two steps: wavefield extrapolation, whose goal
is to reconstruct source and receiver wavefields from recorded data, and an imaging,
whose goal is to extract from the extrapolated wavefields the locations where reflec-
tors occur. Conventionally, the imaging condition indicates the presence of reflectors
when the propagation time of reflections in the source and receiver wavefields match.
The main drawback of conventional cross-correlation imaging conditions is that they
ignore the local spatial coherence of reflected events and rely purely on their propaga-
tion time. This leads to interference (cross-talk) between unrelated events that occur
at the same time. Sources of cross-talk include seismic events corresponding to differ-
ent seismic experiments, seismic events corresponding to different propagation paths,
etc. An alternative imaging condition operates on the same extrapolated wavefields,
but cross-correlation takes place in a higher-dimensional domain where seismic events
have been separated based on their local space-time slope. Events are matched based
on two parameters (time and local slope), thus justifying the name “stereographic”
for this imaging condition. Several numeric examples demonstrate that stereographic
imaging attenuates cross-talk and reduces imaging artifacts compared with conven-

tional imaging.

Key words: imaging, wave-equation, cross-talk

1 INTRODUCTION

Seismic depth imaging in complex environments faces many
challenges, mainly related to the large volume of acquired
data, processing difficulties due to incomplete wavefield cov-
erage, inaccurate knowledge of the velocity model, etc. Ac-
curate imaging requires that all components be covered with
sufficient accuracy and manageable cost, both relative to ac-
quisition and processing.

Conventional depth migration consists of two steps:
wavefield extrapolation used to reconstruct the seismic wave-
fields at all locations in the imaging volume from data
recorded at the surface, and imaging used to extract reflectiv-
ity information from wavefields extrapolated from the sources
and receivers.

Accurate imaging requires accurate implementation of
both steps. Recent seismic imaging research places larger em-
phasis on wavefield extrapolation than on imaging. We can
characterize wavefield extrapolation based on the type of nu-
meric solution employed, e.g. differential or integral, or based
on the wave-equation solved. Among the existing wavefield
extrapolation techniques, we can find numeric solutions to the

full acoustic wave-equation, numeric solutions to the one-way
wave-equation, etc. Sustained progress in wavefield extrapola-
tion methodology enables accurate imaging of complex geol-
ogy, e.g. sub-salt.

This paper concentrates on the imaging condition assum-
ing that wavefield extrapolation can be performed by one of
the mentioned techniques with sufficient accuracy. In con-
trast with wavefield extrapolation, the imaging condition used
in standard seismic practice has been largely unchanged for
several decades. Imaging condition is often implemented as
a cross-correlation or deconvolution of source and receiver
wavefields extrapolated from the acquisition surface (Claer-
bout, 1985). The reason for this choice is that conventional
cross-correlation imaging is fast and robust, producing good-
quality images in fairly complex environments.

Conventional imaging condition operates in a simple
way: source and receiver wavefields are probed to determine
the locations in space where they match, i.e. where the travel-
time of events simulated from the source and back-propagated
from the receivers are equal. This is usually achieved by ex-
tracting the zero-lag of the temporal cross-correlation between
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the two wavefields computed at every location in the imaging
volume.

An apparent property of this imaging condition is that it
completely ignores the structure of the analyzed seismic wave-
fields, i.e. the imaging condition does not use the local space-
time coherence of the reflected wavefields. This is a striking
feature, since analysis of space-time kinematic coherence is
one of the most important attributes employed in geophysical
analysis of seismic data. This property, however, is ignored in
conventional imaging.

The consequence of this is that different seismic events
present in the extrapolated wavefields interfere with one-
another leading to artifacts in seismic images. This interfer-
ence, also know as cross-talk, can occur between unrelated
events corresponding to multiple seismic experiments, mul-
tiple branches of the seismic wavefields, multiple reflections
in the subsurface, multiple seismic modes, etc. In all of those
cases, it is possible to identify events that occur at the same
time, although they describe different propagation paths in the
subsurface. As a consequence, such unrelated events appear as
real reflections due to the imaging condition.

This paper presents an extension of the conventional
imaging condition designed to exploit the local space-time co-
herence of extrapolated wavefields. Different seismic events
are matched not only function of propagation time, but also
function of their local coherence attributes, e.g. local slope
measured function of position and time. The consequence is
that events with different propagation paths are distinguished
from one-another, although their propagating time to a given
point in the subsurface may be identical.

The paper is structured as follows: conventional imag-
ing is reviewed in the first part, followed by a description of
the new imaging condition and by several numeric examples
simulating different imaging situations and different levels of
model complexity.

2 EXTENDED IMAGING CONDITION

Under the single scattering (Born) assumption, seismic imag-
ing consists of two components:

o The first component is wavefield extrapolation which rep-
resents a solution to the considered (acoustic) wave-equation
with recorded data as boundary condition. We can con-
sider many different numeric solutions to the acoustic wave-
equation, which are distinguished, for example, by imple-
mentation domain (space-time, frequency-wavenumber, etc.)
or type of numeric solution (differential, integral, etc.). Ir-
respective of numeric implementation, we reconstruct using
wavefield extrapolation two wavefields, one extrapolated from
the source and one extrapolated from the receiver locations.
Those wavefields can be represented as four-dimensional ob-
jects function of position in space x = (x,y,z) and time ¢

Us Us (x,1) n
Ur Ur(x,1) , 2

where Us denotes the source wavefield and Ug denotes the
receiver wavefield.

e The second component is the imaging condition which is
designed to extract from the extrapolated wavefields (Ug and
Up) the locations where reflectors occur in the subsurface.

A conventional imaging condition (Claerbout, 1985) ex-
ploits the similarities between the source and receiver wave-
fields. Thus, an image if formed when the zero-lag of the tem-
poral cross-correlation between Us and Ug maximizes. This
imaging condition can be represented mathematically as

R(X) = [Us (%) Ug (1)t )

where R represents the image function of position x.

This conventional imaging condition uses the match be-
tween source and receiver wavefields Us and Ug along the time
axis, independently at every location in space. Thus, the con-
ventional imaging condition represents a special case of an ex-
tended imaging condition which uses the similarities between
the source and receiver wavefields on all 4 dimensions, space x
and time ¢. More generally, the source and receiver wavefields
are coincident (form an image) if the local cross-correlation
between the source and receiver wavefields maximizes at zero-
lag on all four dimensions. An extended imaging condition
(Sava and Fomel, 2005; Sava and Fomel, 2006) can be formu-
lated mathematically as

R(x,21,27) =/Us(x—l,t—‘t)UR(x+l,t+‘t)dt, )

where 1 and t represent the spatial and temporal cross-
correlation lags between the source and receiver wavefields.
Other extended imaging conditions (Rickett and Sava, 2002;
Biondi and Symes, 2004) represent special cases of the ex-
tended imaging condition corresponding to horizontal 1 =
(Ix,1y,0), or vertical 1 = (0,0,1,) space lags, respectively.

The four-dimensional cross-correlation maximizes at
zero lag if the wavefields are correctly reconstructed, i.e. if the
extrapolation operator is correct, if the velocity model used for
extrapolation is accurate and if the data subject to extrapola-
tion fulfills the single scattering assumption. In this case, we
can extract the image by selecting the zero cross-correlation
lag from the extended imaging condition (4), which is equiva-
lent with the zero cross-correlation lag from the conventional
imaging condition (3).

If the source and receiver wavefields are inaccurately re-
constructed, either because we are using an approximate ex-
trapolation operator (e.g. one-way extrapolator with limited
angular accuracy), or because the velocity used for extrap-
olation is inaccurate, the four-dimensional cross-correlation
does not maximize at zero lag. In this case, part of the cross-
cotrelation energy is smeared over the space and time lags (I
and 1), therefore extended imaging conditions can be used to
evaluate imaging accuracy, for example by decomposition of
reflectivity function of scattering angle at every image location
(Sava and Fomel, 2003; Biondi and Symes, 2004; Sava and
Fomel, 2006). Angle-domain images carry information useful
for migration velocity analysis (Biondi and Sava, 1999; Sava
and Biondi, 2004a; Sava and Biondi, 2004b; Shen et al., 2005),



or for amplitude analysis (Sava et al., 2001), or for attenuation
of multiples (Sava and Guitton, 2005; Artman et al., 2007)

The extended and conventional imaging conditions, rep-
resented in equations (3) and (4), represent the focus of this pa-
per. As discussed above, assuming accurate extrapolation (i.e.
accurate operator and velocity model), those imaging condi-
tions should produce accurate images at zero cross-correlation
lags. However, this conclusion does not always hold true, as
illustrated by the simple models depicted in figures 1(a)-1(d)
and figures 2(a)-2(d).

Figures 1(a) and 1(b) represent a simple model of con-
stant velocity with a horizontal reflector. Data in this model
are simulated from sources triggered simultaneously at coor-
dinates x = 600, 1000, 1200 m. Using the standard imaging
procedure outlined in the preceding paragraphs, we can recon-
struct the source and receiver wavefields, Ug and Ug, and apply
the conventional imaging condition equation (3) to obtain the
image in figure 1(c). The image shows the horizontal reflector
superposed with linear artifacts of comparable strength.

Figures 2(a) and 2(b) represent another simple model of
spatially variable velocity with a horizontal reflector. Data in
this model are simulated from sources located at coordinate
x = 1000 m. The negative Gaussian velocity anomaly present
in the velocity model creates triplications of the source and
receiver wavefields. Using the same standard imaging proce-
dure outlined in the preceding paragraphs, we can reconstruct
the source and receiver wavefields, Ug and Ug, and apply the
conventional imaging condition equation (3) to obtain the im-
age in figure 2(c). The image shows the horizontal reflector
superposed with complex artifacts of comparable strength.

In both cases discussed above, the velocity model is per-
fectly known and the acoustic wave equation is solved with the
same finite-difference operator implemented in the space-time
domain. Therefore, the artifacts are caused only by properties
of the conventional imaging condition used to produce the mi-
grated image and not by inaccuracies of wavefield extrapola-
tion or of the velocity model.

The cause of artifacts is cross-talk between unrelated
events present in the source and receiver wavefields, which are
not supposed to match, For example, cross-talk can occur be-
tween

o wavefields corresponding to multiple sources, as illus-
trated in the example shown in figures 1(a)-1(b),

e multiple branches of a wavefield corresponding to one
source, as illustrate in the example shown in figures 2(a)-2(b),

e events that correspond to multiple reflections in the sub-
surface, or

o multiple wave modes of an elastic wavefield, for example
between PP and PS reflections, etc.

The common cause of cross-talk between unrelated
events is that the conventional imaging condition operates by
matching the source and receiver wavefield only in time, with
no regard for other attributes of the wavefields subject to cross-
correlation. If two events occur at the same position in space
and at the same time, then the conventional imaging condition
produces an event in the image.
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For illustration, consider the wavefields shown in fig-
ures 3(a)-3(c). Panel (a) depicts the source wavefield Us, panel
(b) depicts the receiver wavefield Ug, and panel (c) depicts the
product of the source and receiver wavefields UsUg at depth
z =260 m in the model depicted in figures 1(a)-1(b). Ac-
cording to the conventional imaging condition, the image at
this depth level is formed by summing the product wavefield
shown in figure 3(c) over time. Since there is no reflector, no
image should be formed at this depth. However, the wavefield
product is non-zero, therefore the image at this depth level is
non-zero, leading to non-physical events (artifacts).

This simple analysis illustrates the origin of the cross-talk
artifacts present in the image. Events in the source and receiver
wavefields match in time, although they do not match in slope
measured in the x — ¢ space. This is because the conventional
imaging condition considers only one attribute of the analyzed
wavefields, time, and ignores other attributes, e.g. spatial co-
herence of seismic events as measured by their local slope.

3 STEREOGRAPHIC IMAGING CONDITION

One possibility to remove the artifacts caused by the cross-
talk between unrelated events in the wavefield is to modify
the imaging condition to use more than one attribute to match
events in the source and receiver wavefields. For example, we
could use the time and slope to match events in the wavefield,
thus distinguishing between unrelated events that occur at the
same time.

One way of decomposing the source and receiver wave-
fields function of local slope at every position and time is
by local slant-stacks at coordinates x and ¢ in the four-
dimensional source and receiver wavefields. Thus, we can
write the total source and receiver wavefields (Us and Ug) as a
sum of the decomposed wavefields (Wg and Wg):

Ustx) = [Ws(xps)dp )
Urx) = [Wexp.)dp. ©
Here p represents the local slope function of position and time
(figure 4).

Using the wavefields decomposed function of local slope,
Ws and Wg, we can design a stereographic imaging condition
which is mathematically represented by an expression like

R() = [Ws (x,.0) We (x,p,1)dpds . Q)

The choice of the word “stereographic” for this imaging con-
dition is analogous to the similar choice made for the veloc-
ity estimation method called stereotomography (Billette and
Lambare, 1997; Billette et al., 2003) which also employs two
parameters (time and slope) to constrain traveltime seismic to-
mography.

For comparison with the stereographic imaging condition
(7), we can reformulate the conventional imaging condition
using the wavefield notation (5)-(6) as follows:
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Figure 1. Velocity model (a), reflectivity model (b) and shot locations at x = 600, 1000, 1200 m). Image obtained using the conventional imaging

condition (c) and the stercographic imaging condition (d).

R = | [wsupirap| [ [mexpran]ar. @

The main difference between imaging conditions (7) and (8)
is that in one case we are comparing independent slope com-
ponents of the wavefields separated from one-another, while
in the other case we are comparing a superposition of them,
thus not being able to distinguish between waves propagating
in different directions. This situation is analogous to that of
reflectivity analysis function of scattering angle at image loca-

tions, in contrast with refiectivity analysis function of acquisi-
tion offset at the surface. In the first case, waves propagating
in different directions are separated from one-another, while
in the second case all waves are superposed in the data, thus
leading to imaging artifacts (Stolk and Symes, 2004).

Figure 1(d) shows the image produced by stereographic
imaging of the data generated for the model depicted in fig-
ures 1(a)-1(b), and figure 2(d) shows the similar for the model
depicted in figures 2(a)-2(b). Images 1(d) and 2(d) use the
same source receiver wavefields as images 1(c) and 2(c), re-
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Figure 2. Velocity model (a), reflectivity model (b) and shot location at x = 1000 m). Image obtained using the conventional imaging condition (c)

and the stereographic imaging condition (d).

spectively. In both cases, the cross-talk artifacts have been
eliminated by the stereographic imaging condition.

4 EXAMPLES

The stereographic imaging condition is illustrated with two ex-
amples derived from the Sigsbee 2A dataset (Paffenholz et al.,
2002).

The first model simulates a simple v(z) velocity function

by extracting a vertical profile from the left side of the model
and extending it laterally, figure 5(d). Two shots are simulated
on this model, figures 5(a)-5(b), and a third shot is synthesized
by summing the two shots together, figure 5(c).

Migration with conventional imaging condition of the
three shots produces the images in figures 6(a)-6(c). We can
notice that the two shots independently illuminate different
parts of the model, figures 6(a)-6(b), while the third composite
shot illuminates both sides of the image, figure 6(c). As ex-
pected, however, the image produced by the composite shot is
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Figure 3. Wavefields at depth z = 260 m. Source wavefield Us (a), receiver wavefield Ug (b) and the products of the two UsUg (c).
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Figure 4. Comparison of parameters used for conventional imaging condition (left) and stereographic imaging condition (right).

populated with strong artifacts due to the cross-talk between
the wavefields originating at the two shot locations.

Figure 6(d) shows the image obtained by imaging the
composite shot, figure 5(c), using the stereographic imaging
condition. The image is free of artifacts and shows reflectors
extending over the entire image, as would be expected for il-
lumination from two shots at different locations.

Figures 7(a)-8(d) show a similar example to the one in
figures 5(a)-6(d) for a velocity model with lateral variation.

In this case, too, the conventional imaging condition produces
cross-talk artifacts, figure 8(c), but the stereographic imaging
condition produces an artifact-free image, figure 8(d).

The main difference between the two examples presented
in this section is that, in the second case, the stereographic
imaging condition needs to take into account the local dip of
the image. Wavefield spatial coherence can be measured in re-
flector planes, therefore an analysis similar to the one done in
figures 1(a)-1(d) is not appropriate. Since we cannot know the
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Figure 5. Data corresponding to shots at locations x = 16 kft (a), x = 24 kft (b), and the sum of data for both shots (c). v(z) model extracted from
the Sigsbee 2A model and shot locations at x = 16,24 kft (d).
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shots (c). Image from the sum of the shots located at x = 16 kft and x = 24 kft obtained using the stereographic imaging condition (d).



reflector dip prior to the application of the imaging condition,
we need to loop over a range of possible dip angles and de-
compose the wavefields locally for all possible combinations.

5 DISCUSSION

The stereographic imaging condition (7) operates by decom-
posing extrapolated wavefields in local components with space
and time coherence at every point in the image. The decom-
position method used in this paper involves local slant-stacks
computed in the time-domain, prior to imaging. However,
slant-stacking is not the only possible decomposition in wave-
field components with spatial and temporal coherence. Other
possibilities include decompositions with curvelet transforms
(Candes and Demanet, 2004; Douma and de Hoop, 2004) or
seislet transforms (Fomel, 2006).

The stereographic imaging condition implemented by lo-
cal slant-stacks requires selection of additional parameters,
e.g. size of the slant-stack window, sampling of slant-stack
slopes, slant-stack window tapering etc. Those parameters are
data dependent and a procedure for selection of their optimal
values requires further analysis. In addition, the slant-stack
used in this paper are conventional and not particularly high
resolution. Future improvements of the stereographic imaging
condition include high-resolution slant-stacks which may al-
low for even better separation of events in the extrapolated
wavefields.

The stereographic imaging condition requires local spa-
tial coherence of seismic events. This property holds only for
reflection events and does not apply to, for example, diffracted
events. This property of stereographic imaging can be seen as
positive or negative, depending on the imaging application. In
principle, this property can be exploited to tune the imaging
condition to specific imaging goals, like separation of specu-
lar from non-specular energy.

The implementation cost of stereographic imaging con-
ditions is higher than the cost of conventional imaging con-
ditions, since data are decomposed in a larger domain which
is proportional with the size of the source/receiver wavefields
used for imaging.

Applications of stereographic imaging include many sit-
uations where cross-talk between un-related events hampers
imaging accuracy. For example, we can consider imaging with
multiple shots, imaging with data contaminated by multiples
or converted waves, etc. Despite its higher cost, stereographic
imaging might be advantageous when imaging multiple seis-
mic experiments (shots), thus compensating higher computa-
tional cost by lower acquisition cost due to the smaller number
of field experiments.

6 CONCLUSIONS

Conventional imaging condition based on cross-correlation
of extrapolated wavefields does not take into account the lo-
cal spatial coherence of reflection events. Events are matched
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purely based on their propagation times, which leads to cross-
talk between unrelated events.

The stereographic imaging condition introduced in this
paper operates on seismic wavefields that are first decom-
posed function of their local slope in space and time. Events
are matched based on two parameters (time and local slope),
which separates unrelated events and eliminates cross-talk.
Higher imaging accuracy is achieved at the expense of larger
computational cost.
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Figure 7. Data corresponding to shots at locations x = 16 kft (a), x = 24 kft (b), and the sum of data for both shots (c). v(z) model extracted from
the Sigsbee 2A model and shot locations at x = 16,24 kft (d).
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1 INTRODUCTION

ABSTRACT

Tilted transversely isotropic (TTI) formations cause serious imaging distortions
in active tectonic areas (e.g., fold-and-thrust belts) and in subsalt exploration.
Here, we introduce a methodology for P-wave prestack depth imaging in TTI
media that properly accounts for the tilt of the symmetry axis as well as for
spatial velocity variations.

For purposes of migration velocity analysis (MVA}), the model is divided into
blocks with constant values of the anisotropy parameters € and é and linearly
varying symmetry-direction velocity Vpo controlled by the vertical (k,) and
lateral (k) gradients. Since estimation of tilt from P-wave data is generally un-
stable, the symmetry axis is kept orthogonal to the reflectors in all trial velocity
models. It is also assumed that the velocity Vpg is either known at the top of
each block or remains continuous in the vertical direction. The MVA algorithm
estimates the velocity gradients k, and k; and the anisotropy parameters ¢
and 4 in the layer-stripping mode using a generalized version of the method
introduced by Sarkar and Tsvankin for factorized VTT media.

Synthetic tests for several TTI models typical in exploration (a syncline, up-
tilted shale layers near a salt dome, and a bending shale layer) confirm that
if the symmetry-axis direction is fixed, the parameters k., k., ¢, and § can
be resolved from reflection data. It should be emphasized that estimation of €
(with known Vpg) in TTI media requires using nonhyperbolic moveout for long
offsets reaching at least twice the reflector depth. We also demonstrate that
application of VTI processing algorithms to data from TTI media may lead to
significant image distortions and errors in parameter estimation, even when tilt
is moderate (e.g., 20-30°). The ability of our MVA algorithm to separate the
anisotropy parameters from the velocity gradients can be also used in lithology
discrimination and geologic interpretation of seismic data in complex areas.

Key words: transverse isotropy, velocity analysis, tilted symmetry axis,
prestack migration, depth imaging, P-waves

isotropic rock (Dewangan and Tsvankin, 2006a, 2006b).
Serious distortions caused by TTI layers in conventional

Transverse isotropy with a tilted symmetry axis (TTI)
is a model of ten used to describe dipping shale layers in
active tectonic areas such as the Canadian Foothills and
near salt bodies (e.g., Vestrum et al., 1999; Tsvankin,
2005). TTI symmetry can also be created by systems
of parallel dipping fractures embedded in otherwise

(isotropic) seismic imaging are well documented in the
literature (e.g., Isaac and Lawton, 1999; Vestrum et al.,
1999). To properly image targets overlaid by TTI for-
mations, migration algorithms have to be able to handle
the tilt of the symmetry axis, which often varies later-
ally (Vestrum et al.,, 1999; Kumar et al., 2004). Since
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the influence of tilt creates ambiguity in parameter esti-
mation, a major problem in seismic processing for TTI
media is accurate velocity analysis and model building.

P-wave kinematic signatures for tilted transverse
isotropy can be described by the symmetry-direction
velocity Vipo, Thomsen (1986) parameters € and 4, and
two angles responsible for the orientation of the sym-
metry axis. In 2D models treated here, the symmetry
direction is described by the angle v (tilt) with the ver-
tical. Estimation of this parameter set even for a sin-
gle horizontal or dipping TTI layer generally requires
combining P-wave data with mode-converted PS-waves
(Dewangan and Tsvankin, 2006a; 2006b). Inversion of
P-wave reflection traveltimes alone for the TTI param-
eters is generally nonunique, unless NMO ellipses from
reflectors with two different dips are available (Grechka
and Tsvankin, 2000).

For TTI shale layers, the symmetry axis is usually
orthogonal to the layer boundaries, which helps to re-
duce the number of independent parameters and make
velocity analysis more stable. If the dip ¢ of the reflec-
tor is equal to the tilt v, the dip-line P-wave normal-
moveout (NMO) velocity in a homogeneous TTI layer
is described by the isotropic cosine-of-dip dependence
(Tsvankin, 1995; 1997):

Vimo() = Yeme(®) __ Vamo(0)

o - VR,
where p = sin ¢/Vpo is the ray parameter of the zero-
offset ray; note that p can be determined from time
slopes on the zero-offset or stacked section. In some
cases (e.g., for a bending layer), it may be possible to
directly estimate the zero-dip NMO velocity given by

Vamo(0) = Vro V1 + 26. (2)

Then equation 1 can be used to find the vertical velocity
Vpo, which can be substituted into equation 2 to obtain
é. Still, the parameter € even in this simple model re-
mains unconstrained by the P-wave NMO velocity from
the bottom of the layer. Grechka et al. (2001) demon-
strate on physical-modeling data that for relatively sim-
ple models it may be possible to estimate ¢ using the
NMO velocities for reflections from deeper interfaces.
Additional information about the anisotropy pa-
rameters is provided by nonhyperbolic moveout. If the
symmetry axis is orthogonal to the bottom of a TTI
layer, the P-wave quartic moveout coefficient on the dip
line of the reflector is proportional to the anellipticity
parameter 7 = (e—6)/(1+24) (Pech et al., 2003). There-
fore, if 4 has been found by inverting NMO velocities,
nonhyperbolic moveout can be used to constrain e.
These parameter-estimation issues have serious im-
plications for migration velocity analysis (MVA) in TTI
media discussed here. An efficient MVA method for TI
media with a vertical symmetry axis {(VTI) media was
introduced by Sarkar and Tsvankin (2004) who divided
the model into factorized VTI blocks. A medium is

(1)

called factorized if all ratios of the stiffness elements c;;
are constant, which implies that the anisotropy param-
eters are constant as well. The reference velocity (in our
case, Vpo) in factorized models represents an arbitrary
function of the spatial coordinates (Cerveny, 1989). Fac-
torized transverse isotropy with a linear velocity func-
tion Vpo(z, z) is the simplest model that accounts for
both anisotropy and heterogeneity.

Since anisotropy parameters are usually obtained
with a relatively low spatial resolution, neglecting their
variation within factorized blocks does not impair the
quality of the velocity model. Sarkar and Tsvankin
(2003, 2004, 2006) demonstrate on synthetic and field
data that if the velocity Vpo is known at a single point
in each factorized block, the MVA algorithm accurately
estimates the parameters € and 4, as well as the vertical
(k2) and lateral (k) gradients of Vpo. It should be em-
phasized that stable recovery of the parameter ¢ (or 1)
requires using either long-spread data (with the max-
imum offset-to-depth ratio of at least two) or dipping
events.

Here, we extend the MVA algorithm of Sarkar and
Tsvankin (2004) to tilted transversely isotropic media
with the symmetry axis confined to the vertical in-
cidence plane. The model is divided into TTI blocks
with constant values of € and § and a linearly vary-
ing symmetry-direction velocity Vpo. These blocks, how-
ever, are not strictly factorized because the symmetry
axis is kept orthogonal to reflectors, which may have ar-
bitrary shape. As a result, the symmetry-axis direction
and, therefore, the ratios of the stiffnesses ¢;; may vary
within each block. (Note that the stifiness ratios remain
constant in the rotated coordinate system tied to the
symmetry axis.)

We begin by introducing the methodology of Kirch-
hoff prestack depth migration and migration velocity
analysis for TTI media. In particular, we describe the
modifications needed to account for tilt in ray trac-
ing and MVA-based parameter estimation. Then the
method is tested on several typical TTI models that in-
clude dipping anisotropic layers. The velocity-analysis
and imaging results are compared with those obtained
by VTI algorithms to illustrate the need to account for
tilt in anisotropic imaging. We also study the influence
of spreadlength on the errors in the medium parame-
ters and show that parameter ¢ cannot be constrained
without including residual moveout for large (reaching
at least two) offset-to-depth ratios.

2 METHODOLOGY

The migration velocity analysis algorithm of Sarkar and
Tsvankin (2004), designed for piecewise-factorized VTI
media, includes the same two main steps as conventional
MVA in isotropic media (e.g., Liu and Bleistein, 1995).
The first step is Kirchhoff depth migration with a trial
velocity model that creates an image of the subsurface.



After picking reflectors on the migrated section, sem-
blance scanning is used to evaluate the residual move-
out of reflection events on image gathers (often called
“common image gathers” in offset domain). The second
step is a linearized parameter update designed to min-
imize the residual moveout after the next application
of migration. The two steps are iterated until events in
image gathers are sufficiently flat.

In order to estimate the vertical gradient of Vpo,
Sarkar and Tsvankin (2004) use two reflectors located
at different depths in each factorized block. Also, to con-
strain the parameter n (and, therefore, €), the residual
moveout in image gathers is described by the following
nonhyperbolic equation:

4

CEEAON @

where z,, is the migrated depth and & is the half-offset.
The parameters 71 and r2, which quantify the magni-
tude of residual moveout, are estimated by a 2D sem-
blance scan.

To make the modeling and migration algorithms of
Sarkar and Tsvankin (2004) suitable for a medium com-
posed of TTI blocks or layers, we used ray-tracing soft-
ware that can handle an arbitrary tilt of the symmetry
axis (Seismic Unix codes “unif2aniso” and “sukdsyn2d”;
see Alkhalifah, 1995). The model is assumed to be 2D,
with the vertical incidence plane containing the sym-
metry axis and, therefore, the reflector normals. At the
parameter-estimation step, we keep the symmetry axis
orthogonal to the reflectors picked on the trial image
and update the parameters ¢ and § and the gradients
k; and k; of the symmetry-direction velocity Vpo (e,
4, k. and k; are constant within each block). As in the
VTI case, the velocity Vpo either has to be known at one
point in each factorized block or assumed to be contin-
uous in the vertical direction. The MVA is applied in a
layer-stripping mode starting at the top of the model,
with at least two reflectors at different depths analyzed
for each factorized block.

For TTI media with a positive vertical gradient
in Vpo, reflections from steeply dipping interfaces of-
ten arrive at the surface as turning rays (Tsvankin,
1997; 2005). Hence, our algorithm properly accounts for
turning-ray reflections in the computation of the trav-
eltime field used by the migration operator.

22 (h) = 22,(0) + 1k + 72

3 TESTS ON SYNTHETIC DATA

Here, we generate synthetic seismograms and test our
MVA /imaging algorithm on three common geological
models that often include TTI layers: a syncline, a salt
dome flanked by uptilted shale layers, and a bending
shale layer. To conform to our model assumptions, the
symmetry axis is kept orthogonal to the bottom of the
TTI layers.
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Figure 1. Model with a TTI syncline sandwiched between
two isotropic layers. The bold lines mark the layer bound-
aries; the additional reflectors used in MVA are shown by the
thinner lines. The parameters of the TTI layer are Vpg = 2.3
km/s, k; = 0.6 s™!, ky =015, e =01,and § = ~0.1
(n = 0.25). The symmetry axis (marked by the arrows) is
orthogonal to the layer’s bottom; the dips are 30°. The top
layer has Vpg = 1.5 km/s, k; = 1.0 87!, kz = e =d = 0;
for the bottom layer, Vpp = 2.7 km/s, k; = 0.3 5!, and
ks = € = & = 0. The velocity Vpg is specified at the top of
each layer at the 1 km coordinate.

3.1 Syncline model

The first model includes a T'TI syncline with dips of 30°
sandwiched between two isotropic media (Figure 1). The
isotropic layers are vertically heterogeneous but have no
lateral velocity gradient, while the TTI layer is both
vertically and laterally heterogeneous. As required by
the MVA algorithm, each layer contains two reflecting
interfaces, with every second reflector representing the
boundary between layers. Synthetic data generated by
anisotropic ray tracing (see above) consist of 260 shot
gathers with shot and receiver intervals of 25 m and 40
traces per gather.

The section obtained after anisotropic prestack
depth migration using the ray-tracing algorithm men-
tioned above with the true model parameters for all
layers is shown in Figure 2a. The influence of the tilt
of the symmetry axis in the TTI layer is taken into ac-
count during the computation of the traveltime table
by anisotropic ray tracing. Then the same traveltime
table is used for Kirchhoff prestack depth migration. As
expected, all reflectors are well focused and accurately
positioned, and all image gathers in Figure 2b are per-
fectly flat.

3.1.1 TTI velocity analysis and migration

We applied our MVA algorithm for TTI media to 10
image gathers located at horizontal coordinates ranging
from 1.5 km to 5.0 km (Figure 3). Since it is essential to
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Figure 2. (a) True image of the model from Figure 1 ob-
tained by anisotropic prestack depth migration with the cor-
rect medium parameters. (b) The corresponding image gath-
ers in the offset domain at 0.4 km intervals (displayed with
the corresponding midpoints along the x-axis) for each re-
flector.

use nonhyperbolic moveout in parameter estimation for
TTI media (see the introduction), the maximum offset-
to-depth ratio for the bottom of the TTI layer is close
to two. The medium parameters are estimated in the
layer-stripping fashion starting at the surface.

The initial velocity model used in the first iteration
of MVA is homogeneous and isotropic. For the first (top)
layer, the velocity Vpg is assumed to be known at a sin-
gle surface location [Vpo(z = 1 km, z = 0} = 1500 m/s].
This assumption is needed only if this layer is treated
as anisotropic. We also assign the correct value to the
symmetry-direction velocity Vpo at the top of the sec-
ond and third layers. As discussed above, the symmetry
axis in the second layer is kept orthogonal to the layer’s
bottom.

The inverted parameters are close to the true values
in all three layers, and the migrated image (Figure 3a)
is practically indistinguishable from the benchmark sec-
tion in Figure 2. According to the analysis in the intro-
duction, the NMO velocities from the horizontal and
dipping reflectors in the TTI layer constrain the param-
eters Vpo and & (see equations 1 and 2). Although this

result is obtained for a homogeneous TTI medium, it
should remain valid for our heterogeneous model be-
cause we estimate the velocity gradients by using image
gathers at different depths and lateral positions. Also,
we make the parameter estimation more stable by as-
suming that the velocity Vpo is known at the top of
the layer. To resolve ¢, it is necessary to use nonhyper-
bolic moveout on long spreads, which is controlled by
the anellipticity parameter 1 =~ ¢ — 8. Evidently, the rel-
atively large offset-to-depth ratios (up to two) we used
in MVA are sufficient to provide a tight constraint on
€. The influence of spreadlength on the stability of pa-
rameter estimation is analyzed in more detail below.

We also computed the error bars for each parameter
by setting the standard deviation in the picked migrated
depths on selected image gathers to + 5 m. The picking
errors are then substituted in the inversion operator to
find the corresponding standard deviations of the model
parameters (Sarkar and Tsvankin, 2004). This proce-
dure yields relatively small errors of up to £0.02 in all
estimated velocity gradients and anisotropy parameters.

The improvements achieved by the MVA algorithm
in reducing the residual moveout in image gathers is il-
lustrated in Figures 3b-d. After six iterations of MVA
using the first two reflectors, image gathers of events
in the first layer are flat, but there is substantial resid-
ual moveout in the two deeper layers (Figure 3c). Upon
completion of the parameter estimation for all three lay-
ers, image gathers are flat throughout the model (Fig-
ure 3d).

3.1.2 Sensitivity to spreadlength

To quantify the dependence of errors in the medium
parameters on the maximum offset-to-depth ratio, we
repeated MVA for the TTI syncline model with a range
of spreadlengths. As before, the errors were computed
by the algorithm of Sarkar and Tsvankin (2004) for a
+5 m picking error in migrated depths. The increase
in the offset-to-depth ratio (computed for the midpoint
of the dipping reflectors) makes estimation of all pa-
rameters much more stable (Figure 4). The parameters
kz, kz, and & are constrained by NMO velocity, which
can be measured on conventional-length spreads close
to the reflector depth. For that reason, the error curves
for kz, kz, and § show a similar trend and flatten out
for offset-to-depth ratios between unity and 1.5.

In contrast, the error in the parameter ¢ continues
to decrease until the maximum offset reaches two times
the reflector depth, which is in good agreement with the
analytic results discussed above. Indeed, € in our model
is determined from the quartic moveout coefficient (i.e.,
from nonhyperbolic moveout), which is poorly resolved
if the maximum offset-to-depth ratio is smaller than two
(Tsvankin, 2005). Thus, the results in Figure 4 suggest
that for stable estimation of all relevant parameters of
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Figure 3. (a) Final image of the syncline model obtained after MVA and prestack depth migration for TTI media. The
estimated parameters of the first (subsurface) layer are k; = 0.99 s~! and k; = € = § = 0. For the second layer, k; = 0.59 s~1,
kr =0.09 571, € = 0.09, and 6§ = —0.11. For the third layer, k; = 0.29 s~! and kz = € = § = 0. The error for each parameter
varies from £0.01 to £0.02, if the depth picking error is assumed to be +5 m. Image gathers obtained (b) with the initial model
parameters before MVA; (c) after six iterations of MVA for the first two layers; (d) after MVA for all three layers.

TTI media, it is highly desirable to employ offsets twice
as large (or more) as the reflector depth.

3.1.3 Influence of noise

To assess the stability of our MVA and migration algo-
rithms, we added random uncorrelated Gaussian noise
to the synthetic data set for the model from Figure 1.
The signal-to-noise ratio (S/N), measured as the ratio
of the peak signal amplitude to the root-mean-square
(rms) amplitude of the background noise, is close to two;
the frequency bands of the signal and noise are identical
(Figure 5a). The semblance maxima for most events in
the presence of noise become less focused (Figure 5b),
which enhances the tradeoff between the moveout pa-

rameters 1 and 2 in equation 3 (Tsvankin, 2005). How-
ever, since any pair of values (r1, 72} within the inner-
most semblance contour provides nearly the same vari-
ance of migrated depths, this tradeoff does not hamper
the convergence of the MVA algorithm.

On the whole, despite the low S/N ratio, random
noise does not significantly distort the MVA results
(only the error in € is non-negligible). Although the im-
aged reflectors are not as well focused as those on the
noise-free section, they are clearly visible and correctly
positioned (Figure 5c¢).
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Figure 4. Influence of the maximum offset-to-depth ratio on the absolute errors in the parameters k;, kz, €, and 4. The errors
are estimated from the MVA results for the left part of the syncline model in Figure 1.

8.1.4 Errors of VTI-based processing

Since most anisotropic imaging algorithms used in in-
dustry are designed for VTI media, it is important to
evaluate the influence of the tilted symmetry axis on
the quality of the migrated image. The section in Fig-
ure 6 is obtained by setting the tilt in the syncline
to zero, which makes the second layer VTI. Although
the velocity model includes the correct values of ¢ and
4, the dipping reflectors in the TTI layer are strongly
misfocused and somewhat shifted spatially. The image
gathers for these dipping interfaces exhibit significant
residual moveout (Figure 6b), which indicates that the
velocity field is highly inaccurate.

To emulate a complete VTI processing sequence ap-
plied to this model, we repeated migration velocity anal-
ysis, but without allowance for a tilted symmetry axis
(i.e., the MVA code treated the second layer as VTI).
After several iterations of parameter updating, the im-
age gathers are largely flattened, and the image quality
is only marginally inferior to that achieved for the true

model (Figure 7). The parameters k., €, and § of the
second layer, however, are distorted. These errors are
introduced by the MVA algorithm, which has to flatten
image gathers in the TTI layer with the incorrect tilt of
the symmetry axis. It is interesting to note that despite
the distortions in ¢ and &, the best-fit VTI model has
an accurate value of the anellipticity parameter 7.

The ability of the VTI-based algorithm to compen-
sate for the influence of tilt decreases for a larger relative
thickness of the TTI syncline (Figure 8). Because of the
more significant contribution of the interval traveltime
in the TTI layer, the dipping reflectors in Figure 8 are
misfocused and shifted in the vertical direction. Such
artifacts generated by VTI imaging can serve as an in-
dication that the medium immediately above the dis-
torted reflectors may have a tilted symmetry axis. The
quality of the image produced by VTI processing also
decreases for strongly anisotropic T'TI models and larger
magnitudes of the parameters ¢, §, and 7.
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Figure 5. Influence of Gaussian noise on MVA and migration for the model from Figure 1. (a) One of the noise-contaminated
shot gathers (the lateral coordinate is close to 2 km). (b) The semblance scan for the bottom of the TTI layer (the lateral
coordinate is 1.9 km) computed as a function of the moveout coefficients 7, and r2 (equation 3). The maximum semblance is
marked by the star. (¢) The image obtained for the noise-contaminated data set. The estimated parameters of the first layer
are k; = 1.06 s~!, kx = 0.01 s~!, ¢ = —0.01, and § = 0. For the second layer, k; = 0.56 s~ !, kz = 0.11 s~1, € = 0.14, and

& = —0.08. For the third layer, k; = 0.35 s7!, kz = 0.01 s~}

, € = 0.02, and § = —0.02. The errors for each parameter vary from

40.03 to +0.05 under the assumption that the picking error for the noisy data is +20 m.

3.2 Salt-dome model

The next test is performed for a simplified salt model,
which can be considered typical for subsalt exploration
plays. The model includes an isotropic salt dome with
steep flanks overlaid by a TI shale formation. The sym-
metry axis in the shale is vertical directly above the
dome and tilted (orthogonal to the bedding) in the dip-
ping layers on both sides of the salt body (Figure 9).
TTI migration, applied in the same way as for the syn-

cline model using the correct medium parameters, pro-
duces a sharp, accurate image (Figure 10a) with flat
image gathers even at the steep flanks of the salt (Fig-
ure 10b).

8.2.1 Processing using TTI and VTI models

When tilt is properly taken into account by the MVA al-
gorithm, both the dipping reflectors and the salt dome
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Figure 6. (a) Image of the model from Figure 1 obtained
without taking the symmetry-axis tilt in the second layer
into account; the rest of the model parameters are correct.
(b) The corresponding image gathers.

are well focused and properly positioned (Figure 11).
As before, the parameters are estimated in the layer-
stripping mode using the correct values of the velocity
Vpo at the top of each layer. For purposes of MVA, the
shale formation was divided into two blocks along the
vertical axis of the salt dome. Errors in both anisotropy
parameters and velocity gradients are relatively small,
although € is not as well constrained as J. The larger
error in e is expected because, as discussed above,
this parameter does not influence NMO velocity and
is constrained only by nonhyperbolic moveout on long
spreads.

Figure 12 shows the processing results obtained for
a velocity model that does not include tilt and treats
the shale as VTI (the parameters ¢, §, k;, and k. are
correct). The substantial residual moveout in the im-
age gathers for the dipping reflectors and pronounced
image distortions indicate that the influence of tilt for
this model is more significant than that for the syncline
model discussed above.

Similar to the previous example, the VTI imag-
ing result can be improved by deriving the best-fit VTI
model from migration velocity analysis (Figure 13). Al-
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Figure 7. (a) Image of the model from Figure 1 obtained
after applying MVA under the assumption that the second
layer is VTI. The estimated parameters of the second layer
used in the migration are k; = 0.53 s~1, ky = 0.12 3!,
e = 0.15, and § = —0.06 (n = 0.24). (b) The corresponding
image gathers.
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Figure 8. Same as Figure 7a (i.e., the image obtained for the
best-fit VTT model), but the thickness of the TTI layer from
Figure 1 is increased by 200 m. The estimated parameters
are k; = 0.52 s71, ky = 0.12 s7!, ¢ = 0.13, and § = —0.08
(n = 0.26).
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Figure 9. Simplified salt model that includes a salt dome
overlaid by a TI shale formation. The symmetry axis in the
shale (marked by the arrows) is vertical on top of the salt and
orthogonal to the bedding in the uptilted layers, which are
dipping at 30°. The parameters of the shale are Vpg = 2.6
km/s, k; = 0.6 571, kz =0.257!, e = 0.3, and § = 0.15. The
subsurface horizontal layer is isotropic with Vpg = 1.5 km/s,
k: = 1.0 s, and k; = € = § = 0; for the salt dome,
Vpo =4.5km/s, k; =kz =0.1s71,¢=4=0.
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Figure 10. (a) True image of the model from Figure 9 ob-
tained by anisotropic prestack depth migration with the cor-
rect parameters. (b) The corresponding image gathers.
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Figure 11. (a) Final image of the salt model obtained after
MVA and prestack depth migration for TTI media. The esti-
mated parameters of the first subsurface layer are k; = 0.97
s7! and kz = € = § = 0. For the shale layer to the left
of the salt, k; = 0.58 s, kx = 0.19 571, ¢ = 0.34, and
§ = 0.14. To the right of the salt, k. = 0.59 s~1, k, = 0.18
571, € = 0.32, and § = 0.15. For the salt, k; = 0.09 s~1,
kz =0.1 37!, and € = § = 0. The parameters of the left and
right blocks below the shale layer on either side of salt dome
are k; = 0.11, 0.10 571, kx = 0.09, 0.12 571, ¢ = § = 0.0
respectively. The error for each parameter varies from +0.01
to £0.03, if the depth picking error is assumed to be £5 m.
(b) The corresponding image gathers.

though the reflectors inside and below the shale for-
mation are better focused than those in Figure 12, the
flanks of the salt body are somewhat shifted laterally
and look blurry (Figure 13a). Also, the image gathers,
especially those near the salt, are not completely flat-
tened (Figure 13b). Note that the improved image of the
dipping reflectors in Figure 13a is achieved by distort-
ing the parameter § and, to a lesser extent, the velocity
gradients in the shale. Clearly, ignoring the tilt of the
symmetry axis in dipping TI layers in the overburden
may cause serious problems in imaging salt bodies and,
therefore, subsalt reservoirs.
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Figure 12. (a) Image of the model from Figure 9 obtained
without taking the symmetry-axis tilt into account; the rest
of the model parameters are correct. (b) The corresponding
image gathers.

3.3 Bending-layer model

Complex tectonic processes in fold-and-thrust belts,
such as the Canadian Rocky Mountain Foothills, some-
times produce bending shale layers with variable dip.
Here, we process synthetic data generated for a TTI
thrust sheet (Figure 14) fashioned after the physical
model of Leslie and Lawton (1996). This physical-
modeling data set was used by Grechka et al. (2001)
for anisotropic parameter estimation. The algorithm of
Grechka et al. (2001), however, operates only with NMO
velocities measured on conventional spreads and relies
on several simplifying assumptions about the model.
The benchmark image computed for the true model
is shown in Figure 15a. Apart from relatively low am-
plitudes of steeply dipping interfaces due to insufficient
aperture, the reflectors are well focused and positioned,
and all image gathers in Figure 15b are flat. To apply the
MVA algorithm, we divided the thrust sheet into four
blocks with different dips and carried out the parame-
ter estimation separately for each block. As was the case
for the previous two models, the TTI algorithm yields
not only accurate parameter estimates, but also a high-
quality image (Figure 16). If the medium parameters
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Figure 13. (a) Image of the model from Figure 9 obtained
after applying MVA under the assumption that the shale
formation is VTI. The estimated parameters for the shale
layer to the left of the salt are k; = 0.62 s7!, ky = 0.17 s71,
€ = 0.32, and & = 0.12. To the right of the salt, k, = 0.62 571,

> = 0.18 571, e = 0.30, and § = 0.11. (b) The corresponding
image gathers.

(except for the tilt) are assumed to be the same in the
blocks with different dips, there is no need to specify
the symmetry-direction velocity Vpg in the TTI layer.

When MVA does not take tilt into account, all
boundaries in the thrust sheet are poorly focused, with
noticeable artifacts at the points where the interfaces
change dip (Figure 17a). It is interesting that the errors
in the medium parameters produced by the VTI algo-
rithm are relatively minor. Apparently, image gathers
for the thrust sheet (Figure 17b) could not be fattened
by distorting the anisotropy parameters or velocity gra-
dients, as long as the symmetry axis is vertical.

4 DISCUSSION AND CONCLUSIONS

The combination of tilted transverse isotropy and struc-
tural complexity in many important exploration plays
makes it imperative to apply advanced migration veloc-
ity analysis (MVA) methods and prestack depth imag-
ing. Here, we presented an MVA methodology for P-



Distance (km)

KIS M.
. 65°
£o] :
S 4
2 55°
@)
4 300 I

Figure 14. TTI thrust sheet with variable dip for differ-
ent blocks (0°, 30°, 55°, and 65°) and the symmetry axis
(marked by the arrows) orthogonal to the boundaries. Ex-
cept for the symmetry-axis direction, the parameters of all
TTI blocks are the same: Vpo = 2.3 km/s, k, = 0.6 571,
kz = 0.1 57!, € = 0.1, and § = —0.1. The subsurface layer
is thin (60 m) and has Vpg = 1.5 km/s, k; = 1.0 s~1, and
ke = € =48 =0 (i.e., it represents the weathering layer); the
velocity Vpo across the bottom of the layer is continuous.
The medium around the TTI sheet is isotropic with k; = 1.0
s71, and kz = ¢ = 6 = 0. The horizontal layer at the bot-
tom of the model has Vpg = 3.5 km/s, k; = 0.3 s~1, and
k:=e=6=0.

waves in heterogeneous TTI media based on dividing the
model into “quasi-factorized” blocks. The anisotropy
parameters ¢ and § in each block are constant, while
the symmetry-direction velocity Vpo represents a linear
function of the spatial coordinates and is described by
the vertical gradient k., and lateral gradient k.. To re-
duce the uncertainty in parameter estimation, the sym-
metry axis in each block or layer is taken to be orthog-
onal to the reflector at the bottom of the block. Since
reflectors may have arbitrary shape, the symmetry-axis
orientation generally varies in space, which means that
blocks are not fully factorized. (In factorized TI media,
the symmetry-axis direction is fixed.)

Our algorithm represents an extension to TTI me-
dia of the MVA methodology developed by Sarkar and
Tsvankin for vertical transverse isotropy. MVA is com-
bined with Kirchhoff prestack depth migration based
on anisotropic ray tracing for heterogeneous TI media
with arbitrary tilt. Parameter estimation is performed
in the layer-stripping mode starting at the surface, with
the symmetry-direction velocity Vpo either specified at
a single point in each block or assumed to be continuous
in the vertical direction. To estimate the vertical gradi-
ent k., we use image gathers for at least two reflectors
at different depths within each block.

If the velocity Vpo is known, the parameter é in
TTI media with the symmetry axis orthogonal to the re-
flector can be constrained using the NMO velocities for
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Figure 15. (a) True image of the model from Figure 14
obtained by anisotropic prestack depth migration with the
correct parameters. (b) The corresponding image gathers.

either horizontal or dipping events. In contrast to VTI
media, where the parameters 7 and e (with known Vpo)
for some models can be found from dip-dependent NMO
velocity, estimation of these parameters in TTI media
generally requires using nonhyperbolic moveout. In our
MVA algorithm, the residual moveout in long-spread
image gathers is evaluated using the two-parameter non-
hyperbolic equation described by Sarkar and Tsvankin.
We found that sufficiently stable estimation of the pa-
rameter € in TTI media with a fixed symmetry-axis
orientation can be achieved if the offset-to-depth ratio
reaches at least two.

The MVA and migration algorithms were tested
on several typical TTI models including a syncline, a
salt dome with dipping TTI layers on both sides, and
a bending TTI layer (thrust sheet). For all three mod-
els we were able to accurately reconstruct the velocity
gradients k. and k. throughout the medium and the
anisotropy parameters € and § in the TTI blocks. The
migrated sections computed with the estimated veloc-
ity model are practically indistinguishable from the true
images, with good focusing and positioning of reflectors
beneath the TTI formations.

To assess the influence of tilt on image quality, we
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Figure 16. (a) Final image of the thrust model obtained
after MVA and prestack depth migration for T'T'I media. The
parameters were estimated for each block of the thrust sheet
(i.e., for each dip) separately. For the horizontal TTI block
(dip=0°), k; = 0.62 s, ky = 0.11 57!, ¢ = 0.11, and
& = —0.09; for the 30° dip, k. = 0.59 s}, kz = 0.12 571,
€ = 0.09, and § = —0.11; for the 55° dip, k. = 0.58 s~!,
kz = 0.09 s71, ¢ = 0.11, and § = —0.08; for the 65° dip,
k; =0.6238!, ky =0.12 571, e = 0.09, and § = —0.1. For
the horizontal layer beneath the TTI sheet, k, = 0.29 s~1,
kz = € =0, and § = 0.01. The error for each parameter varies
from £0.01 to +0.03, if the depth picking error is assumed
to be £5 m. (b) The corresponding image gathers.

migrated the data with the VTI model (i.e., with zero
tilt) that has the correct values of Vpo, k;, kz, € and
4. Although the tilt in our first two models (the syn-
cline and salt dome) is moderate (30°), setting it to zero
results in significant misfocusing and mispositioning of
reflectors. The inaccuracy of the VTI velocity field also
manifests itself through substantial residual moveout in
image gathers.

In order to emulate a complete VTI processing se-
quence applied to TTI media, we per formed MVA with-
out allowance for a tilted symmetry axis to obtain the
“best-fit” VTI model. The MVA algorithm can achieve
partial flattening of image gathers with the incorrect
tilt, but at the expense of distorting the medium param-
eters, especially € and § (although the value of  remains
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(=]

(b) Midpoint
0 100 200 300
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Figure 17. (a) Image of the model from Figure 14 ob-
tained after applying MVA under the assumption that the
thrust sheet is VTI. The parameters of the horizontal block
(dip=0°) are k; = 0.59 57!, ky = 0.09 s, ¢ = 0.09, and
& = —0.11; for the 30° dip, k. = 0.62 571, kz = 0.11 571,
€ = 0.11, and 6 = —0.09; for the 55° dip, k; = 0.61 s~1,

z = 0.1 571, € =0.13, and § = —0.12; and for the 65° dip,
k; =0.63 571, kz =0.13 57}, ¢ = 0.11, and & = —0.08. (b)
The corresponding image gathers.

accurate). Such artificial adjustments in € and § improve
image quality, although migrated sections typically are
inferior to those generated with the TTI model. Also,
the ability of the VTI-based algorithm to compensate
for the influence of tilt decreases for more complicated
models and TTI layers with relatively large thickness or
strong anisotropy.

On the whole, the MVA methodology introduced
here provides a practical tool for building TTI velocity
models with minimal a priori information. Combined
with prestack depth migration, this MVA algorithm can
be efficiently used to image targets beneath TTI forma-
tions in structurally complex environments.
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ABSTRACT

Geophysical methods can be used to create images of the Earth’s interior that
constitute snapshots at the moment of data acquisition. In many applications,
it is important to measure the temporal change in the subsurface, because
the change is associated with deformation, fluid flow, temperature changes,
or changes in material properties. We present an overview how noninvasive
geophysical methods can be used for this purpose. We focus on monitoring me-
chanical properties, fluid transport, and biogeochemical processes, and present
case studies that illustrate the use of geophysical method for detecting time-
lapse changes in associated properties. The examples include: measuring uplift
of the Earth’s surface, compaction near a producing hydrocarbon reservoir, the
seismic detection of stress changes, monitoring buildings, the detection of fluid
flow along a fault zone, electrical monitoring of fluid infiltration and redox po-
tential, and electrical and seismic monitoring of microbially mediated processes.
An overlying research question in geophysical monitoring concerns the use of
these time-lapse changes, notably the assesment of uncertainty, the combination
of disparate data, and the interface with those who make decisions based on
time-lapse information.

Key words: time-lapse, monitoring, deformation, fluid flow, biogeochemical
processes

1 INTRODUCTION

Monitoring structures and processes in the subsurface
is of increasing importance. The focus of the petroleum
industry has shifted from exploration to monitoring pro-
duction. When tackling environmental problems, espe-
cially those associated with contaminant remediation,
it is essential to monitor the processes in the subsur-
face. Monitoring is routinly performed to assess water
resources quality and quantity. An important compo-
nent in climate change studies is to monitor environ-
mental parameters. Monitoring can be achieved most
easily if it can be carried out in-situ by direct sampling
of the properties of interest. However, for the earth’s

subsurface this is often not feasible because of techni-
cal or economic limitations. Moreover, in-situ measure-
ments often have a much smaller support scale than the
volume of interest, and the presence of measurement
devices used for in-situ measurements may disturb the
properties that one seeks to measure. For these reasons
non-invasive monitoring techniques are increasingly im-
portant.

In this work we present recent developments in
the field of non-invasive geophyiscal monitoring of the
subsurface. Although incomplete, this overview aims to
describe ongoing work in research areas of increasing
complexity. In section 2, we discuss monitoring of me-
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chanical properties of the earth, presenting an example
of monitoring the deformation of the earth’s surface.
In principle, this is a simple, non-invasive, monitoring
problem, but the required accuracy makes it a challeng-
ing problem. Monitoring the mechanical properties of
the subsurface can be achieved with seismic waves. Re-
cent research has shown that one can carry out seismic
imaging with random noise, rather than controlled seis-
mic sources as the source. This offers the opportunity
to continuously monitor the subsurface using ambient
noise. The next level of complexity is to monitor fluid
flow in the subsurface. In section 3 we show evidence of a
fluid pulse that propagates along a fault zone, as inferred
from seismic data, and give an example of monitoring
infiltration processes using the self-potential. Another
challenge is that of monitoring biogeochemical processes
remotely. We treat this problem in section 4, and show
an example how the redox potential in the subsurface
can be inferred from measurements of the self-potential.
We also show an example of a controlled laboratory ex-
periment wherein chemical changes caused by microbial
activity can be monitored with seismic fields and with
induced polarization measurements.

Together, these case studies highlight the potential
that geophysical methods hold for monitoring mechani-
cal, fluid, and biogeochemical processes. Although much
of this reseach is in an early stage of development, the
advances illustrated by these case studies suggest that
further research is warrented.

2 MONITORING MECHANICAL
PROPERTIES

2.1 Monitoring vertical ground motion

The simplest way to monitor changes in the subsurface
is to detect deformation of the earth’s free surface. Al-
though conceptually straightforward, this is technically
challenging because in many applications to be useful
the deformation must be measured with an accuracy
smaller than a centimeter. Geodetic techniques are the
tool of choice. Recent developments in the use of the
Global Positioning System (GPS) (Dixon 1991; Enge
and Misra 1999) and Interferometric Synthetic Aper-
ture Radar (InSAR) (Massonnet and Feigl 1998, Bamler
and Hartl 1998, Biirgmann et al. 2000) make it possible
to measure the deformation of the earth’s surface with
such an accuracy.

InSAR relies on coherent reflections of a radar beam
from a satellite to the earth’s surface and back. The
phase difference of these reflections recorded during sub-
sequent passes of the satellite can be used to create a
map of the deformation of the earth’s surface in the
direction of the reflecting radar beam (Massonnet and
Feigl 1998, Bamler and Hartl 1998, Biirgmann et al.
2000). The phase difference between the backscattered
waves measured in the two passes of the satellite is based

Figure 1. InSAR observed subsidence north of Bakersfield
California associated with hydrocarbon extraction between
August 1997 and July 1998. The color-scale gives the phase-
wrapped vertical displacement with one cycle of color corre-
sponding to 28.3 mm.

on an interferometric technique that quantifies to which
degree the two waves are on phase or out of phase for
each pixel on the ground surface. The used pixel size
usually is 30 meters. Adding an integer number of cy-
cles to one of the waves does not change the interfer-
ence of these two waves. The phase difference can thus
be measured only modulo 27, where deformation corre-
sponding to a phase difference greater than 2 is shown
in color images of the deformation as a repeat in the
color pallet. The magnitude of the surface deformations
measured in one fringe (a phase difference between 0 to
27) is governed by the satellite radar wavelength (Eu-
ropean Space Agency ERS1, ERS2, and ENVISAT and
the Canadian Space RADARSAT-1 and RADARSAT?
all use 5.6 cm C-band) and is calculated by dividing
the wavelength in half to account for the two-way travel
path of the radar pulse. Therefore, if the land surface
subsidence by 85 mm it would be seen as three repeating
color cycles of 28.3 mm in the interferogram.

An example of the vertical ground deformation
measured with InSAR, in Figure 1, shows the observed
subsidence north of Bakersfield, California, associated
with hydrocarbon extraction between August 1997 and
July 1998. The figure shows two distinct regions of sub-
sidence. The northwest region subsides about 3 cm, and
the southeastern region has an overall pattern with 3
cm of subsidence over an area about 5 km wide with as
much as 5 cm of subsidence in two localized features on
the western margin of the subsidence trough. The north-
western region of subsidence is limited by faults on both
the eastern and southern margins. Since the faults de-
limit the subsidence associated with the hydrocarbon
extraction, this implies that these faults likely act as
barriers for the fluid flow. In this example, InNSAR mea-
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Figure 2. Top panel: the change in the two-way travel time
over a chalk reservoir in Norway as obtained from stacked
seismic data. Bottom panel: the change in the travel com-
puted from a geomechanical model of the reservoir and its
surroundings using equation (3) with the value R = 5.

surements can thus be used to make inferences about the
fluid flow in the subsurface, and the sealing properties
of faults. InSAR has been used to monitor co-seismic
and tectonic deformation (Massonnet and Feigl 1998),
to monitor the deformation associated with the extrac-
tion of water or hydrocarbons (Bawden et al. 2001), and
to monitor the heaving of the surface caused by cyclic
steam injection in the recovery of heavy oil (Stancliffe
and van der Kooij 2001).

2.2 Monitoring compaction

It is also important to monitor the deformation within
the earth. The compaction of hydrocarbon reservoirs
during production leads to mechanical changes in the
subsurface in the vicinity of the reservoir. The regions
above and below a reservoir usually are in a state of an
extension in order to accommodate the compaction in
the reservoir. This leads to detectable changes in the P-
wave velocity above and below the reservoir that can be
retrieved by a comparison of the reflections in time-lapse
seismic data.

The top panel of Figure 2 shows the change in ar-
rival time of reflected waves in a North Sea Chalk Reser-
voir obtained from a comparison of time-lapse stacked
field data. The top of the reservoir is marked with the
solid line in that figure. Note that the change in the
arrival time is not confined to the reservoir (two-way
travel time larger than 2600 ms) and that waves re-
flected above the reservoir are slowed down appreciably.

The change in the arrival time caused by the ex-
tension arises from two factors. First, an extension of
the subsurface produces a longer path length from the

surface down to a reflector and back. For a vertically
propagating wave, this geometric factor changes a depth
interval dz into (1 + €;,) dz. Using that the travel time
is related to the seismic velocity v by t = [v~'dz, this
gives the following geometric contribution to the travel
time change 6t:

€
‘Stgeometric =/-§dz . (1)

The strain also introduces changes in the material prop-
erties, and the relative velocity change due to the strain
is given by dv/v = —Re... The proportionality con-
stant R depends on the rock properties. For a variety of
different rocks, this dimensionless constant has values
usually between 1 and 5 (Hatchell and Bourne 2005).
The associated travel time is given by

Jtproperties =/R

This travel time change could have been expressed in
the stress-change rather than the strain, but the corre-
sponding value for R then would be much more variable
for different rock types. Combining these expressions
gives

&:/(1+R)%d;. @)

For the North Sea Chalk reservoir, the travel-time
change computed using equation (3) and a geomechani-
cal model of this reservoir is shown in the bottom panel
of Figure 2. Note that the travel-time change measured
from stacked seismic data (top panel) agrees well with
the travel time change computed from a geomechan-
ical model (bottom panel). Such a comparison can be
used to validate geomechanical models of the subsurface
(Hatchell and Bourne 2005), especially when in addi-
tion to changes in the travel time, changes in reflection
strength are also taken into account (Tura et al. 2005).

622
s, @

2.3 Seismic interferometry

Interferometry is a sensitive method for detecting
minute changes by using waves that bounce repeat-
edly within the medium that is probed (Lauterborn et
al. 1995). This principle is widely used in optics and
now also finds application for monitoring purposes in
the geosciences. Coda wave interferometry uses the sen-
sitivity of waves that have bounced repeatedly in the
medium thus enabling monitoring of minute changes in
the medium (Snieder et al. 2002, Snieder 2004a, Snieder
2006b). This technique has been used to monitor volca-
noes (Ratdomopurbo and Poupinet 1995, Grét et al.
2005, Pandolfi et al. 2006, Wegler et al. 2006) and
fault-zone properties (Poupinet et al. 1984), for the the
detection of velocity changes related to earhthquakes
(Nishimura et al. 2000, Nishimura et al. 2005) or sec-
ular changes in tectonic stress (Furumoto et al. 2001),
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Figure 3. Geometry of the experiment in the Edgar Mine.
Geophone and hammer source locations are labeled in the
plan. The pressure cell in the slot is indicated by the small
line between geophone and source location. The inset (top
right) sketches the pressure cell installed in the pillar.
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Figure 4. Waveforms measured at 4.14 MPa of pressure
(blue) applied by the jack (blue) and measured at a pressure
from the jack of 12.41 MPa (red). The upper panel shows
the waveforms in the early time window and the lower panel
those in a later window.

and for the detection of changes in materials using ul-
trasound (Roberts et al. 1992, Grét et al. 2006a).

We illustrate the principle of coda wave interferom-
etry with a controlled experiment wherein the stress in a
mine pillar was changed using a hydraulic jack (Grét et
al. 2006b). The experiment was carried out in the Edgar
Mine in Idaho Springs, Colorado, an experimental mine
owned by the Colorado School of Mines. The geome-
try of experiment is shown in Figure 3. The mine pillar
shown in this figure is surrounded by tunnels that are
about 3-m high. The stress-state in the pillar is changed
by jacks that load two plates with a surface area of about
1 m? placed in a slit cut into the pillar (inset in Figure
3). Seismic waves generated with a hammer source are
recorded on a accelerometer mounted on the tunnel wall;
see Figure 3. The waveforms for two pressure-states of
the jack are shown in Figure 4: the waves recorded for
a pressure applied by the jack of 4.14 MPA are shown
in blue, while the red line shows the waves recorded for
a pressure of 12.41 MPa.

The early arriving waves are shown in the panel in
the top-right. These first-arriving waves are so repeat-
able that based on these first arrivals it is impossible to
make any statements about the change in the seismic
velocity associated with the change in stress. The panel
in the bottom right shows a portion of the later-arriving
waves. These later-arriving waves show a clear change
in the phase with changing pressure. This phase change
can be quantified using a time-shifted cross-correlation
and used to estimate the change in seismic velocity
(Snieder 2006b). Several non-overlapping time windows
provide independent estimates of the velocity change
that can be used as a consistency check on the employed
method and can also be used to estimate the uncertainty
in the estimated change in the velocity (Snieder et al.
2002, Grét et al. 2006a). For a change in pressure from 0
MPa to 8 MPa, the estimated velocity change is 0.25%
with an uncertainty of 0.02% (Grét et al. 2006b). The
high sensitivity of this technique is due to the sampling
of the region where the stress is changed by the later-
arriving waves that bounce back and forth repeatedly
within the mine pillar.

Another active area of research in seismic interfer-
ometry is the extraction of the response of a system from
the measurement of incoherent signals in the system.
By cross-correlating, or deconvolving, noise recorded at
two receivers, it is possible to retrieve the impulse re-
sponse associated with the wave propagation between
these receivers. (In mathematical jargon, the response
of the system to an impulsive loading is referred to
as the Green’s function.) Derivations of this principle
have been presented based on normal modes (Lobkis
and Weaver 2001), on representation theorems (Wape-
naar 2004, Weaver and Lobkis 2004, Wapenaar et al.
2005), on time-reversal invariance (Derode et al. 2003a,
Derode et al. 2003b), and on the principle of station-
ary phase (Snieder 2004b, Roux et al. 2005b, Snieder
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Figure 5. The Robert A. Millikan Library in Pasadena
(left panel) and locations of the accelerometers (red circles).
Right panel: the North-South component of the acceleration
recorded at the west side of the building after the Yorba
Linda earthquake of 03 Sep 2002 (ML=4.8, Time: 02:08:51
PDT, 33.917N 117.776W Depth 3.9km).
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Figure 6. The waveforms of Figure 5 after deconvolution
with the waves recorded at the top floor.

et al. 2006b). This technique has found applications in
ultrasound (Weaver and Lobkis 2001, Malcolm et al.
2004, Larose et al. 2006), crustal seismology (Campillo
and Paul 2003, Shapiro et al. 2005, Roux et al. 2005a,
Sabra et al. 2005), exploration seismology (Calvert et al.
2004, Bakulin and Calvert 2004), structural engineering
(Snieder and Safak 2006, Snieder et al. 2006a) , and
numerical modeling (van Manen et al. 2005). Snieder
(2006a) showed theoretically that the Green’s function
for the diffusion equation can be extracted by correlat-
ing pressure fluctuations recorded at different locations
within reservoir. This makes it possible to retrieve the
impulse response for fluid transport from ambient pres-
sure fluctuations.

As an example, we show in Figure 5 the horizontal
motion recorded in the basement and the 10 floors of the

Robert A. Millikan library of Caltech (Pasadena) after
the Yorba Linda earthquake of 03 Sep 2002 (ML=4.8,
Time: 02:08:51 PDT, 33.917N 117.776W Depth 3.9km).
The excitation of the building by the earthquake is in-
coherent. The waveforms of Figure 5 are the result of
a combination of (i) the incoherent excitation, (ii) the
mechanical properties of the building, and (iii) the cou-
pling of the building with the subsurface. In order to un-
ravel these different physical factors, Snieder and Safak
(2006) deconvolved the motion at different levels with
respect to the motion at a target level. The motion at
all levels, after deconvolution with the motion at the
10th floor is shown in Figure 6. In contrast to the in-
coherent waveforms of Figure 5, the deconvolved waves
are simple: they consist of one upgoing wave and one
downgoing wave. These upgoing and downgoing waves
can be used to estimate the shear velocity and attenu-
ation in the Millikan library. This method can also be
applied to sensors placed in the subsurface. Mehta et al.
(2006) extract coherent P- and S-waves, as well as P to
S converted waves, propagating along a borehole from
incoherent waveforms. Snieder and Safak (2006) show
that the deconvolved waveforms depend neither on the
specific excitation on the building, nor on the coupling
of the building to the subsurface (with the associated ra-
diation loss). In fact, in seismic interferometry one can
even create coherent wave states of the system under
different boundary conditions than those of the physi-
cal system in which the waves are recorded (Snieder et
al. 2006a).

The advantages of seismic interferometry in the
geosciences are twofold. First, the receiver whose sig-
nal is used as a reference for the deconvolution, plays
the role of a (virtual) source. This means that it is pos-
sible to diagnose the subsurface as if there were sub-
surface sources, although in reality only receivers are
present in the subsurface. Second, since this technique
is based on recordings of incoherent waves, it can be
used to continuously monitor the subsurface using con-
tinuous noise recordings. One can combine this method
with coda wave interferometry for continuous monitor-
ing using ambient noise. This has been used to mon-
itor daily variations in the seismic velocity associated
with rainfall (Sens-Schonfelder and Wegler 2006) and
with stress-changes caused by an earthquake (Wegler
and Sens-Schanfelder 2006). For the Millikan library, for
example, one can use subsequent earthquakes to mon-
itor temporal changes in the building. This technique
can be extended to other structures (e.g., drilling rigs,
bridges, aircraft) and is of particular interest for detect-
ing changes in structures caused by traumatic events
such as explosions, hurricanes, fire, and earthquakes.
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2.4 Challenges and future Directions in
Monitoring Mechanical Properties

While the measurement of mechanical properties, such
as seismic velocity, is fairly well-developed, the connec-
tion of these mechanical properties with micostructure
is often unclear. An example is seismic anisotropy. The
theory of seismic wave propagation in anisotropic media
is advanced (Tsvankin 2001), but the relation between
temporal changes in seismic anisotropy and associated
microstructure (such rock formation, deformation, and
fluid migration) is not nearly as well established.

Seismic attenuation is another physical property
that can be measured, but whose connection with lo-
cal material properties is often not clear. Because of the
dependence of seismic attenuation on the presence of flu-
ids, this quantity might be useful for diagnosing fluids in
the subsurface. Attenuation can be attributed both to
intrinsic attenuation and to scattering attenuation. (In-
trinsic attenuation is the transfer of mechanical energy
of wave propagation to other forms of energy, such as
heat or squirt-flow, while scattering attenuation is the
conversion of energy of a propagating wave to energy
of scattered waves.) The separation of these different
mechanisms of attenuation needs further research, as
well as does the relation between instrinsic attenuation
and properties of fluid-filled porous media (Pride et al.
2003).

Seismic interferometry has much potential for pas-
sively monitoring the mechanical properties of the sub-
surface and of structures such as buildings, bridges,
pipelines, and drilling rigs. For these structures the de-
tection of incipient change is of special importance be-
cause it could lead to remediation of damage that is
about to develop. This technique can also be important
for assessing damage to structures caused by traumatic
events such as hurricances or explosions. One hurdle in
the application of new monitoring techniques is that
legislation often is slow to take advantage of new tech-
nological developments.

Real-time diagnostics would be useful in a number
of applications for monitoring the subsurface, which in-
clude monitoring reservoirs, remediation, and monitor-
ing in civil engineering projects and construction. The
development and utilization of permanent sensors can
play an important role in permanent monitoring.

Temporal variations caused by natural sources can
offer new ways to diagnose the subsurface. For example,
the imprint of ocean tides on pore pressure has been
measured in reservoirs (Furnes et al. 1991, Smit and
Sayers 2005), and changes in P-wave velocity associated
with the solid earth tides have been measured as well
(Yamamura et al. 2003). Micro-seismic events have been
observed during the passage of Rayleigh waves excited
by large earthquakes (Miyazawa and Mori 2006). The
earth response to these variations might carry impor-
tant information about the mechanical properties and
microstructure of rocks and their interaction with fluids.

3 MONITORING FLUID TRANSPORT

Geophysicists often exploit the sensitivity of their
recorded signals to the presence of fluids in order
to address questions concerning subsurface fluid dis-
tributions. For instance, exploration seismologists in-
voke the Gassmann equation to interpret if reflected
waveforms bear the imprint of fluid saturation. The
Gassmann equation relates the elastic properties of a
porous medium to the properties of the rock matrix and
those of the pore fluid (Gassmann 1951, Wang 2000).
Similarly, since pore pressures modify seismic velocities,
reflection tomography can be used to predict pore pres-
sures (Sayers et al. 2002). Though much is known about
the fluid sensitivity of geophysical signals, the interac-
tion of rocks and fluids continues to be an active research
area. Current topics in rock/fluid properties are widen-
ing the scope of geophysical knowledge by studying fluid
effects on poorly-understood rock types, such as carbon-
ates, fault gouge, and marine sediments containing gas
hydrates (Chand and Minshull 2003). In addition, long-
standing questions persist concerning the precise role of
fluids in seismic wave attenuation (Pride et al. 2003).

With periodic time-lapse or even continuous mon-
itoring techniques becoming more widespread, charac-
teristic fluid signatures can be further exploited to study
dynamic flow processes and mechanisms of fluid trans-
port. Applications of these techniques with societal im-
pact include the long-term sequestration (storage) of
CO2 in subsurface traps, delineation of the water ta-
ble, and detection of fluid transport near radioactive-
waste depositories (Long and Ewing 2004). Whether the
cause of subsurface fluid flow is natural or induced, ad-
vanced monitoring techniques provide a more complete
picture of various flow phenomena, such as pore pres-
sure fronts, microseismicity, the interactions of fluids
and fractures, flow-related interface phenomena, fluid
migration, and pathways for flow in the presence of mul-
tiple fluid phases.

Fluid transport in the subsurface can arise from
natural processes such as tides, earthquakes, and fluid
migration. Several recent studies utilize monitoring
techniques to reveal the dynamics of these events.
Teanby et al. (2004) report temporal variations in seis-
mic anisotropy caused by fluctuations of the stress
field in response to ocean tides. A monitoring tech-
nique proposed by Silver et al. (2004) exploits this phe-
nomenon to calibrate stress sensitivity of transmitted
waves. Unusual earthquakes in the Long Valley Caldera,
as observed by Hill et al. (2003), are attributed to
fluid migration of magma or hydrothermal brine. These
earthquakes are enriched in low frequencies and have
non double-couple source radiation patterns. Hill et al.
(2003) make the case that understanding the earthquake
source in these instances is a necessary part of effec-
tively alerting the public to impending volcanic erup-
tion. Crampin et al. (2003) observe water-level fluctu-
ations in wells close to the Husavik-Flately Fault in
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Iceland, where the water level is continuously moni-
tored during times of increased seismicity. The theory
of anisotropic poroelasticity is able to accurately ex-
plain these changes. Similar earthquake-related water-
level fluctuations are described by Roeloffs et al. (2003).
Use of time-lapse radar and electrical tomographic
methods for monitoring infiltration pathways and mois-
ture variations in the near-subsurface is now fairly well
developed (e.g., Hubbard et al. 1997, Binley et al. 2002,
Alumbaugh et al. 2002, Kowalsky et al. 2004). Monitor-
ing techniques have been applied to problems concern-
ing flow induced by reservoir production, pumping, and
drilling operations (Calvert 2005). For instance, abso-
lute gravity measurements have been acquired in both
petroleum and groundwater applications (Brown et al.
2002, Cogbill et al. 2005). In the case of groundwater,
Cogbill et al. (2005) have observed positive changes in
absolute gravity in a region surrounding a water well
that are believed to be associated with nearby aquifer
recharge. In contrast, no gravity changes were recorded
in the immediate vicinity of wells being pumped even
though significant changes in the surface elevation had
occurred, as measured by GPS. The lack of a gravity sig-
nal during a time of surface deformation can be used to
constrain models for how the fracture system has been
modified by the pumping of water. As an example of a
petroleum application of absolute gravity, Brown et al.
(2002) have observed a clear and widespread change in
absolute gravity and have mapped it to indicate where
pumped saline water has replaced oil at Prudhoe Bay.
Landrg and Stronen (2003) have demonstrated that
when more than two time-lapse surveys are available,
waterfronts in a reservoir can be tracked in differenced
4D seismic images. They showed the use of CO; as a
tracer to aid structural interpretation. The COz in this
case was not injected for the specific purpose of seques-
tration or enhanced oil recovery - it was simply used to
highlight the permeable pathways in the reservoir. Such
information can prove invaluable for planning drilling
programs to optimally produce reservoirs. Time-lapse
seismic techniques continue to be improved for the mon-
itoring of CO; sequestration. At the West Pearl Queen
field, a DOE test site for CO2 sequestration, Benson and
Davis (2005) have reported on the detection of injected
CO2 from two high-quality, highly-repeatable seismic
surveys. Below, we review two examples of the novel
use of geophyiscal data for monitoring fluid transport.

3.1 Detection of a fluid pulse migrating along
a fault zone

Recently, Haney et al. (2005) investigated the mech-
anism of strong fault-plane reflections from a growth
fault at the South Eugene Island field in the Gulf of
Mexico. Fault-plane reflections, unlike reflections from
sedimentary layers, might not be primarily associated
with lithological differences. Since faults often act as ei-

ther fluid seals or conduits (Hooper 1991), strong pore-
pressure differences in and around faults can give rise
to fault-plane reflectivity (Haney et al. 2006). By ex-
amining two seismic images, one from 1985 and another
from 1992, Haney et al. (2005) observed that an area
of strong fault-plane reflectivity associated with a fault
known as the B-fault appeared to move 1 km along the
fault-plane in the up-dip direction. This up-dip move-
ment is depicted in the two reflectivity maps of Figure 7.

Fluid movement up the fault-plane is particularly
noteworthy at South Eugene Island since several lines
of evidence exist suggesting that natural fluid migration
is presently occurring in the mini-basin petroleum sys-
tem (Anderson et al. 1991, Anderson et al. 1994, Losh
et al. 1999, Whelan et al. 2001, Revil and Cathles 2002,
Haney et al. 2005). The pulsing of fluid up a permeable
fault zone is also consistent with a nonlinear perme-
ability model first introduced by Rice (1992) and later
proposed by Revil and Cathles (2002) to be directly ap-
plicable at South Eugene Island. In this model, the fluid
pulse is a pore-pressure shock wave that moves along the
fault with velocity that is predicted from theory. Miller
et al. (2004) use the same shock-wave model to explain
the migration of fluid-related earthquake hypocenters
along an active fault in Italy. The existence of these
pore-pressure shock waves is due to the deformation
of the porous media pore-pressure variations. The ex-
istence of the shock-wave thus provides direct evidence
of a coupling between the fluid flow and deformation of
the host rock (Minkoff et al. 2004).

3.2 Direct measurement of fluid flow with the
self-potential

Through combined numerical, laboratory, and field ex-
periments, Suski et al. (2006) have made significant
progress toward showing how to successfully monitor
the water table using self-potential (SP) methods. Self-
potential signals originate from a variety of mecha-
nisms, including electro-kinetic (the so-called stream-
ing potential) and electro-redox effects (which are dis-
cussed in a section 4.1 of this work) (Nyquist and Corry
2002). Electro-kinetic effects (Revil and Linde 2006) are
the same phenomena responsible for coupling seismic
and electromagnetic fields in the field of electroseismics
(Pride and Morgan 1991).

Shown in Figure 8 are details of the infiltration ex-
periment conducted by Suski et al. (2006). The experi-
ment is based on the idea that groundwater flow in soil
produces a self-potential signal that can be measured
at the surface. Hence, the self-potential method detects
and maps out the effects of dynamic flow. The upper
left panel of Figure 8 is a map view of the field layout
used by Suski et al. (2006) consisting of 18 piezome-
ters and 41 (Pb/PbCL2) non-polarizable electrodes. To
monitor the changes in the piezometric surface caused
by fluid infiltration, the ditch, shown in the upper left
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Figure 7. Evidence of fluid transport along a fault in the Gulf of Mexico inferred from seismic images constructed from seismic
data recorded in 1985 and 1992. (A) Map view of fault-plane reflectivity from a growth fault known as the B-fault in 1985. The
area of highest fault-plane reflectivity is circled in gold. (B) Map view of the B-fault reflectivity, as in (A), but from 1992. The
data extend over a slightly larger area than in (A); however, the spatial perspective is identical. The area of highest reflectivity,
circled in gold, is shifted roughly 1 km NE in the updip direction relative to its location in 1985, as is expected for a fluid pulse
ascending the B-fault (Revil and Cathles 2002). This movement is represented by the arrow in (A). Also shown is the location
of the A10ST well intersection, where exceptionally high fluid pressures were encountered while drilling into the B-fault zone

in 1993, a year after the 1992 seismic survey (Losh et al. 1999).

panel of Figure 8, is filled with water. The filling of the
ditch comprises the short time-duration Phase I of the
infiltration experiment pictured in the upper right panel
of Figure 8. The other two phases cover the episodes of
constant water level in the ditch (Phase II) and relax-
ation, or drainage, of the head (Phase III). The data
plotted in the upper right panel of Figure 8 include the
water level in the ditch, the depth to the piezometric
surface measured at several piezometers, and the cor-
responding self-potential signal measured at the elec-
trodes. The trend of the self-potential signal correlates
well with the latter two phases of fluid infiltration.
The lower panel in Figure 8 compares the mea-
sured self-potential signals to changes in piezometric
head. The self-potential signal depends more or less lin-
early on the piezometric level, with a slope of -5.5 + 0.9
mV/m. From soil samples taken at the test site, Suski et
al. (2006) independently find in the laboratory that the
slope can be between -4.0 mV/m and -5.9 mV/m, de-
pending on the type of fluid saturating the pore space of
the soil. Finally, the solid line in the lower panel in Fig-
ure 8 is the result of a finite-difference numerical model
(Titov et al. 2005). The agreement with the field data
shows that the hydrological and self-potential properties

of the subsurface are modeled well. With these results,
Suski et al. (2006) demonstrate the ability of the self-
potential method to non-invasively monitor groundwa-
ter flow. An important property of these self-potential
measurements for the purposes of continuous monitor-
ing is that they are inexpensive to acquire (Nyquist and
Corry 2002) in contrast to 3D seismic data acquisition.
In addition, the self-potential method is applicable to
the problem of monitoring of CO injection (Moore et
al. 2004).

3.3 Challenges in monitoring fluid flow

Many challenges lie ahead for the advanced monitoring
of fluid transport. The sensitivity of advanced moni-
toring techniques aiming to track fluid transport must
be maximized with respect to fluid saturation, pressure,
and flow. Crampin (2003) argues that certain techniques
(e.g., shear-wave splitting) inherently are extremely sen-
sitive because they probe a critical system (e.g., cracks
and fractures). In geophysics, the concept of critical-
ity is often invoked when describing the stress state of
fault systems in the crust (Zoback and Townend 2000).
Extreme sensitivity and criticality are linked to nonlin-
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Figure 8. Experimental setup and results of a fluid infiltration test by Suski et al. (2006). The upper left panel shows an array
of 18 piezometers and 41 non-polarizable electrodes arranged in and around a rectangular ditch (blue). The soil at the site is
comprised of clay and silt with porosity that varies between 0.2 and 0.3. The upper right panel shows three quantities: the water
level in the ditch (thick solid line), depths to the piezometric surface (thin solid, dotted, and dashed lines), and self-potential
signals (black filled circles). The measurements capture three different stages of infiltration: (I) beginning of infiltration, (II)
maintenance of constant head in the ditch, and (III) relaxation of the head. The lower panel is a comparison between measured
self-potential signals versus the isometric head change (solid points with error bars) and the results of a finite difference numerical

model (solid line).

earity, and nonlinear rock moduli have recently been
implicated by Gomberg and Johnson (2005) as a cause
of dynamic triggering - a phenomenon in which mi-
croearthquakes are initiated on critically-stressed faults
by passing seismic waves from earthquakes over 1000
km away (Freed 2005). The dynamic strains in these
cases are on the order of only a few microstrains (107%)
(Gomberg and Johnson 2005). In addition to criticality,
enhanced sensitivity can also be achieved with meth-

ods based on monitoring seismic waves by exploiting
the multiply-scattered coda (e.g., coda wave interfer-
ometry, as discussed in section 2.3). Perhaps the most
daunting challenge is that in order to move in the fu-
ture from periodic time-lapse measurements to contin-
uous monitoring, the methods used for monitoring can-
not be costly. It is worth emphasizing again that the
self-potential method employed by Suski et al. (2006) is
relatively inexpensive. In contrast, the method of using
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injected CO2 as a structural tracer to find permeable
pathways, although promising, is currently vastly more
expensive.

Advanced monitoring plays a prime role in the
growing field of CO, sequestration. To make sequestra-
tion successful, it is necessary to determine whether the
injected CO- is sequestered or is leaking to the surface.
Leakage to the surface can occur via fracture systems
and fault zones, or simply through the casing of injection
wells. Finally, it remains a challenge to fully understand
the hydraulic properties of a field area. The method
described by Shapiro et al. (2002), which uses micro-
seismicity triggering fronts to measure the (possibly
anisotropic) permeability tensor, is one way to achieve
this goal through advanced monitoring. Other examples,
which focus on the development of approaches to jointly
invert time-lapse tomographic radar data and hydro-
logical data (such as wellbore measurements or tracer
tests) have illustrated the utility of geophysical meth-
ods for providing high resolution estimates of hydrualic
conduductivity (e.g., Kowalsky et al. 2005).

4 MONITORING BIOGEOCHEMICAL
PROCESSES

Successful management of subsurface systems often re-
quires information about biogeochemical properties and
processes, such as the type and concentration of pore
fluids or sediment geochemistry, redox zonation, and
the transformation of and interactions between species
as a system is being manipulated. In addition to using
geophyiscal methods to track fluid distribution as was
described in the previous section, there is also a need
to track the onset and characteristics of geochemical
changes that occur in response to fluid introduction or
replacement. For example, the potential of using geo-
physical techniques to monitor CO» distribution associ-
ated with petroleum and sequestration applications was
previously discussed. In addition to the fluid migration,
introduction of the CO2 can cause dissolution of min-
erals or can mobilize trace metals (e.g., Kharaka et al.
2006). A current challenge is to use geophysical methods
to monitor these geochemical changes. Although many
studies have focused on investigating the geophysical
signatures of pore fluid substitutions associated with
infiltrating soil water, hydrocarbon extraction, or salt-
water intrusion, few studies have explored the impact
of other types of (bio)geochemical alterations on the ef-
fective geophysical signature.

Recent investigations have explored the use of dif-
ferent types of geophysical methods for monitoring bio-
geochemical changes, some of which are microbially
mediated. Several studies have revealed anomalously
higher electrcal conductivity signatures associated with
hydrocarbon contaminated sites, which has been at-
tributed to altered fluid chemistry associated with bi-
ological degradation (e.g., Atekwana et al. 2005). Abdel

Aal et al. (2004) explored the effects of microbial pro-
cesses on electrolytic and interfacial electrical proper-
ties Ntarlagiannis et al. (2005b) explored how induced
polarization measurements changed as a function of mi-
crobial cell concentration and grain surface coating. The
use of self-potential methods to map large-scale varia-
tions in redox conditions was described by Naudet et
al. (2004). Chen et al. (2004) illustrated how Ground
Penetrating Radar (GPR) amplitudes could be used to
estimate sediment geochemistry. Williams et al. (2005)
and Ntarlagiannis et al. (2005a) describe seismic and
Induced Polarization (Fink et al. 1990) responses to
biomineralization under controlled column conditions.
The results from these and other recent studies high-
light the potential that geophysical methods have for
monitoring complex biogeochemical processes, which is
a prerequisite for successful management of subsurface
problems or resources. Two of these studies are briefly
described below.

4.1 Characterization of Redox Potential

The observed distribution of redox processes is an im-
portant factor in the design of remedial strategies for
contaminated groundwater systems. Redox potential, or
Eh, indicates the tendency for oxidation-reduction re-
actions to occur. A series of redox gradients often is
established adjacent to contaminant plumes (e.g., Love-
ley et al. 1994). Understanding redox zonation is a par-
ticularly important factor in designing an optimal re-
mediation approach. Under equilibrium conditions, in-
situ measurements of redox potential can be obtained
through well-bore measurements, although disturbance
and contamination associcated with drilling often cor-
rupt these measurements. The distribution of the ki-
netic redox processes can also be deduced by observing
patterns of electron acceptor consumption, final prod-
uct production, and concentrations of dissolved hydro-
gen based on measurements retrieved from well-bores.
However, many studies suggest that inference of redox
processes using such approaches is not straightforward.

A recent study assessed redox potentials associ-
ated with a landfill contaminant plume using the self-
potential technique (Naudet et al. 2004). Self-potential
signals measure the potential difference between a fixed
reference non polarizable electrode and a roving elec-
trode using a high input impedance voltmeter. In near-
surface systems, the self-potential response depends on
the groundwater flow (electro-kinetic contribution) and
redox conditions (electro-redox contribution). Naudet et
al. (2004) used the variation in hydraulic head mea-
surements in an aquifer near a landfill to estimate
the electro-kinetic contribution (Figures. 9a and 9b),
which was subsequently removed from the effective self-
potential signal. The residual self-potential signal corre-
lated well with redox potential measurements collected
in well-bores, and was used to provide spatially exten-
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Figure 9. The streaming potential component of the self-
potential signals is calibrated outside the contaminant plume
by plotting the kriged self-potential signals and the hydraulic
heads. The arrows provide the direction of ground water
flow and are proportional to the hydraulic head gradient (b).
The streaming potential component is then estimated ev-
erywhere using the kriged hydraulic heads (a). The residual
self-potential signals are obtained by removing the streaming
potential component from the measured self-potential signals
(¢). This residual self-potential map is proportional to the re-
dox potentials measured in the aquifer in a set of piezometers

(d).

sive estimates of redox potential (Figure 9c and 9d).
This study illustrates the value of an inexpensive geo-
physical technique to provide information about redox
potential over field-relevant spatial scales and in a non
invasive manner. Such information can be used to de-
sign remediation treatments or to choose the locations
of monitoring wells.

4.2 Monitoring biogeochemical dynamics
using seismic and induced polarization
methods

Remediation treatments may induce dynamic trans-
formations in biogeochemical and hydrological prop-
erties in the subsurface. Potential alterations due to
remediation treatments include, for example, dissolu-
tion and precipitation of minerals, surface complexa-
tion, gas evolution, changes in soil water and oxygen

levels, sorption, attachment/detachment, oxidation and
reduction, biofilin generation, and changes in perme-
ability and porosity. Although understanding and ul-
timately manipulating these transformations is critical
for sustainable in-situ remediation, developing such an
understanding is hindered by our inability to observe
biogeochemical dynamics in-situ over a spatial scale rel-
evant for investigating the macroscopic behavior of a
system, in the presence of natural heterogeneity.

Recent research has explored the use of time-lapse
seismic and induced polarization methods for detect-
ing the evolution of gasses, biofilms, and precipitates
associated with processes that commonly occur dur-
ing biostimulation, such as during denitrification and
sulfate reduction. Biostimulation involves the addition
of carbon sources, nutrients, and electron acceptors or
donors into the subsurface to increase, or ’stimulate’
the activity and growth of naturally occuring microor-
ganisms. Once stimulated, these organisms can mediate
processes that benifially change the toxicity and mobil-
ity of contaminants (Office of Biological and Environ-
mental Research of the Department of Energy 2003).
Williams et al. (2005) conducted laboratory biostimu-
lation experiments under saturated flow conditions to
monitor the biogeochemical, hydrological, and geophys-
ical responses associated with sulfate reduction using
a suite of columns having vertically distributed sam-
plers and geophysical sensors (Figure 10a). This study
indicated how microbe-mediated zinc and iron sulfides,
which developed along grain surfaces within the pore
space, were attached to microbial cells (Figure 10b).
The acoustic amplitude and induced polarization signa-
tures were altered as the nanocrystals formed, attached
to the migrating microbes, and eventually aggregated
(Figure 10c and 10d). These results illustrate the poten-
tial that geophysical methods have for elucidating im-
portant biogeochemical processes over space and time,
such as those that often accompany bioremediation of
metal-contaminated aquifers.

4.3 Challenges and Future Directions in
Monitoring Biogeochemical Processes

Advances in monitoring changes in biogeochemical
properties have to date primarily been applied to envi-
ronmental problems, where there is a significant interest
in manipulating biogeochemical processes to render con-
taminants less mobile or less toxic. However, these ap-
proaches could also be used to assist in petroleum reser-
voir investigations, such as to monitor reservoir stimu-
lation or well-bore completion procedures. For example,
a new chemical injection treatment has recently been
developed to increase sand consolidation and cementa-
tion in the near vicinity of the borehole, thereby signif-
icantly decreasing sand production (Kotlar et al. 2005),
and injection of bacterial suspensions following water
flooding has been explored as a technique to enhance
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Figure 10. (a) Example experimental column illustrating how measurements are collected down the length of the column
and the presence of a developed sulfide precipitation front associated with sulfate reduction. (b) TEM image illustrating the
mineralized encrustation on the experimental microbe due to the formation of sulfide precipitates (scale approximately 1 pm),
Changes in (c) seismic amplitude and (d) induced polarization response associated with the initiation and aggregation of sulfide

precipitates. Modified from Williams et al. (2005).

oil recovery, which has been shown to increase the re-
covery factor by 3-5% (Crecente et al. 2005). In these
cases, time-lapse 3D VSP surveys, where waves excited
by sources on the earth’s surface are recorded by sensors
in a borehole, could likely provide valuable information
about the spatial distribution of the treated zones, and
the the quality and distribution of the cementation.
Quantitative geochemical characterization using
geophysical methods poses several challenges. Perhaps
greatest among these are the challenges associated with
scaling, non-uniqueness, and data fusion. Scale match-
ing issues are significant because many of the biogeo-
chemical properties or processes occur at microscopic
scales that are much smaller than the smallest scale re-
solved by the geophysical measurement. Non-uniqueness
of the geophysical responses is a problem because geo-
physical signatures often respond to hydrogeological
as well as geochemical heterogeneity. Additionally, as
a system is treated (for example, during environmen-
tal remediation), multiple biogeochemical transforma-
tions often occur simultaneously over the support scale
of the geophysial measurement (e.g., Hubbard et al.
2006), and modified biogeochemical properties can in
turn alter hydrological properties (such as pore clog-
ging associated with gas or precipitate development),
thereby further modifying the geophysical response. To-
gether, these complex and coupled transformations hin-
der the ability to uniquely interpret system transforma-
tions given a particular geophysical response. Under-
standing the full capacity of geophysical methods for
characterization geochemical properties and processes is

Forward problem

Appraisal problem

Estimation problem
Estimated model i

+
uncertainty

Other knowledge

Figure 11. Different elements in creating an interface be-
tween geophysical measurements and decision-making.

expected to improve through increased laboratory and
field experimental efforts, development of rock physics
relationships and estimation approaches, and through
comparisons of geophysically obtained geochemical pa-
rameter estimates with numerical modeling predictions
of geochemical transformations.

5 DISCUSSION AND FUTURE
CHALLENGES

Although much progress has been made in non-invasive
monitoring, there are several open research questions.
Some of these research questions are related to techni-
cal aspects of a specific monitoring techniques. Other
research questions are common to many different as-
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pects of non-invasive monitoring. We introduce these
over-riding research questions using Figure 11.

In a physical experiment data are collected. These
data are determined by the true earth model through
the physics of the forward problem (geomechanical, hy-
drological, biogeochemical). From the data one can es-
timate an earth model, or in the case of monitoring,
changes in the the earth model. Because the data are
limited, contaminated with noise, and often sampled at
disparate scales, these model estimates differ from the
true model. Quantifying these differences and associated
uncertianty is the appraisal problem. In practical im-
plementations of monitoring techniques, measuring the
changes in geophysical attributes or even estimating the
change in subsurface properties using the geophysical
data is not sufficient. Instead, these data must be inte-
grated with other information to ascertain the impact
that the estimated changes have on how a system should
be managed or treated to solve problems of scientific,
economic, or other societal relevance.

Figure 11 illustrates several research challenges in
optimally using non-invasive monitoring. The forward
problem, that gives the data for a given model often is
sometimes well-known, as in the case of InNSAR where
the change in the phase of the radar waves is connected
by well-known physics to the deformation of the earth’s
surface. In other applications, the forward problem is
not well known. Examples include the relation between
compaction and seismic velocity (section 2.2, or between
various geophysical attributes and biogeochemical prop-
erties (section 4),

Data collection is changing because of new devel-
opents of instrumention and the capability to handle in-
creasingly larger continuous data streams. Cheap micro-
instrumentation, such as smart dust (Kahn et al. 2000)
as well as Micro Electro Mechanical Systems, or MEMS
(Gibson et al. 2005) make it possible to carry out mea-
surements at an unprecedented scale. This has led to
the concept of the instrumented oilfield (Tura and Cam-
bois 2001). Research challenges in this area include the
transmission of information of large amounts of sub-
surface instruments to the surface, and handling the
data streams of large networks of sensors that operate
continuously.

The estimation of uncertainty is a long-standing
problem in model estimation, and the same holds for
monitoring techniques. For linear inverse problem, the
assessment of uncertainty is well-developed (e.g., Taran-
tola 1987, Parker 1994, Aster et al. 2004). The ap-
plication to current large-scale estimation problem is
still problematic (e.g., how does one visualize a corre-
lation matrix for 106 parameters?). For nonlinear esti-
mation problems, there is no general theory to estimate
the uncertainty (Snieder 1998). In this case, numerical
techniques are presently the only available tool (e.g.,
Mosegaard and Tarantola 1995, Sambridge 1998, Sam-

bridge et al. 2006), but the computational cost for many
problems is prohibitive.

In many practical problems, different kinds of data
are collected. Combining these disparate data streams is
a challenge. Data fusion, where different data are com-
bined, and data assimilation, where new data are used
to update existing models for the subsurface, still are
challenging issues when it concerns the implementation
in practical monitoring problems.

As indicated in figure 11, decisions are often based
on the outcome of monitoring experiments and other
knowledge. The integration of these different pieces of
information is often achieved by the expertise of the
decision-makers and their advisers. There is a lack of
techniques to integrate the a-priori knowledge of the
problem effectively in the mathematical formulation,
and numerical implementation, of the estimation prob-
lem. For example, model parameterization and estima-
tion of uncertainty are often more driven by mathe-
matical and/or numerical considerations, than by the
geological reality of the subsurface. Geologically realis-
tic information is often difficult to glean from experts
due to standard, human cognitive biases (Baddeley et
al. 2004), and real-world knowledge is often difficult to
parameterize. Nevertheless, it is critical that such infor-
mation is introduced correctly as it directly affects not
only model estimates but their associated uncertainties.
Consequently, research into methods to include reliable
information in monitoring-type problems has begun in
a variety of fields (e.g., Thore et al. 2002, Wood and
Curtis, 2004).

The interface with the decision-makes is often not
optimal. The outcome of the monitoring experiment as
a change in the model parameters plus its uncertainty,
is often not in the form that is useful for the decision-
maker. Knopman (2006) described the importance of
scientists engaging with decision-makers during the re-
search stage, rather than first focusing on understand-
ing or predicting processes and subsequently inform-
ing decision makers after completion of the research.
He suggests that with early inclusion, scientific experi-
ments and decision-making tools can be designed that
optimally guide the choices about the level of complex-
ity that is needed to guide decisions about large en-
vironmental problems, such as climate change, nuclear
waste storage, or sustainable water management. An-
other problem in using monitoring techniques effectively
is the gap in the time-scale with which the decision-
maker needs results, and the time-scale on which a mon-
itoring experiment can be carried out. In this context
it is also important that monitoring techniques can be
carried out economically, because this allows the moni-
toring to be carried out more frequently.

Much progress has been made in non-invasive
geophysical monitoring of the subsurface, but as shown
here, there are numerous open research questions. Re-
solving these research questions is crucial for optimally
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exploiting our technological capabilities for monitoring
the subsurface.
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1 INTRODUCTION

ABSTRACT

Time-lapse traveltime shifts of reflection events recorded above hydrocarbon
reservoirs can be used to monitor production-related compaction and pore-
pressure changes. Existing methodology, however, is limited to zero-offset rays
and cannot be applied to traveltime shifts measured on prestack seismic data.
Here, we give an analytic 3D description of stress-related traveltime shifts for
rays propagating along arbitrary trajectories in heterogeneous anisotropic me-
dia.

The nonlinear theory of elasticity helps to express the velocity changes in
and around the reservoir through the excess stresses associated with reservoir
compaction. Since this stress-induced velocity field is both heterogeneous and
anisotropic, it should be studied using prestack traveltimes or amplitudes. Then
we obtain the traveltime shifts by first-order perturbation of traveltimes that
accounts not only for the velocity changes, but also for 3D deformation of reflec-
tors. The resulting closed-form expression can be efficiently used for numerical
modeling of traveltime shifts and, ultimately, for reconstructing the stress dis-
tribution around compacting reservoirs.

The analytic results are applied to a 2D model that includes a compacting rect-
angular resevoir embedded in an initially homogeneous and isotropic medium.
The computed velocity changes around the reservoir are primarily caused by
deviatoric stresses and produce an anisotropic medium with substantial values
of the Thomsen parameters ¢ and § and variable orientation of the symmetry
axis. The offset dependence of the traveltime shifts should play a crucial role
in estimating the anisotropy parameters and the compaction-related deviatoric
stress components.

Key words: traveltime shifts, time-lapse seismic, stress-induced anisotropy,
reservoir compaction

cells inside the producing units. Hydrocarbon produc-
tion induces pore-pressure changes and compaction in-

Traveltime shifts (differences), measured between two or
more time-lapse seismic reflection surveys, have become
an important tool for reservoir characterization. Trav-
eltime shifts can help to map compaction throughout
a reservoir and, therefore, optimize infill drilling and
production by identifying compartments and pressure

side the reservoir, which causes accumulation of excess
stress throughout the section. The excess stress mod-
ifies the elastic properties of the rocks in and around
the reservoir, and the corresponding velocity changes
can be estimated using reflection traveltimes recorded
in time-lapse surveys.
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The stress dependence of traveltime shifts is well
understood for vertically propagating waves and hori-
zontal layers (i.e., for zero-offset data). Traveltime shifts
estimated on stacked seismic data above horizontally
layered media have been successfully used to delineate
compartments in reservoirs, e.g., {Landrg and Stammei-
jer, 2004), (Hatchell and Bourne, 2005). However, the
existing theory breaks down in the presence of dip and
for prestack data (i.e., for non-zero offsets). Traveltimes
shifts for prestack data were analyzed by (Rgste et al.,
2006), but their theory is restricted to horizontally lay-
ered isotropic media.

Here we provide an analytic 3D description of trav-
eltime shifts around a compacting reservoir embedded
in a heterogeneous, layered, anisotropic medium. Taking
heterogeneity and anisotropy into account is necessary
for an adequate physical description of traveltime shifts.
Indeed, the excess stress field created by compaction is
anisotropic (in general, it is triaxial) and heterogeneous
because the magnitude of stress depends on reservoir
geometry and varies spatially around the reservoir.

Our description of traveltimes shifts in and around
a compacting reservoir involves two steps. First, we ex-
press the velocity changes through the excess stress and
strain fields created by compaction. Then, we use first-
order perturbations of traveltimes to obtain the travel-
time shifts as a linear function of the velocity.

To relate excess stress and strain to velocity
changes we use the nonlinear theory of elasticity, e.g.
(Toupin and Bernstein, 1961) and (Thurston and Brug-
ger, 1964). This theory has three main advantages over
the traditional approaches to model stress-sensitivity of
velocity fields. It is more general because it does not
rely on a specific micromechanical model to describe
stress sensitivity, like other approaches based on stiffen-
ing of grain contacts or the closing or opening of specific
micro-cracks distributions (Shapiro and Kaselow, 2005).
In addition, the nonlinear elasticity approach yields the
full tensor of the deformed medium, which allows com-
putation of traveltimes and other signatures for gener-
ally anisotropic media. Lastly, all possible mechanisms
of stress sensitivity are absorbed by a small number of
nonlinear coefficients.

Also, the nonlinear theory has already been success-
fully applied to measure stress-induced anisotropy and
the stress-sensitivity tensor in sandstones and shales.
Examples include ultrasonic velocity measurements on
rock samples (Johnson and Rasolofosaon, 1996; Sarkar
et al., 2003; Prioul et al., 2004) and in-situ stress es-
timation in boreholes (Winkler et al., 1998; Sinha and
Plona, 2001).

The main complication in using nonlinear theory is
that measurements of the nonlinear elastic coefficients
(components of a sixth-order tensor) for sedimentary
rocks are rare, with most existing results obtained for
crystals and man-made materials. This is an inherent
limitation of our approach, but we expect more mea-

surements to be available in the near future. Neverthe-
less, the results by (Prioul et al., 2004) indicate that de-
tailed knowledge of the sixth-order tensor is not critical,
and for most applications in exploration and reservoir
geophysics this tensor can be assumed to be isotropic.

In the next sections we explain our approach in
more detail. First, we describe the variational problem
related to the first-order perturbation of traveltimes.
Then we link the time perturbations with nonlinear
elasticity to develop an equation for traveltime shifts,
in terms of the excess stresses and volumetric strains
caused by reservoir compaction.

2 P-WAVE TRAVELTIME SHIFTS FROM
FIRST PRINCIPLES

Assuming that reservoir compaction produces only
small changes in the traveltimes of seismic waves propa-
gating through the medium, such shifts can be expressed
through small perturbations of the model parameters.
These perturbations include those of the elastic mod-
uli and of the geometry of the reflectors. Indeed, the
deformation caused by compaction changes the relative
positions of the reflectors in the medium, while the extra
stress alters the elastic properties.

First-order traveltime perturbations can be ob-
tained by taking into account both types of variations.
To describe these perturbations, we apply Hamilton’s
principle of least action to traveltimes computed for
rays traced in an unperturbed background medium.
For simplicity, we consider this background medium to
be isotropic and concentrate on P-waves. Then travel-
time shifts dt are described by the following equation,
which is well known in classical mechanics, e.g., (Lanc-
zos, 1986):

6t =p-ox

T2 T
- / AHdr, (1)
T1 T1

where p is the slowness vector of the reference ray traced
in the background medium, dx is the first-order varia-
tion of the position vector of the reference ray in 3D
Cartesian coordinates, AH is the corresponding varia-
tion of the system’s Hamiltonian and 7 is the integration
parameter along the reference ray. The Hamiltonian H
of the system is the scaled Eikonal equation, in which
the integration parameter 7 represents the traveltime
along the reference ray, e.g., (Cerveny, 2001):

M(x,p) = 5 V(o B)pepi 1] =0, )

where V(x,p) is the phase velocity; summation over
repeated indices is implied throughout the paper.
Equation 1 provides important insights into the na-
ture of the traveltime shifts caused by reservoir com-
paction. First, in the linear approximation the contri-
butions of the geometric and the velocity changes to
traveltimes are independent. Second, the changes of



the ray trajectory (i.e., geometric changes) contained
in the term p-éx do not contribute to first-order travel-
time perturbations, unless they occur at the endpoints.
Third, the influence of the velocity changes is repre-
sented by the perturbed Hamiltonian AH, which should
be integrated along the reference ray.

2.1 Traveltime shifts in layered media

Equation 1 helps to account for 3D deformation of re-
flectors in a layered medium in a straightforward way.
Following (Farra and Le Bégat, 1995), we transform ev-
ery point where the unperturbed ray crosses an interface
or reflects from it (i.e.,“scattering points”) into a new
endpoint. Then equation 1 is applied sequentially to all
N scattering points (excluding the source and receiver
points) along the ray:

N ) o
ot =6t° +» _ot' — / AHdr, (3)
i 1

where
T2

6t =p-6x| , O&t'=(p-p)-x, (4)

1

where 6t* is the contribution of the change of the in-
terface position, which is proportional to the difference
between the slowness vectors of the reference ray on
both sides of the interface.

According to Snell’s law, the projection of the slow-
ness vector onto the interface is conserved. Therefore,
the only component of vector (p — p) that contributes
to the traveltime shifts is the one orthogonal to the in-
terfaces. If the interfaces are horizontal, then the trav-
eltime shifts depend on the vertical components of the
vector (p — P). The unit normal vector at the reflec-
tion/transmission point x is given by the gradient of
the unperturbed interface f(x) = 0:

Vi)

N(x) = == . 5

69 = 97 Go ©
To find the component of the vector (p — p) in the di-
rection of the normal N(x) to an interface we use the
projection operator A(x) , e.g., (Scales et al., 2001):

NNT

A=NTN (©)
Applying equation 6 to each term (p — p) - x in equa-
tion 3 gives

(Pi — Pi) 0mi = Aij (P — P5) 0 . (7)

2.2 Traveltime shifts in heterogeneous
anisotropic media

As discussed above, reservoir compaction causes the ve-
locity field around the reservoir to become both hetero-
geneous and anisotropic. The generality of equation 1 is
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very useful because it involves no assumptions regarding
the heterogeneity or anisotropy of the Hamiltonian H or
of its perturbation AH. Indeed, this is a property that
is often exploited to construct ray-tracing systems for
heterogeneous, arbitrarily anisotropic media, e.g., (Jech
and Pgenéik, 1989; Chapman and Pratt, 1992; Cerveny,
2001). Because the first-order variation of the slowness
vector p is already accounted for in equation 1, it fol-
lows from equation 2 that AH = AV/V. The velocity
perturbation AV is found by perturbing the Christof-
fel equation, which leads to the following equation ob-
tained for P-waves under the assumption that reference
rays are traced in an isotropic medium (Cerveny, 2001):
_1 Aaijn(x) ningngm

AH = 2 Vi) , (8)
where Aa;jit are the perturbations of the density-
normalized stiffness coeflicients, and n; are the compo-
nents of the unit slowness vector.

3 RELATING EXTRA STRESSES TO
VELOCITY CHANGES

Equations 3 and 8 provide the basis for deriving an equa-
tion describing the traveltime shifts inside and around
compacting reservoirs. The next step is to express the el-
ements Aa;jx in terms of the strains and excess stresses
caused by reservoir compaction. As discussed in the in-
troduction, we use the nonlinear theory of elasticity to
describe the stress sensitivity of the stiffness coefficients.
The two main assumptions used below are that the
stress-sensitivity tensor is isotropic and that the stress-
induced anisotropy is weak.

3.1 Nonlinear elasticity

According to (Prioul et al., 2004), the effective stiffness
coefficients cijri of a deformed elastic medium can be
written in terms of the stiffnesses before deformation
(cfjxt) and the deformation-induced stress (AS;;) and
strain (Ae;;) changes:

cijkt =ASikdj1 + Cijkt + CijkimnAemn
+ ciiptderp + CipriAejp 9

where §;; is Kronecker’s symbol and ¢ijkimn is a sixth-
order tensor, which has no more than 56 independent
elements (Hearmon, 1953)*. We reduce this number to

*The main assumption behind equation 9 is that deformation
is small and reversible. Then the strain energy is described
by a Taylor series expansion with nonlinear terms, where the
fourth-order c¢;;x; tensor represents the Taylor series second-
order term, while the sixth-order tensor c;jximn is the series
third-order term. The qualifier “nonlinear” of the elasticity
theory comes from inclusion of the cijximn tensor (obtained
as Taylor series coefficients for the strain energy function)
into Hooke’s law (Thurston and Brugger, 1964).
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three by assuming that this tensor is isotropic, as sug-
gested by the laboratory results of (Prioul et al., 2004).

For a typical range of the stifinesses of rocks and
of the pore-pressure changes related to reservoir com-
paction, equation 9 can be further simplified by drop-
ping relatively small terms. As pointed out by (Prioul
et al., 2004),

ASi; = cjrles; < cijrimnAemn < Cikt (10)
which allows us to neglect the terms involving the stress
change (ASidji and cfjAe;;). Alternatively, using a
linear Taylor series expansion, the stiffness tensor C of
the deformed medium can be written as

c=C"+ Aemn (11)

where C° is the reference tensor, cfjk,. Comparison with
equation 9 shows that the term ai?,,o,. coincides with
the tensor c¢ijkimn. Hence, this tensor is a measure of
the sensitivity of the stiffnesses c;jx to the deformation
Aeij.

By ignoring changes in the medium density p,

we can obtain the density-normalized stiffnesses Aa;jx
needed in equation 8:
—P_l Z;M'Aemn = ,D Ct]klmnAemn (12)
Evaluation of the term c¢ijrtmnAemn using matrix-
vector computations and the resulting stifiness pertur-
bations are discussed in Appendix A. Since we are work-
ing with a first-order approximation, we follow (Sarkar
et al.,, 2003) and use linear Hooke’s law to relate A.ij
to AS;j, thus

Aa;jkt = P_lcijklmn (Cfnnpq) ! ASp, (13)

3.2 Traveltime shifts due to compaction

A concise expression for traveltime shifts can be derived
by substituting equation 13 into equation 8 for the per-
turbation of the Hamiltonian'

B

AH = §v2( 3 (14)

with
B =Aaijk ninjngng .

A detailed derivation of the term B as a function of the
excess stress and strain can be found in Appendix B.
The final form of the perturbation of the Hamiltonian
AH is found by substituting B from equation B10 into
equation 14:

AH =% [Bidew + B2 (n"a0n)] . (15)

Ciss
o o °
C5%:Ch4

B, = (Ci11 +2C112) ; Ba=

300 (16)

Where, Aegi is the trace of the strain tensor and Ao
is the tensor of deviatoric stress. The constants Chii,
Chi2 and Ciss are elements of the isotropic sixth-order
tensor Cijrimn Written in Voigt notation, while C3; and
C34 are the elastic stiffnesses of the background isotropic
medium. Note that all terms in equation 15 are dimen-
sionless, which is indicated by equation 3. The travel-
time shifts given by equation 3 can then be rewritten
as

&t =6t° +Z§t ——/ BiAeyi + B2 (n Aan)d
i=1 -~

geom. vel.

(17)

Typically, the main contribution to ¢ is made by
the velocity changes (the last term in equation 17). In-
deed for the geometric changes to produce a traveltime
shift of at least 1 ms, an unlikely set of conditions have
to take place: the displacements should be on the or-
der of meters; the slowness contrasts cannot be smaller
than 1072 s/km throughout the model, and summa-
tion should include from 10 to 100 scattering points. In
most typical cases, however, the displacements through-
out the section are on the order of centimeters, while
there is little room to increase the number of reflec-
tion/transmission points without decreasing the slow-
ness contrasts.

As shown in equation 17, the traveltime shifts asso-
ciated to velocity changes are an arithmetic average be-
tween isotropic (B1Aexx) and anisotropic (B2 n" Ao n)
contributions along the raypath. According to our sign
convention, negative strains denote contraction, while
positive strains denote extension. Likewise, negative
stresses imply compression, while positive stresses imply
expansion. This means that the coefficient C)ss and the
combination C111 + 2Chi2 should be negative. Then, ac-
cording to equations 15-17, compression or contraction
lead to increase in velocity, which results in negative
traveltime shifts. In contrast, extension causes velocity
decrease and positive traveltime shifts.

To clarify how equation 17 generalizes existing re-
sults, we reduce it to the equation for zero-offset data
from

(Hatchell and Bourne, 2005). For two-way travel-
times shifts their equation reads,
ot = 2/ (14+R) Bz g4 (18)

Vi(x )
where integration is carried out from the surface
(z=0) to the reflector depth (z=7Z); V(x) is the ve-
locity of the isotropic reference medium and RAe;, =
—AV(x)/V(x). Without loss of generality, we consider
a zero-offset ray going from the surface to a horizon-
tal reflector, without any other interfaces in between.
Dividing the ray into the downgoing and the upgoing




segments, we can write equation 17 as

A 2
6t=5t°+6t‘—/ %‘idv,

71
Tr

ot =p3dz| — p3dz| - / é‘i dr,
T Tr 1 v
Tr T2 T2
i [y [, AV,
- d ™ dr n Vv

(19)

Making the substitution dr = dz/V, we get

_ d(Vp3dz) 0 d(Vpsbz) Z AV

Jt—/0 Vs dz " Vdz dz 20 Vzdz,

(20)

and observing that p3 = 1/V and Ae,, = déz/dz, we
can simplify equation 20 to obtain

z AV dz
ot —2‘/0‘ (AC;; — '—V—) 7 ) (21)

thus recovering equation 18. Because of equation 17 we
note that the Ratio R from equation 18 can be written
as the average of two other ratios:

z Ae
ot = 2/ [ R + R ] —=£
o ' T2t phg s
where,
Ae"Rl = ——B1A€kk; AeuRz == —BzA0'33 . (22)

4 NUMERICAL TESTS

In this section we use equation 17 to model the influence
of both reflector deformation and velocity changes on
traveltime shifts. First, we apply equation 17 to obtain
the traveltime shifts caused by movement of reflectors in
a simple horizontally layered medium. Then we compute
and discuss the spatial distribution of traveltime shifts
in shot gathers for a 2D model of a compacting reservoir.

4.1 Reflector deformation in a layered
medium

We consider a ray that travels from the surface to
the bottom of the model comprised of two horizontal
isotropic layers. The layers are assumed to have been de-
formed uniaxially in the z-direction such that the thick-
ness of layer 1 was increased by éz; and of layer 2 by
dz2 (Figure 1).

To study the influence of geometric changes only,
the velocities in the layers (v; and v2) remain con-
stant after the deformation. Therefore, the exact one-
way traveltime after the deformation from the top to
the bottom of the model can be written as

_za+dz | 2240z
vicos)  vecosly’

(23)
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z=0

0z1 + 522

Figure 1. Model of two horizontal layers above a compacting
reservoir. The compaction increases the thickness of the layer
1 by 821 and of layer 2 by §z2. The velocities remain constant
after the deformation.

where 6, and 6, are the angles between the ray and
the vertical in the first and second layers, respectively.
Hence, the exact traveltime difference due to the defor-
mation is

621 629
Ater = 24
€7 1 cos b + vz cos b (24)

Expressing Ate, in equation 23 in terms of the vertical
components of the slowness vector (¢;) and the propa-
gation angle 6; (i = 1,2), we find:

Atez = 6z1q1 (1 +tan’ 1) + 82292 (1 +tan02) . (25)

Applying equation 3 to the same model yields an
approximation (Atpere) for Atey:

Atpert ={q1 ~ q2) 621 + (621 + 622) g2,
Atpert =021 q1 + 022 g2 . (26)

For propagation angles of up to 30° equations 25 and
26 give similar results because the tan® @ term is much
smaller than unity. In particular, for zero-offset rays the
result is exact.

4.2 Traveltime shifts due to velocity changes

To illustrate the distribution of traveltime shifts in
prestack data, we applied equation 17 to a 2D model
composed of a rectangular reservoir embedded in a
homogeneous isotropic halfspace (Figure 2). In such
a model, traveltime shifts are due solely to velocity
changes, because there are no interfaces. The pore-
pressure change was confined to the reservoir, and the
resulting excess stress, strain and displacement were
computed using analytic expressions adapted from (Hu,
1989). The strain was confined to the incidence plane
[z, 2], with no deformation on the y-direction (e12 =
e22 = ea3 = 0).

Table 1 lists the model parameters. The values of
the Biot-Willis coefficient («) and the zero-frequency
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Table 1. Model parameters used to generate Figures 3-8.
These values correspond to the sample of Berea sandstone
studied by (Sarkar et al., 2003).

Model parameters

Vp = 23 km/s Vp/Vs=1.58 p=2.14 g/cc
c111=-13904 GPa c¢155=-3609 GPa
«a=0.85 s=0.9

scaling coefficient (s) were chosen arbitrarily. The Biot-
Willis coefficient is a measure of how well “pore-pressure
counteracts confining pressure to produce volumetric
strain” (Wang, 2000) and ranges between the rock
porosity and unity. The closer « is to unity, the more
excess stress is generated by reducing the pore pres-
sure inside the reservoir. To model the static deforma-
tion generated by pore-pressure changes, we need zero-
frequency stiffness coefficients, which were not available.
For well-consolidated rocks with low porosity, as the
sandstone used in our numerical modeling, the zero-
frequency P-wave velocity generally is about 10% lower
than that measured for frequencies typical for seismic
data, while Vp/Vs ratio remains about the same (Yale
and Jamieson, 1994)!. Therefore, we scaled the P-wave
velocity provided by (Sarkar et al., 2003) by s = 0.9.
Since both strain and displacement are proportional to

' 2, the deformation around the reservoir increases for
a lower scaling factor s.

Figure 3 shows the spatial distribution of the de-
viatoric stress and volumetric strain generated by the
pore-pressure drop inside the reservoir. We also com-
puted Thomsen parameters € and § (¢ = § in our model)
and the rotation of the symmetry plane around the y-
axis in the plane [z, z] (Figure 4). The § values in and
near the reservoir reach 0.1, which indicates that the
stress-induced anisotropy is non-negligible even for the
relatively small pressure drop AP = —10 MPa used in
the test. The similarity between § and the normal devi-
atoric stress components (A1, and Aoss) is explained
by the fact that to first-order (Sarkar et al., 2003)

Cl 55

o o
33%44

J=

(Aa’u - Aa’sa) . (27)

Because the stress-sensitivity tensor and the back-
ground medium are isotropic, the stress-induced
anisotropy is elliptical (¢ = &). For the plane strain prob-
lem treated here, the stress tensor is triaxial, so that the
medium symmetry becomes orthorhombic. Close to the
reservoir corners, accumulation of the shear stress Agi3
causes rotation of the symmetry planes, changing the

TFor unconsolidated rocks with high porosity this difference
can be as high as 70%.

symmetry to tilted orthorhombict. In particular, at the
reservoir corners the tilt of the symmetry planes is max-
imum, reaching 45° in absolute value.

Figures 5 and 6 show the spatial distribution of
the traveltime shifts for four shot locations at the top
of the model. Figure 5 helps to compare the contribu-
tions to the traveltime shifts of the deviatoric stress and
volumetric changes (see equation 15). Clearly, for the
homogeneous background model used in the test, the
traveltime shifts are caused primarily by the deviatoric
stresses, which make the medium anisotropic.

The influence of moving the shot position with re-
spect to the center of the reservoir on the total travel-
time shifts is illustrated in Figure 6. Because the devi-
atoric stress changes are symmetric with respect to the
reservoir, so are the traveltime shifts for shot 1, both
in offset and depth. As the shot moves away from the
center of the reservoir, this symmetry no longer exists.
The traveltime shifts for shots 2, 3 and 4 increase at
longer offsets and are confined to the reservoir and the
medium below it.

The traveltime shifts depend on the interplay be-
tween the spatial distribution of the extra deviatoric
stress Acg;; and the angle of incidence 8. We used shots 1
and 3 from Figure 6 to compare the contributions of dif-
ferent components of the deviatoric stress to the travel-
time shifts for a range of offsets. As expected from equa-
tion 17, the vertical stress changes contribute mostly to
the traveltime shifts at near offsets (i.e., for small 8),
while the horizontal stresses dominate at far offsets (i.e.,
for larger 6). Due to the sin 20 dependence in equation
17, the contribution of the shear stress Ac;3 increases
up to offsets corresponding to § = 45°, and then de-
creases.

5 DISCUSSION AND CONCLUSIONS

The results of this work are based on three major as-
sumptions. The first of them is that the traveltime shifts
can be obtained using the first-order ray theory. Al-
though we did not verify the accuracy of this assump-
tion here, it can be expected to give accurate results for
compaction-related shifts, which are relatively small. In
addition, we note that first-order ray theory assump-
tion should also work well for converted and pure shear
waves, making extension of our expressions straightfor-
ward for these types of waves as well.

Second, we used an isotropic sixth-order tensor to
describe the influence of stress on the stiffness coeffi-
cients. While this assumption limits the stress-induced
anisotropic model to the special case of tilted or-

fthe medium symmetry can be verified by setting ez =
e12 = e23 = 0 in equations A10-A27.



thorhombic symmetry$, it also reduces the number of
parameters and helps to derive closed-form expressions
for the traveltime shifts.

Third, we assumed deformation to be purely elas-
tic, which is not always appropriate for reservoir com-
paction, since it may involve plastic deformation. We be-
lieve, however, that the physical insight provided by our
relatively simple equations justifies the elastic assump-
tion. Also, the experimental studies discussed above
confirm that this assumption is sufficient to describe a
wide range of deformation processes observed in various
geological settings.

The main result of our analytic developments is
equation 17, which generalizes the expressions for zero-
offset traveltime shifts of (Landrg and Stammeijer,
2004) and (Hatchell and Bourne, 2005), and those for
non-zero offsets traveltime shifts in isotropic media of
(Rgste et al., 2006). The simple structure of equation
17 helped us to gain valuable insights into the behavior
of the offset-dependent traveltime shifts in and around
a compacting reservoir.

Traveltime shifts are caused by two independent
first-order phenomena: geometric and velocity changes.
Analysis of equation 17 indicates that the geometric
contributions to the traveltime shifts are likely to be
at least an order of magnitude smaller than the contri-
butions of the velocity changes.

According to equation 17, the traveltime shifts
due to the velocity changes could be further split into
two components, one of which is related to volumet-
ric changes and the other to deviatoric stresses. The
volumetric changes may be caused by hydrostatic stress
variations inside the reservoir and by surface subsidence.
The deviatoric stress term is related to nonhydrostatic
stress changes and controls the resulting anisotropy
of the deformed elastic medium. Equations 16 and 17
also reveal the role of the different components of the
stress-sensitivity tensor. In particular, the combination
C111 + 2C1:12 is responsible for the hydrostatic P-wave
velocity changes, while in agreement with the observa-
tion of (Sarkar et al., 2003) Ciss governs the magnitude
of the stress-induced velocity anisotropy.

Although our numerical results are obtained for a
simple 2D model, they illustrate several important prop-
erties of the stress-induced traveltime shifts related to
the velocity changes in and around the reservoir. For
instance, they help to better understand the complex
spatial distribution of the traveltime shifts caused by
the interplay between the propagation direction and the
spatial variation of excess stress or strain. Finally, the
numerical results demonstrate that compaction-related
traveltime shifts should be primarily associated with
stress-induced anisotropy.

8In each of the symmetry planes, the stress-induced
anisotropy is elliptical.
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Figure 2. 2D model of a rectangular reservoir embedded
in an isotropic homogeneous medium. The parameters not
shown on the plot are listed in Table 1.
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Figure 4. Owing to reservoir compaction the medium becomes heterogeneous and anisotropic. The right panel shows the
anisotropy parameter 6 = ¢, while the left panel shows the direction of the symmetry plane in relation to Cartesian coordinates.
Positive means clockwise rotation of the symmetry plane, while negative values mean counterclockwise rotation.
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Figure 5. Traveltime shifts for the model from Table 1. The left panel shows the shifts caused by the volumetric changes; the
right panel shows the contribution from the deviatoric stress changes. The shifts plotted at each (z, z) point would be recorded
at the receiver (z,0) for a ray reflected from an imaginary horizontal interface at depth z. The shot locations are indicated by
the asterisks, and the boundaries of the reservoir are marked by solid black rectangle.
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APPENDIX A: THE ELEMENTS OF THE
MATRIX ACags

Here we give a brief derivation of the 21 elastic constants
obtained from the equation, Acijkt = CijkimnAemn. To
simplify the summation over repeated indices we take
advantage of the following symmetries of the tensor
Cijkimn, €.g., (Thurston and Brugger, 1964):

Cijklmn = Cmnijkl = Cklmnij = Clkjinm etc.. (A1)

These symmetries make it possible to use Voigt no-
tation, which reduces the numer of independent ele-
ments from 729 to 216. These elements are distributed
in 6 X 6 X 6 cubes, and the summation is accomplished
by multiplying each cube face by the 6 x 1 vector formed
by the element Ae;; of the excess strain tensor:

ACap =Capy Aey (A2)
where

Aey =( Aenn Aex Aess | 28exs 2Aers 2Aer2 ).r )
Aey =( Ae; Aex; Aez l Aeq Aes Aeg )T )
Aey = (Aen  Aer)’ (A3)

The Greek indices run from 1 to 6 and the summa-
tion convention is implied. Application of equation A2
is greatly simplified, if the Cypgy cubes are formed by
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Figure 6. Traveltime shifts for four different shot locations (marked by the asterisks).

isotropic tensors because then the tensor includes only
three linearly independent elements. In fact, the cubes
for isotropic media are represented by four 3 x 3 matri-
ces, and three of them are sparse. Skipping some inter-
mediate results, here we give only the final expression
for ACag:

(Aden)’ (BAer)”
(P1 AP, AeN)T (P1 BP, AeT)T
AC — (PzAPerN)T (PzBPerT)T
of (Cher)T (C"Aen + DAer)”
(PiCPAer)”  (PiCTPiAen + PIDPiAer)’
(PCPyAer)’  (PoCTPilen + PaDPyAer)’

(A4)

where P; and P, are permutation matrices used to in-
terchange columns and vectors of the matrices A, B, C
and D:

01 0 0 0 1
Pp={1 0 0}; =010 (A5)
00 1 1 00

ciir €z Ci2

A=lecnz cuz az (A6)
c112  Ci23  Cri2
C144 0 0

B=| 0 oass 0 (A7)

0 0 C155

ciae 0 O

C = | C155 0 0 (AS)
css 0 O
0 o 0

D={0 0 C456 (AQ)
0 case 0

After carrying out the matrix-vector multiplications in
equation A4, we arrived at the following expressions for
each of the 18 linearly independent elements of the ma-
trix ACap

ACy = Cinley + Criz(Aez + Aes); (A10)
ACs = Ciii1Aez + Criz2(Aer + Aes); (Al1)
AC33 = Ch110e3 + Cuz(Ael + Aez); (A12)
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Figure 7. Comparison between the contributions of the three deviatoric stress components to the traveltime shifts. The shot

(asterisk) is directly above the center of the reservoir.

ACy4 = Craqaler + Ciss(Aez + Aes);
ACss5 = Craalea + Ciss(Aey + Aes);
ACse = Craale3 + Ciss(Aer + Aez);

AC12 = Crz3les + Criz(Aer + Aez);
AC3 = Crazles + Criz(Aer + Aes);
ACh3 = Cra3le; + Criz(Aez + Aes);

ACyy = Crasley;
AC:1s = AC3s = CissQes;
AC16 = AC32 = CissAes;
ACh4 = AC34 = CissQey;
ACy5 = Craales;
AC36 = Craaeg;

ACs5 = CaseAes;
ACys = Cyseles;
ACs¢ = CyseAes;

(A13)
(A14)
(A15)

(A16)
(A17)
(A18)

(A19)
(A20)
(A21)
(A22)
(A23)
(A24)

(A25)
(A26)
(A27)

Only three elements Cyp, appearing in equations
A10-A27 are linearly-independent, as is implied by the
definition of the isotropic sixth-order elastic tensor. Ac-
cording to (Thurston and Brugger, 1964), all Cop, ele-
ments can be expressed through linear combinations of
three Lamé-type parameters v;:

Ci1 =11 + 62 + 8u3, (A28)
Cui2 =v1 + 212, (A29)
Ci2z =11, (A30)
Craa =12, (A31)
Ciss =v2 + 2v3, (A32)
Case =vs3. (A33)

APPENDIX B: PERTURBATION TERM B
OF THE HAMILTONIAN

Here, we express B = Aaijuninjngn; through the
volumetric strain and the deviatoric stress tensor. To
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Figure 8. Comparison between the contributions of the three deviatoric stress components to traveltime shifts for shot 3

(asterisk) from Figure 6.

simplify the summations needed to obtain B, we em-
ploy matrix-vector multiplications using Voigt notation.
Then B becomes the following function of the 6 x 6 ma-
trix AC given in equations A10-A27:

B=p"'n"LTACLn, (B1)
where

n1 0 0 0 n3 ne
L'={0 n2 0 ns3 0 ni], (B2)
0 0 n3 na m O

and the unit slowness vector n is expressed through the
incidence anlge 8 and the azimuthal angle ¢:

sin § cos ¢
n={sinfsing | . (B3)
cosf

Carrying out the multiplications in equation Bl and
using linear Hooke’s law to express excess strain Ae;;
through excess stress AS;;, we find B as:

(C111 — 29 Ciss) Ciss

= ASi +2g— (n'
oB T Sen+29 o> (n"AS ) (BY)

where
]

g= g}: and K =Cj; — %CL.
Hence, B can be separated into two terms, one of which
is multiplied by the trace of the extra stress tensor,
ASkk, and the other by the expectation value of AS;;
for a certain direction n. Further simplifications can be
achieved by separating the excess stress tensor into the
hydrostatic and deviatoric parts.

ASkk
3

(Bs)

AS = (B6)

+ Ao =—-API+ Ao,

where AP is the change in pressure, Ag is the deviatoric
stress tensor and I is the 3 x 3 identity matrix. Therefore

n"ASn=—-AP +n"Acon, (B7)



since n"n = 1. Substitution of equations B6 and B7

into equation B4, followed by simplifications using the
definitions for g and K (equations B5) allow us to find
B in the form

AP Ciss
— +2

3k T ¥9Cs,
As already mentioned, the isotropic sixth-order tensor

is completely defined by only three linearly-independent
coefficients, so

pB = [8C1s5 — 3C1n1}

(nTAan) . (B8)

1 AP Aiss [ T
=—= 42 A .
pB 3 (Ci11 + 2C112) i +2¢g A2, (n an)
Taking into account that
AP
Aegr = —7 ’ (B9)

we finally obtain

B=p! {% (Cint +2C112) ex + 2828 (nTAan)} .(B10)

o
C4 4

4D traveltime shifts
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A method for estimating apparent displacement
vectors from time-lapse seismic images

Dave Hale

Center for Wave Phenomena, Colorado School of Mines, Golden CO 80401, USA

ABSTRACT

Reliable estimates of vertical, inline and crossline components of apparent dis-
placements in time-lapse seismic images are difficult to obtain for two reasons.
First, features in 3-D seismic images tend to be locally planar, and components
of displacement within the planes of such features are poorly resolved. Sec-
ond, searching directly for peaks in 3-D cross-correlations is less robust, more
complicated, and computationally more costly than searching for peaks of 1-D
cross-correlations.

We estimate all three components of displacement with a process designed to
mitigate these two problems. We address the first problem by computing for
each image sample a local phase-correlation instead of a local cross-correlation.
We address the second problem with a cyclic sequence of searches for peaks
of correlations computed for lags constrained to one of the three axes of our
images.

Key words: time-lapse seismic image processing

1 INTRODUCTION

Tiny displacements we observe in 3-D time-lapse seis-
mic images are vectors, with three - vertical, inline, and
crossline - components. These apparent displacements
can be caused by reservoir compaction and are espe-
cially sensitive to related changes in strains and seismic
wave velocities above reservoirs.

By “tiny”, we mean displacements that may be
only a fraction of a sampling interval. Figures 1-4
show an example from time-lapse seismic imaging of a
high-pressure high-temperature reservoir in the North
Sea. Here we estimated vertical apparent displacements
roughly equal to the time sampling interval of 4 ms.
In the inline and crossline directions, we estimated hor-
izontal apparent displacements of approximately 5 m,
which is much less than the 25 m inline and crossline
sampling intervals.

Though small, the most significant inline and
crossline displacements appear to be correlated with the
geometry of the target reservoir. The point of intersec-
tion of the three orthogonal slices in each of Figures 1-4
lies just beneath that reservoir.

Apparent vertical (time) displacements like those

shown in Figure 2 tend to be downward (positive), even
when physical reservoir boundaries are displaced up-
wards. This difference between physical and apparent
vertical displacements has been observed and explained
by Hatchell and Bourne (2005).

Apparent horizontal displacements are less well un-
derstood, although these too have been measured here
and by others (e.g., Hall, 2006). Figures 3 and 4 show
apparent displacements that are generally smaller in the
inline direction than in the crossline direction.

Figure 4 implies that, near the reservoir, 3-D seis-
mic images are pulling apart in the crossline direction as
fluids are extracted. This apparent horizontal stretching
is the opposite of the compaction that we might expect
if we interpreted such displacements as physical move-
ments of reservoir rocks. However, the apparent stretch-
ing we observe here is reasonable if we consider the effect
of a mild low-velocity lens above the reservoir induced
by compaction. If not accounted for in seismic migration
(as it was not here), such a change in seismic velocity
could explain these apparent crossline displacements.

Such speculation notwithstanding, our understand-
ing of apparent vector displacements today remains in-
complete and beyond the scope of this paper. Our goal
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Figure 1. Three orthogonal slices of a 3-D seismic image recorded in 2002. A second image (not shown) was recorded in 2004.
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(a) (b)

Figure 5. Vertical (a) and horizontal (b) components of a
synthetic vector displacement field representing compaction
of an image towards its center. Dark red denotes three sam-
ples of vertical displacement (a) downward or (b) toward the
right. Dark blue denotes three samples of vertical displace-
ment (a) upward or (b) toward the left.

here is to describe the process by which we obtained
these estimates of apparent vector displacements from
time-lapse seismic images.

Estimation of all three components of displace-
ments is difficult. One difficulty is that displacements of
image features are poorly resolved in directions paral-
lel to those features. Therefore, in seismic images where
features are often more or less horizontal, we tend to
estimate only the vertical component of displacement,
because only that component is well resolved.

A second difficulty is that some processing tech-
niques used to estimate only a single vertical compo-
nent of displacement do not extend easily to estima-
tion of all three components. For example, estimating
the locations of peaks of cross-correlations of images is
straightforward when those correlations are functions
of only vertical lag. A simple quadratic interpolation of
correlation values near a peak may suffice. An exten-
sion of this processing to finding peaks in correlations
that are a function of two or three components of lag is
more complicated and less robust, partly because of the
resolution problem described above.

Finally, estimation of three components of displace-
ment requires more computation, and the increase in
cost can be significant when estimating a complete field
of displacement vectors for every sample in 3-D images.

In this paper we illustrate these difficulties and de-
scribe a process that addresses them.

2 LOCAL CROSS-CORRELATIONS

Consider first only the two components of displacement
shown in Figure 5. The displacement vectors in this ex-
ample correspond to compaction or squeezing of an im-
age towards its center.

2.1 Displacements between images

Using the synthetic displacement vector field shown in
Figure 5, we can warp one seismic image to obtain an-
other. Specifically, let sampled functions f[j1,72] and
glj1, j2] denote two images related by

Sflirsde) = g(ir +wilin, g2, d2 +uzlin, j2l), (1)

where u; [j1, j2] and uz[j1, j2] represent the vertical and
horizontal components of the vector displacement field
ufj1, j2).

Throughout this paper we adopt the convention
that f[j1,j2] (with square brackets) is an image ob-
tained by uniformly sampling a continuous function
f(z1,z2) (with parentheses) for integer pixel indices j;
and j2. We also assume that f(z1,z2) is bandlimited
and that f[f1,j2] is not aliased, so that sinc interpola-
tion can reconstruct the continuous function f(zi,z2)
with any required precision.

Because components of displacement u; and wu2
need not be integer values, the warping operation de-
scribed by equation 1 implies interpolation of the sam-
pled image g[j1, j2| to compute f[j1, 2]

Assume that we have two images f and g related
by the synthetic displacement vector field of Figure 5.
Can we recover the known displacement vectors u from
the images?

2.2 Local cross-correlations

Figure 6 illustrates an attempt to estimate the displace-
ment vector field u displayed in Figure 5 from two im-
ages f and g. The images are displayed in Figures 6a
and 6b and at this scale appear to be identical, because
maximum displacements are less than three samples in
both vertical and horizontal directions.

To estimate displacement vectors u, we search for
locations of peaks of local cross-correlations. We define
local cross-correlation of two images f and g by

cralki,kali bo] = ) flis, ga] glia + by gz + La)
J1.d2
xwlky — j1, k2 — 2], (2)
where w(ki, k2] is a 2-D Gaussian window defined by

wlky, k2] = e~ (kT +k3)/20% o

for a specified radius o. (In the example of Figure 6, we
used o = 12 samples.) Summation indices j; and j2 are
limited by finite image bounds.

Equation 2 implies that for each pair of lag indices
[{1, 2] we compute a local cross-correlation value for ev-
ery image sample indexed by [ki1, kz2]. In other words,
we compute a correlation image cy, as large as f and
g for each [l;,1l3]. When we do this for many lags, the
resulting cyg[k1, k2; L1, {2] could consume large amounts
of storage. However, when estimating displacements, we
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Figure 6. Estimates of displacement vectors from two 315 x
315-pixel images. The two images f (a) and g (b) are re-
lated by equation 1 for the displacements shown in Figure 5.
The subset (c) of normalized local 2-D cross-correlations cor-
responds to the upper-left quadrant of these images, where
displacements are downward and rightward. The downward
shift is especially visible in one of these cross-correlations (d)
shown in detail. A straightforward search for peaks of such
cross-correlations yields estimates of both vertical (e) and
horizontal (f) components of displacements.

need to store for each image sample only those correla-
tion values required to locate correlation peaks.

The Gaussian window w makes the cross-
correlations local. For any lag [l1,l2], equation 2 repre-
sents convolution of this Gaussian window with a lagged
image product f[j1,j2] glj1 + l1,j2 + l2]. We perform
this Gaussian filtering efficiently using recursive imple-
mentations (Deriche, 1992; van Vliet et al., 1998; Hale,
2006) with computational cost that is independent of
the window radius o.
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Local windows can make cross-correlations sensi-
tive to local amplitude variations. As we vary the lag
[t1,22] in equation 2, high-amplitude events in g may
slide in and out of the local Gaussian window, creat-
ing spurious correlation peaks that are inconsistent with
true displacements.

2.3 Normalized local cross-correlations

To avoid this problem, the cross-correlation values dis-
played in Figures 6¢c and 6d have been normalized.
Shown here are values of

clki, k2;l,l2) = cpglkr, kasly, lo)
1

X— =
\/C‘U[kl,kz;o,()]

1
x .
\/Cyg[kl + 11, k2 +12;0,0]

We compute the normalization factors 1/,/crf and
1/,/Cqq using special cases of equation 2:

crslkr, k230,00 = > f2ljis, go] wlks — ja, k2 — o)

(4)

Ju.d2

and

Cagk1,K2;0,0] = Z 9% (31, 32 wlks — j1, k2 — 2.
J1.d2

These scale factors can be computed once and reused
for all lags [l1,l2]. With these definitions (and by
the Cauchy-Schwarz inequality), normalized local cross-
correlations have the property |¢| < 1.

Figure 6¢ shows a small subset of the 2-D normal-
ized local cross-correlations computed for the upper-
left quadrant of the two images in 6a and 6b; Fig-
ure 6d shows just one of these cross-correlations. We
compute cross-correlations like these for every image
sample. Each cross-correlation is local in the sense that
it depends on samples within a 2-D Gaussian window of
radius ¢ = 12 samples. As the window slides across the
images, the local cross-correlations vary as in Figure 6c¢.

Figures 6¢ and 6d indicate a displacement of cross-
correlation peaks vertically downward, which is consis-
tent with the upper-left quadrant of Figure 5a. Horizon-
tal (rightward) displacements of those peaks are more
difficult to see. Displacements perpendicular to image
features are more well resolved than those parallel to
those features.

2.4 Quadratic interpolation

By simply searching over all sampled lags in Figure 6d,
we can easily find the integer indices {l1,l2] of the lag
with highest correlation value. We might then fit some
function to that value and others nearby to resolve the
correlation peak location with sub-pixel precision.

A common choice for the fitting function is a
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quadratic polynomial. For example, in one dimension,
this quadratic function has the form

c(u) = ao + a1u + azu’.

We can choose the three coefficients ag, a1 and a2 so
that this polynomial interpolates exactly three sampled
correlation values ¢[l — 1], ¢[l] and ¢[l + 1). If a lag !
is found such that c[!] is not less than the other two
correlation values and is greater than at least one of
them, then the quadratic polynomial has a peak at

cll —1) -l + 1]
2cfl — 1] + 2¢[l + 1] — 4e[l]

u=1+ (5)
It is both easy to prove and sensible that [u—I| < 3. The
correlation peak found by quadratic fit lies within half
a sample of the largest correlation value found by scan-
ning integer lags I. A scan of sampled correlation val-
ues provides a rough integer estimate of displacement;
quadratic interpolation simply refines that estimate.

Other fitting functions are possible. In particular,
a sinc function is most accurate for interpolating band-
limited sampled signals. But sinc interpolation does not
provide a simple closed-form expression like equation 5
for the peak location. Therefore, quadratic interpolation
is often used to find peaks.

Though small for bandlimited signals, the error in
quadratic interpolation is biased in both peak ampli-
tude and location. In addition to this error, two more
problems arise with quadratic interpolation in higher
dimensions.

2.5 Quadratic 2-D and 3-D interpolation

One problem is that the number of coefficients in a
quadratic polynomial in higher dimensions does not
equal the number of samples in any symmetric neigh-
borhood nearest a sampled maximum correlation value.
For example, in two dimensions the bi-quadratic poly-
nomial has six coefficients:

2 2
c(u1,uz) = ao + aru1 + a2u2 + asuy + asuruz + asu;.

This number exceeds the number of correlation values
in a five-sample neighborhood consisting of the values
clly, ], e[li £ 1,1, and ¢[ly,l2 £ 1]; it is less than the
number in a nine-sample neighborhood obtained by also
including c[l; %1, I3 £ 1]. To resolve this inconsistency, a
bi-quadratic may be least-squares fit to the nine corre-
lation values in the nine-sample neighborhood, but this
fitted function does not generally interpolate any of the
sampled correlation values within that neighborhood.

Likewise, in three dimensions a tri-quadratic poly-
nomial has 10 coefficients, but symmetric neighbor-
hoods of correlation values nearest a sampled maxi-
mum have either 7 (too few), 19 or 27 (too many)
values. Quadratic polynomials in dimensions greater
than one are either under- or over-constrained by cross-
correlation values sampled at integer lags.

A second problem is that a peak location found
by least-squares quadratic fit in two (or higher) dimen-
sions need not lie within half a pixel of the integer lag
indices [l1,!2] corresponding to the maximum sampled
correlation value. Indeed, for sampled correlations like
those shown in Figures 6c and 6d, a least-squares-fit
bi-quadratic may have a saddle point instead of a peak.

In other words, in two (or higher) dimensions, a
peak may not exist for the least-squares quadratic fit to
nine (or more} correlation values nearest to a sampled
maximum value. And even when a quadratic peak does
exist, it may be far away from the integer lag indices
[{1,12] corresponding to the sampled maximum.

Such cases are pathological but not exceptional.
We have observed them often while fitting bi-quadratic
polynomials to the nine sampled values nearest the max-
imum value in correlations like those shown in Fig-
ures 6¢ and 6d.

These problems account for the most significant er-
rors in the estimated components u; and u2 of displace-
ment vectors shown in Figures 6e and 6f. In this example
errors are most significant for the horizontal component
u2, because the locations of correlation peaks in Fig-
ures 6¢ and 6d are least well resolved in that direction.

Discontinuities in apparent displacement vectors
like those shown in Figure 6f are unreasonable, for they
imply infinite apparent strain.

One way to eliminate or at least reduce such dis-
continuities is to seek displacements that maximize a
weighted combination of image correlation and displace-
ment smoothness. As discussed and implemented by
Hall (2006), this approach implies a tradeoff. We must
choose relative weights for correlation and smoothness.
Rickett et al. (2006) discuss a similar correlation and
smoothing tradeoff in estimating only vertical (time)
shifts. These authors highlight the importance of not
smoothing too much.

We describe a different approach below. We im-
prove the accuracy of estimated displacements with a
process that includes improved image processing and a
more robust method for finding correlation peaks. With
this process we obtain more accurate and thereby more
continuous estimates of displacements without explic-
itly smoothing them.

3 LOCAL PHASE-CORRELATION

The first step in our process is to improve the spa-
tial resolution of cross-correlations in directions parallel
to features in seismic images. We do this by applying
spatially-varying multi-dimensional prediction error fil-
ters to both images before cross-correlating them. The
prediction error filters whiten the spectra of our images
in all spatial dimensions.

Figures 7 illustrate the effect that this spectral
whitening step has on our estimates of apparent dis-
placements. After whitening, cross-correlation peaks are
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Figure 7. Images (a) and (b) after whitening with local
prediction error filters. Peaks of local phase-correlations in
(c) and (d) are well resolved in both vertical and horizontal
directions. Estimates of vertical and horizontal components
of displacement in (e) and (f) are more reliable than those
without whitening. Visible patterns of errors and discontinu-
ities in these estimates are caused by fitting 2-D quadratic
functions to sampled correlation values nearest the peaks.

well resolved in both vertical and horizontal directions.
In Figures 7c and 7d we see horizontal displacements of
those peaks that are not apparent in Figures 6¢ and 6d.

3.1 Phase-correlation with Fourier transforms

Cross-correlation of whitened images is equivalent to
phase-correlation, a process that is widely used in the
context of image registration (Kuglin and Hines, 1975).

Phase-correlations are usually computed using
Fourier transforms. Let F and G denote the Fourier
transforms of images f and g, respectively. Then the
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cross-correlation ¢ = f % g has Fourier transform C =
F*@G. Assume temporarily that f and g are related by
a constant displacement vector shift u such that
f(z1,22) = g(z1 + w1, z2 + uz).

Then

F(k1,k2) = G(ki, ko )etk1vrtikeva

and

Clk1, k2) = |F(ky, k2)||Glky, kp) ™1 —Hhame,

In phase-correlation we divide by the amplitude fac-
tors to obtain

— F*(ky, k2) Gk, k2) —e
T |F(ky, k2)| |G (K1, k2)|

These divisions in the frequency domain whiten the am-
plitude spectra of our images f and g. After this division
the inverse-Fourier transform of P(ki,k2) is a shifted
delta function

—ikyjuy —ikaug

P(ky, k2)

p(xr1,x2) = 8(z1 — w1, T2 — u2).

Note that the peak at (ui,u2) of the phase-correlation
delta function p is equally well-resolved in all directions.

In practice both p and P are sampled functions
and we compute the latter with fast Fourier transforms.
One method for then estimating the components of con-
stant displacement u; and w2 is to fit by least-squares
a plane to the sampled phase of P(k1, k2), perhaps re-
stricting the fit to those frequencies (k1, k2) for which
signal-to-noise ratios are high. The fitting parameters
are the unknown components u; and uz. More sophisti-
cated frequency-domain methods are described by Hoge
(2003) and by Balsi and Foroosh (2006).

In our discussion of phase-correlations above we
temporarily assumed that the components of displace-
ment u; and uy are constants. When displacements vary
spatially, Fourier-transform methods applied to local
windows are costly, especially when estimating appar-
ent displacement vectors for every image sample. To es-
timate a dense spatially varying vector field of appar-
ent displacements, we need an alternative space-domain
method.

3.2 Local prediction error filtering

Our alternative is to apply local prediction error filters
to the images f and g before computing local cross-
correlations. These filters approximately whiten the am-
plitude spectra of the images, much like frequency-
domain division by |F| and |G| in phase-correlation. The
difference is that the prediction error filters are local;
we compute and apply a different filter for every image
sample.

For a sampled image f, the simplest 2-D prediction
error filter that could possibly work computes prediction
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errors

eljr, j2; k1, k2] = flir, gl
—ailk1, k2] f[j1 — 1, 72
—az[k1, ka] flj1, 52 — 1],

where the coefficients a, [k, k2] and az[k:, k2] are found
by minimizing a sum of squared prediction errors:

Elk1, ko] = Z €*[j1, 52; k1, k2] wiky — j1, k2 — ja).

J1.J2
Again, the Gaussian window w localizes our computa-
tion of the prediction coefficents a; and az. For each im-
age sample indexed by [k, k2], we minimize this sum by
setting both OE/da; and OF/day to zero, which leads
to the following system of equations:

R Ri2 ar | _ | n
[312 Rzz][az]—[’f‘z]’ (6)
where
R = E £l — 1, 4a] wlks — 1, k2 — o]
J1.32
= X Pl wlky — 1= i ko — 72
J1.d2

= Crplk1 —1,k2;0,0),
and likewise
Riz = Cyp(ky — 1,k2;1,-1),
R22 = Cys(k1, k2 — 1;0,0),
1 = Cys(k1,ke; —1,0), and
re = Cys(k1, k2;0,—1).

We use equation 2 to compute the auto-correlation val-
ues Cyys(k1,k2;l1,12). The 2 X 2 matrix in equations 6
is symmetric and positive-definite (for non-constant f),
as it is a Gaussian-weighted sum of outer products:

[ flir — 1,42 ] [flr = 1,32) fljr,d2 — 1]
fli 32 —1]

Therefore, this matrix is never singular and a solution
[a1 a2] always exists.

In the 3-D example of Figures 1-4, we computed
three prediction coefficients a1, a2, and a3 in a straight-
forward extension of equations 6. We again used a 3-D
Gaussian window with radius o = 12 samples.

It is important that we evaluate the auto-
correlation values in equation 6 at the correct sample
indices. For example, the value R1y = Cjys[k1—1, k2;0,0]
that we need to compute a;[ki, k2] and az[ki, k2] typ-
ically does not equal the value Cyylki,k2;0,0]. If the
latter value is used, then the system of equations 6 may
not be positive-definite and solutions may not exist.

By computing and applying prediction error filters
for every sample of the images shown in Figures 6a
and 6b, we obtain the images shown in Figures 7a

and 7b. Although our local prediction error filters are
simple, with only two coefficients, the normalized lo-
cal cross-correlations shown in Figures 7c and 7d have
peaks that are more well-resolved than those in Fig-
ures 6¢ and 6d.

Unfortunately, resolution of the correlation peaks in
Figures 7c and 7d is now too high. A quadratic function
is inadequate for interpolation of broadband signals such
as the sampled correlation function shown in Figure 7d.
Errors in quadratic fitting are responsible for the dis-
continuities and patterns visible in the estimated com-
ponents of displacement displayed in Figures 7e and Tf.

3.3 Bandlimited local phase-correlations

To reduce errors in quadratic fitting, we apply a 2-D
low-pass smoothing filter to our images after spectral
whitening. This filter has an isotropic Gaussian impulse
response, like the 2-D window w that we use for local
cross-correlations, but with a smaller radius ¢ = 1 sam-
ple.

Figures 8 show the result of smoothing after whiten-
ing for our test images. Like those in Figures 7c and 7d,
the correlation peaks in Figures 8¢ and 8d remain well-
resolved and more isotropic than those in Figures 6c¢
and 6d, while smooth enough to reduce artifacts caused
by errors in quadratic fitting.

In addition to improving the accuracy of quadratic
fitting, low-pass filtering has another benefit. Prediction
error filtering tends to enhance high-frequency noise.
Where this noise is not repeatable in time-lapse experi-
ments, it will degrade estimates of displacements. Gaus-
sian smoothing after prediction error filtering attenuates
the higher frequencies.

Smoothing after prediction error filtering is com-
mon practice in seismic data processing. For example,
spiking deconvolution, a form of prediction error fil-
tering, is often followed by low-pass filtering of seis-
mograms. We use the same processing here, but with
multi-dimensional prediction error filters computed and
applied seamlessly for each image sample.

3.4 Remaining problems

In all of the examples of Figures 6, 7, and 8, we com-
puted cross-correlation values for multiple integer lags
[l1,12], and then fit 2-D quadratic functions to correla-
tion peaks.

Recall that the fitted quadratic function need not
exactly interpolate any of the 9 samples nearest to the
sampled maximum correlation value, because the bi-
quadratic function has only six coefficients. Also recall
that this misfit may be greater in 3-D, as we fit 27 sam-
pled correlation values with only 10 tri-quadratic coef-
ficients. Errors in quadratic fitting have been reduced
but not eliminated in the example of Figures 8.

Another problem is the amount of memory needed
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Figure 8. Images (a) and (b) after whitening with local pre-
diction error filters and smoothing with a 2-D Gaussian filter.
Smoothing attenuates high-frequency noise that is amplified
by whitening, and facilitates location of the peaks of each
of the phase-correlations shown in (¢) and (d). Estimates of
vertical and horizontal components of displacement in (e)
and (f) are more accurate than those without smoothing in
Figures 7e and 7f.

to hold all of the correlation values required for fitting.
Recall that we compute for each lag [l1, 2] an entire im-
age of cross-correlation values Cyglk1, k2; 1, 12]. As sug-
gested by equation 2, this computation enables us to
implement Gaussian windowing with efficient recursive
filters.

As we iterate over lags, we must update for each im-
age sample indexed by [k1, k2] the lag [l1, l2] for which a
maximum sampled correlation value is found. For each
sample, if the current correlation value exceeds the max-
imum value found so far, we update that maximum
value and record the lag. After this first iteration over
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lags, the total number of correlation values computed is
the product of the number of image samples times the
number of lags.

This product can be a large number, especially for
3-D local correlations of 3-D images. Assuming that we
do not store all of the correlation values computed in
the first iteration, we must then recompute in a second
iteration the sampled correlation values for lags near-
est the lag with the maximum value. As we recompute
those correlation values, we must update and store the
coeflicients of the quadratic polynomials required to lo-
cate correlation peaks. For 2-D images, 6 coefficients are
required; for 3-D images, 10 coefficients.

Compared to memory required for other types of
3-D image processing, storage for 10 3-D volumes of
coeflicients is large but not prohibitive. And this factor
of 10 is typically much less than the number of lags
[l1,12,13] scanned in the search for correlation peaks. We
need not store the correlation values for all lags scanned.

Nevertheless, as described in the following section,
we can significantly reduce both the memory required
and the number of correlation values computed, while
eliminating any errors due to quadratic fitting.

4 CYCLIC SEARCH

Following the whitening-and-smoothing step describe
above, the second step in our process is a cyclic sequence
of correlations and shifts along each of the axes of our
images.

4.1 Correlate-and-shift

We begin by cross-correlating two images in the verti-
cal direction and finding the locations of peaks of those
correlations. The peak locations that we find for each
image sample correspond to one component of the dis-
placement vectors that we wish to estimate.

We then shift one of the images using high-fidelity
sinc interpolation to compensate for our estimated ver-
tical components of displacements. This interpolation
aligns the two images by applying spatially varying ver-
tical shifts to one of them.

After compensating for vertical displacements,
alignment is incomplete where horizontal components
of displacement are non-zero. We therefore repeat this
correlation and shifting to estimate and compensate
for those horizontal components. After correlating and
shifting for each image axis, we repeat the entire se-
quence of vertical and horizontal correlations and shifts
until all shifts are negligible.

Figures 9 show estimated components of displace-
ment for a four-cycle sequence of correlations and shifts.
In each cycle we correlate and shift in both vertical and
horizontal directions.

As we cross-correlate for one component of lag, say,
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Figure 9. Four cycles of sequential estimation of two com-
ponents of displacement for the images in Figures 8a and 8b.
We first estimate vertical components of displacement (a).
After shifting the image in Figure 8b vertically to compen-
sate for these displacements, we estimate and compensate
for horizontal components (b). Repeating this process, we
obtain second (c and d), third (e and f) and fourth (g and
h) estimates of displacements. Compare these final estimates
with the known displacements in Figures 5.

l1, the other components of lag are zero. In other words,
we compute only the central column of normalized lo-
cal cross-correlation functions like that displayed in Fig-
ure 8d. The images and the Gaussian correlation win-
dows remain multi-dimensional; we use equation 2 just
as before. But we restrict our computation of cross-
correlation values to lags for which I; = 0.

In the example of Figure 8d, the maximum corre-
lation value for [l1,l2 = 0] occurs for lag l; = 3. So we
would use quadratic interpolation of the sampled corre-
lation values ¢[2,0], ¢[3,0], and c[4,0] with equation 5
to estimate the location of the correlation peak (some-
where between lags I) = 2 and l; = 3) with sub-pixel
precision.

As we iterate over lags l;, we need only keep the
most recent three cross-correlation values for each im-
age sample. These values correspond to lags I, — 1, I3,
and l; 4+ 1. When the correlation value for the middle
lag !, exceeds the values for the other two lags, we use
equation 5 and quadratic interpolation to interpolate a
correlation peak value. If that peak value exceeds the
maximum peak value found so far, we update the max-
imum and the displacement u; at which the maximum
occurs.

The resulting estimates of displacement shown in
Figures 9g and 9h are the most accurate of all such
estimates shown in this paper. Compare these estimates
with the known displacements in Figures 5.

4.2 Why cyclic search is better

Several features make this cyclic sequence of correlations
and shifts attractive.

First, because only three (not six or ten) correlation
images are required to interpolate peaks, a cyclic se-
quence of one-dimensional searchs for correlation peaks
requires less memory than the direct multi-dimensional
search used for Figures 6, 7, and 8.

Second, each 1-D quadratic interpolation we per-
form to locate peaks is guaranteed to find a peak
value within one-half sample of the integer lag at which
the maximum sampled correlation value occurs. Recall
that no such guarantee exists for bi-quadratic and tri-
quadratic fitting of 2-D and 3-D correlation values; the
best-fitting quadratic polynomial may be a saddle with
no peak at all. In this aspect 1-D quadratic interpolation
is more robust.

Third, the cyclic sequence eliminates errors due to
quadratic interpolation, because those errors go to zero
as the shifts converge to zero. In each correlate-and-shift
cycle, we compute shifts with quadratic interpolation,
but we apply these shifts using sinc interpolation. (Sinc
interpolation is commonly used in seismic data process-
ing to apply one-dimensional shifts that vary with time
and space. An example is normal-moveout correction.)
Therefore, errors in quadratic interpolation do not ac-
cumulate and are gradually eliminated.



Finally, in a cyclic search for correlation peaks, we
may compute fewer correlation values than in an ex-
haustive search over all possible lags [I1,l2] (or, in 3-D,
[l1, 2, 13]) displayed in Figure 8d. In each correlate-and-
shift step of cyclic search, we compute only one column
or one row of cross-correlation values marked by blue
axes in Figure 8d.

Computational cost is proportional to the number
of correlate-and-shift cycles required to align the two
images, that is, for shifts to become negligible. When
displacements are small, convergence requires few itera-
tions. And as shifts decrease in later iterations, cost can
be reduced by limiting the range of lags for which we
compute correlation values.

Our cyclic search resembles iterative Gauss-Seidel
solution of large sparse systems of linear equations, in
which one iteratively solves one of many equations for
one variable while holding constant the other variables.
Cyclic search is also a well-known algorithm for opti-
mization of functions of several variables. In that sense
here we use cyclic search to maximize cross-correlation
functions computed for every image sample.

In the 3-D example of Figures 14, we used two
cycles of vertical-crossline-inline shifts. The shifts in the
second cycle were large enough to be worth applying,
but not so much as to warrant a third cycle.

4.3 Displacements from a sequence of shifts

As our cyclic search converges, the two images become
well aligned, and the shifts tend toward zero. How do we
estimate displacements from the shifts that we compute
and apply in each iteration of cyclic search?

Estimated components of displacements should not
be simple sums of shifts computed and applied in each
cycle.

To understand how to compute displacements from
a sequence of shifts, consider equation 1 for some un-
known components of displacement u; and uz. Then
suppose that we have initial estimates u§°’ and ugo)
(which may be zero) for these components and a cor-
responding shifted image

holj1, j2] = g(j1 + Ugo)[jl,jZL J2 +u§°’[j1,j2]).
Cross-correlating images f and ho for lags [l1,l> = 0],

we estimate shifts s; that best align these two images
vertically. We then use sinc interpolation to compute

hij1,42) = ho(jl + s1{71, 7o), jz)

Cross-correlating images f and h; for lags [l = 0,13],
we estimate horizontal shifts s2, which we again apply
with sinc interpolation to obtain

halj1,j2] = b1 (jx, J2 + Sz[,il,jz])-

Now suppose that this one cycle of two shifts has
aligned the two images, that our cyclic search has con-
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verged such that f[j1,j2] = h2[ji, j2)- How do we com-
pute the components of displacements u; and u,?
Combining equations in the sequence above,

haj1, j2]

h (jl, J2 + sz[jl,jz])

ho(j1 + s1(j1, J2 + s2[j1,72]), J2 + Sz[jl,jz])
9(ir + w1, 2], g2 + w2li, 52l),

I

I

il

where the components of displacements u#; and uz are
u1[f1,72] = 81(]'1, J2 + Sz[,il,jzl) +

wl” (1 + 51031, 2 + salin, 2)), o + 8251, g2l
and
uz(j1, j2] = s2l1,72] +

ué") (jl +51(j1, j2 + s2(j1,72]), d2 + sz[j1,j2])-

It would be awkward and inefficient to compute dis-
placements in this way, only after our cyclic correlate-
and-shift sequence has converged. Instead we compute

uﬁ”b'l,jz] = u§°) (jl + s1[51, j2), j2) + s1[j1, 42

ug (i1, 52) = u§” (r + s1li, 52), 32),

and then

ufP (i, 5a) = wi” (j1, j2 + 5201, 5a])

uP i, g2] = u§? (1, gz + s2ljr, 52l) + selin, o).

And because this single cycle of sequential shifts has
converged,

wljs, 2] = ui? 1, jo]

walji, ja) = ui [j1, ja).

More generally, in the mth iteration of cyclic search,
we estimate shifts s, from local cross-correlations of
images f and hn,,—1. If m is odd, we then compute

hunli1,d2) = hm—1(j1 + smlj1, J2], j2)

Ugm)[jx,jzl = uﬁ"“”(jl + Sm[jl,jzl,jz) + smlj1, 2]

(m-1)

u§g™ i1, ja] = u$™ Y (1 + smlir, g2 J2);

otherwise, if m is even, we compute

hm[j1, 2] = hm—1 (jl,jz + sm[jl,jz])

w{™ iy, ja] = u{™ " (j1, 42 + smlir, 5a])

w§™ (1, 52) = w§™ "V (41, 52 + smljr, g2l) + smli, dol-

We repeat this cyclic sequence of correlations and shifts
until s, is negligible.

The least obvious result of this analysis is this: in
the mth iteration of cyclic search we should use the
computed shifts s, to interpolate not only the image
hm-1, but both estimated components of displacement
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and u
either u{™ " or u

In this way we iteratively computed the two com-
ponents of displacement shown in Figures 9. We used a
straightforward generalization of this cyclic sequence to
estimate the three components of displacement shown
in Figures 2-4.

The significance of interpolating displacements be-
fore accumulating shifts depends on the spatial vari-
ability of the displacements. Where displacements are
constant, this interpolation is unnecessary. Where dis-
placements vary, as in the examples shown in this paper,
omitting their interpolation would yield biased errors.
Whether small or large, these errors can be eliminated
by the sequence of computations described above.

uﬁ"‘“’ g’"“’ as well, before adding those shifts to

(m-1)
(m-1),

5 CONCLUSION

Our process for estimating apparent displacements from
time-lapse seismic images consists of two steps: (1) spec-
tral whitening and Gaussian low-pass filtering followed
by (2) a cyclic sequence of local correlations and shifts.

This process exploits readily available tools for
image processing. We use efficient recursive filters to
achieve seamlessly overlapping Gaussian windows in our
computation of local cross-correlations and for isotropic
low-pass filtering. We use local cross-correlations to esti-
mate displacements and to compute multi-dimensional
local prediction error filters

The combination of cross-correlation after spec-
tral whitening with prediction error filters approximates
phase-correlation, a well-known tool used for image reg-
istration. Our adaptation of this tool enables a local
phase-correlation function to be computed efficiently for
every image sample.

The cyclic sequence of correlations and shifts is
a natural extension of today’s common estimation of
vertical apparent displacements from time-lapse seismic
images. Indeed, we typically begin by correlating and
shifting in the vertical direction, because that direction
is likely to yield the largest shifts. We then apply re-
peatedly the same simple, accurate and robust process
commonly used today for the vertical dimension to all
three spatial dimensions of 3-D images.

The one parameter that must be chosen with care
in our process is the radius o of the Gaussian windows.
Computational cost is independent of this radius, but
the accuracy and resolution with which we can measure
apparent displacements depends on it. Local correla-
tions become less reliable as windows become smaller.
Our ability to resolve changes in these correlations de-
creases as windows become larger.

In all of the examples shown in this paper, we have
used ¢ = 12 samples. If we assume that a Gaussian
is effectively zero for radii greater than 3o, then each
of the 3-D correlation windows used for the example

shown in Figures 1-4 contains almost 200,000 samples.
This number implies extensive averaging, and accounts
in part for the smoothness in our estimated displace-
ments.

Large windows do not however guarantee smooth
displacements. For example, in Figure 6 estimated hori-
zontal components of apparent displacement are discon-
tinuous, implying infinite apparent strain. Where oth-
ers (e.g., Rickett et al., 2005; Hall, 2006) have imposed
smoothness constraints on estimated apparent displace-
ments (in addition to using local windows for correla-
tions) we have instead refined our processing to address
the sources of these discontinuities.

While there is no guarantee that this improved
processing will ensure sufficient accuracy or resolution,
there is also no reason why this same processing could
not be used in conjunction with the additional smooth-
ness constraints developed by others.
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Local dip filtering with directional Laplacians
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ABSTRACT

Local dip filters attenuate or enhance features with a specified dip that may vary
for each image sample. Because these multi-dimensional filters change with each
sample, they should have a small number of coefficients that can be computed
efficiently from local dips. They should handle features that are vertical as
well as horizontal. They should have efficient and stable inverses that facilitate
the design and application of more discriminate notch filters. Local dip filters
constructed from approximations to directional Laplacians have these properties
and are easily implemented in any number of dimensions.

Key words: seismic image processing

1 INTRODUCTION

In seismic imaging of the earth’s subsurface, we often
describe the orientations of locally planar features by
dip angles 0 and, for 3-D images, azimuthal angles ¢.
Dip filters attenuate or enhance planar features based
on their dips and azimuths, and local dip filters are those
that can adapt locally to sample-to-sample changes in
those parameters.

Orientations of locally planar features may also be
described by reflection slopes. Fomel (2002) describes
a method for implementing plane-wave destruction fil-
ters with numerous applications, including estimation
of local slopes 0. Most of the applications described by
Fomel are for images that have not been migrated, for
which the vertical axis is time, and for which slopes are
limited by seismic wave velocities.

After migration, slopes of features in seismic images
may be infinite. Consider the dip of the flank of a salt
dome or a fold or the dip of a fault plane. Robust local
dip filters discriminate among features that are vertical
as well as horizontal, without special handling of infini-
ties. They are best parameterized by dips 6 instead of
slopes o.

Local dip filters should be invertible. From inverses
we can construct better dip filters and notch filters
that surgically remove features with a specified local
dip without attenuating other coherent features having
slightly different dips.

Figures 1 show an example. I first applied a local

dip filter to the image of Figure la to obtain the image
of Figure 1b. To this image I then applied the inverse
of a slightly modified local dip filter to create a notch
filter and the image of Figure 1c. Whereas both dip and
notch filters have removed strong coherent events, the
notch filter has preserved weaker but interesting coher-
ent features in Figure lc.

Inverses of local dip filters are also useful for regu-
larization in seismic inverse problems. Instead of simply
requiring that solutions to such problems be smooth,
we may require that they be smooth in some spatially
varying directions. For example, those directions might
correspond to geologic dip (Clapp et al., 2004; Fomel
and Guitton, 2006). Figure 1d shows an example of such
anisotropic smoothing.

In this paper I describe invertible local dip filters
that are based on approximations to directional deriva-
tives of images. These robust filters handle features that
are vertical as well as horizontal, and have inverses that
can be used to construct notch filters. The directions
for the derivatives and, hence, coefficients of the filters
depend on estimates of dips of locally planar features.

1.1 Estimating local dips

To apply a local dip filter or its inverse, we need esti-
mates of local dips. In all of the examples of this paper, I
estimate local dips using local structure tensors, which
are also called gradient-square tensors (van Vliet and



Figure 1. A seismic image (a) after local dip-filtering to
remove the dominant locally linear feature found at each
sample. Filtering a broad range of dips (b) eliminates these
features and many others as well, leaving only high spatial
frequencies. Local notch filtering (c) is more discriminate,
preserving many weaker but locally coherent features of in-
terest. Applying the inverse of a local dip-filter to random
noise yields a texture (d) that shows the local orientation
estimated for each sample in (a).

Verbeek, 1995). For 2-D images, a structure tensor is a
2 X 2 matrix:

<g¥> < >
G — a1 9192 , (1)
<gq1g2> <gi>

where g1 and g2 denote vertical and horizontal compo-
nents of the gradient of an image, and < - > denotes
2-D Gaussian smoothing.

As shown by van Vliet and Verbeek (1995), the
orthogonal unit eigenvectors i and v of the positive-
semidefinite matrix G describe the orientation of locally
linear features. Specifically, for each sample the vector
0 corresponding to the largest eigenvalue is orthogonal
to the locally dominant linear feature at that sample.

Figures 2 show examples. The components of the
unit vectors 1 and ¥ are related to local dips 6 by

u; =cosf® and w2 = —sinb,
v1 =sin@ and wv2 = cosf.

By convention the vertical component u; of @ is non-
negative; that is, —7/2 < 8 < 7/2.

(b)

Figure 2. Unit vectors ii and ¥ (a) define a coordinate sys-
tem aligned with the dominant dip estimated for every image
sample. By convention vertical components u; (not shown)
of the local normal vectors @ are always non-negative and in
this example are close to one for most samples. Horizontal
components u2 (b) are positive (white) for features dipping
upward to the right (6 < 0), and negative (black) for features
dipping downward to the right (6 > 0).

2 FOUR BASIC FILTERS

I begin by describing four basic local dip filters. The
second and third filters are derived from the first filter,
which was proposed by Claerbout (1992). The fourth fil-
ter is Fomel’s (2002) plane-wave destruction filter, which
I describe here for comparison and also because its im-
plementation is almost identical to that of the third fil-
ter.

2.1 Claerbout’s wavekill filter A

Let f denote a sampled image like that in Figure 2a, and
let g denote the output of a local dip filter A applied to
f- In directions parallel to the vectors ¥ in Figure 2a,
the image f changes slowly, and so derivatives in those
directions will be small. Hence, a simple local dip filter
A can be constructed from a local directional derivative:

g=v-Yf,
or
A=v.V=vTV.
A simple finite-difference approximation to the gradient
V has components
1] 1 1| 1
o . |7z|"2 and 9|72 2
8z, 1| L Ozz [_1f 1
3] 2 2| 2

where x; denotes the vertical spatial coordinate increas-
ing downward and z; denotes the horizontal spatial co-
ordinate increasing to the right. The filter A is then

_utvg|_vi-wy
A= 2 2
v —vg vytvg !
2 2




where v, and v, are vertical and horizontal components
of the unit vector ¥ aligned with the features that we
wish to attenuate.

Alternatively, we can express the filter A in terms of
vertical and horizontal components of the normal vector
a:

_uj—up u]+u2

CH (2)

A= 2
_u|+u2 ul—ug
2

This is the stencil for the wavekill filter proposed by
Jon Claerbout (1992). When applied to an image f, this
filter attenuates features that are parallel to the vector
v and perpendicular to the vector ii.

2.1.1 Implementing A

As the vectors G and v vary from sample to sample, so
do the coefficients of this filter. The computational cost
of computing those coefficients for each sample is small,
due to their simplicity and the filter’s compact 2 x 2
stencil.

If we let

_urtup 3)

(m for minus, p for plus) then the wavekill filter stencil
becomes

A=l Pl (4)
—p| m

An equation that implements this local dip filter is

g[il,izl = m[il,‘iQ] X f[il,iz]
+ plir, iz] X fir — 1,42
plir,i2] x flix,i2 — 1]
m[il,i2] X f[‘Ll —_ 1,i2 _ 1] (5)

for all image sample indices i, and is.

In this implementation I have chosen the lower-
right corner of the filter stencil as the output sample for
the filter. My choice is somewhat arbitrary. The sten-
cil has no sample about which it is symmetric, so any
corner will do.

Choosing the lower-right corner makes A a causal
quarter-plane filter in the sense that the output g[i1, i2]
depends only on present and past input samples in the
upper-left quarter plane.

l

2.1.2 Implementing A~}

If a causal filter has a causal and stable inverse, then
we say it is minimum-phase. (For an extension of the
minimum-phase concept to multi-dimensional filters, see
Claerbout, 1998.) The filter A is not minimum-phase; its
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causal inverse is unstable. We obtain that causal inverse
by rewriting equation 5 to solve recursively for

fliry2] = (glin, 2]
= plir, d2] X flir — 1,42]
+ p[’il,izl X f[‘il,iz - 1]
+ mlin, 2] X fli1 — 1,42 — 1]) /m[i1,ia].  (6)

A necessary (but insufficient) condition for stability is
that the divisor mli1, 2] is never zero. For a dip § = —45
degrees this inverse filter is clearly unstable, for then
up = uz and m = 0. In fact this causal inverse filter is
unstable for all negative dips for which m < p.

2.1.3 Amplitude spectra of A

To assess the fidelity of the forward filter A we may look
at its 2-D amplitude spectra for various dips, as shown
in Figure 3.

For small wavenumbers less than half-Nyquist,
these filters have the desired amplitude response, with
the greatest attenuation along a (dark blue) line in the
direction of the normal vector . For higher wavenum-
bers, contours of constant amplitude are no longer lin-
ear, and the wavekill filter attenuates dips that are not
parallel to ¥. This dispersion is caused by the finite-
difference approximation to the gradient v.

2.2 Symmetric filter ATA

From the simple wavekill filter A = ¥-V = 97V we can
construct a symmetric filter

ATA = VTV
= VT -aa")V, (1)

where I = 6a” + 997 is a 2 x 2 identity matrix. Since
A is a directional derivative, AT A is like a directional
second derivative, or a directional Laplacian. More pre-
cisely, AT A is the negative of a directional Laplacian,
because V'V = —V2,

2.2.1 Implementing ATA

An obvious way to apply this filter is to first apply the
linear filter A and then apply its transpose AT. The
transpose filter AT is easy to implement if we think of
equation 5 as multiplication by a sparse matrix, with
the columns of the input and output images f and g¢
arranged end to end in tall column vectors.

Thinking of the filter AT in this way leads us to the
following observation. Whereas equation 5 gathers four
weighted input samples f to compute one output sample
g, its transpose scatters one input sample into four out-
put samples with the same weights. This gather-scatter
symmetry can be seen in any software that carefully
implements the transpose of a linear filter.



(d)

Figure 3. 2-D amplitude spectra of Claerbout’s (1998)
wavekill filters A for dips of (a) 20, (b) 40, (c) 60, and (d)
80 degrees, and for —7 < k; < 7w and —7 < ko < . Dark
blue denotes zero. Dark red denotes the maximum amplitude,
which varies for different filters.

Because the stencil for the filter A is small, the
stencil for the filter AT A is only slightly larger

—m? | 2mp| —p

ATA="omp| 1 |—2mp), ©)

2

2

—p 2mp| —m?

where m and p are defined by equations 3. This stencil
is simply the 2-D auto-correlation of that in equation 4.

I have momentarily assumed that m and p are con-
stants. When they vary spatially the coefficients in this
stencil are not centrosymmetric (not symmetric about
its center) and the central coefficient may not equal one.

It might be tempting to implement this filter by us-
ing m[i1,42] and p[i1, 2] for the indices i, and iz of the
central sample in this stencil to compute the filter coeffi-
cients for the eight adjacent image samples. But this ap-
proach does not yield a symmetric positive-semidefinite
composite filter AT A.

As described above, one proper way to implement
AT Ais to first apply the filter A for variable coefficients,
and then to apply the filter AT for variable coefficients.
The impulse response of the composite filter ATA will
vary with the location of the impulse, but it will not gen-
erally be centrosymmetric like the stencil of equation 8
above.

A more efficient way to achieve AT A is suggested
by equation 7. We may first apply the gradient filter V,
then multiply by the 2 x 2 matrix ¥v¥7 = I — ﬁﬁ’l_:, and
finally apply the transpose of the gradient filter V7.

These three steps can all be performed in a single
pass over the input and output images. Here is a frag-
ment of a C, C++ or Java computer program that im-
plements the filter of equation 7 in one-pass:

// i2=07
// i1=07

for (int i2=1; i2<n2; ++i2) {
for (int ii=1; il<nl; ++i1) {
float u2i = w2(i2)[i1];

float uli = sqrt(l.0f-u2i*u2i);
float all = 1.0f-uli*uli;
float ai2 = -uli*u2i;
float a22 = 1.0f-u2i*u2i;

float fa = f[i2 J(i1 J-f(i2-1][i1-1];
float fb = f[i2 J[i1-1]-f[i2-1)[i1 J;
float f1 = 0.5f*(fa-fb);

float £2 = 0.5f*(fat+fb);

float gl = alilxfi+al2*f2;

float g2 al2xf1+a22+£2;

float ga = 0.5f*(gl+g2);

float gb = 0.5f*(gi-g2);

gli2 J[i1 1 = ga;

gli2-11[i1-1] -= ga;

gli2 1[i1-1] -= gb;

gli2-11[i1 ] += gb;

}
}

This simple fragment does not compute the first row
i1 = 0 or first column i = 0 of the output image g;
those cases are easily handled by assuming zero values
outside array bounds.

2.2.2 Implementing (ATA)™!

In applications requiring inverse filters, a symmetric
positive-semidefinite AT A is especially useful. For if we
try to apply (ATA)™! = A~'A~T using a cascade of
fast recursions as in equation 6, we encounter the same
instability that we have seen before.

However, because ATA is symmetric positive-
semidefinite and sparse, we can apply inverse filters by
solving systems of equations AT Af = g by the iterative
method of conjugate gradients. This method requires
only three extra arrays, each the size of the images f
and g. For 3-D images, this relatively low memory re-
quirement can be an important consideration.

An alternative to conjugate-gradient iterations is
Cholesky decomposition of AT A. For variable coeffi-
cients this matrix decomposition may be more costly
than the method of conjugate gradients.

However, an approximation to Cholesky decompo-
sition may be adequate. The approximation is Wilson-
Burg factorization (Fomel et al., 2003), a method
for computing a minimum-phase filter from its auto-
correlation. The Wilson-Burg method computes a
minimum-phase filter A such that



Figure 4. 2-D amplitude spectra of symmetric filters AT A
for dips of (a) 20, (b) 40, (c) 60, and (d) 80 degrees, and
for -7 < k3 < 7 and —w < kz < w. These amplitudes are
the square of those in Figures 3. Dark blue denotes zero.
Dark red denotes the maximum amplitude, which varies for
different filters.

ATA~ AT A. (9)

In my approximations I computed minimum-phase fil-
ters A with 14 non-zero coefficients such that AT A ap-
proximates AT A in the stencil of equation 8 above.

I have tabulated such filters as a function of dip 8,
and then applied A for variable coefficients by select-
ing for each output sample the most appropriate filter
from the table. Because each of the tabulated filters A
is minimum-phase, both A and AT have stable inverses,
and those inverses A~! and A~T can be implemented
efficiently as recursive filters.

In practice the differences between AT A and ATA
are insignificant; the approximation in equation 9 is ad-
equate. Differences in the inverses however may be more
significant. Even then the filter A~!A~7 is useful as a
preconditioner (approximate inverse) in the method of
conjugate gradients when applying (AT A)~!.

2.2.3 Amplitude spectra of ATA

For constant coefficients we may compute amplitude
spectra of the centrosymmetric stencil ATA of equa-
tion 8 for different dips. These are shown in Figures 4.

Amplitude spectra for AT A are simply the square
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of those for A. (Compare Figures 3 and 4.) Squaring
the amplitudes broadens the valleys of attenuation. The
filter AT A attenuates the specified dip but significantly
attenuates many nearby dips as well. In this respect, the
filter AT A is less discriminant than A.

2.3 Folded filter B

A better filter would have the amplitude spectrum of
A and a stable inverse that does not require solution of
a sparse system of linear equations. I obtained such a
filter by folding the stencil of AT A in equation 8 from
right to left symmetrically about its center:

2

—2m*| 2mp

B=|-4mp| 1

2

—2p 2mp

In folding, I centrosymmetrically added coefficients on
the right side of the stencil for AT A to those on the
left side, leaving the central column of coefficients un-
changed.

To understand why such folding might provide a
useful dip filter, imagine a dipping feature that passes
through the central sample of the stencil for AT A. Be-
cause this stencil is centrosymmetric, the products of
the dipping feature and coefficents on the right are the
same as products obtained for coefficients on the left. So
we can simply double the left-side products and omit the
right-side products.

Another way to derive the stencil for B is to con-
struct a weighted sum of wavekill filters with the goal of
making that sum invertible. Recall that the inverse filter
of equation 6 is unstable for m = 0. In other words, for
m = 0, the filter of equation 5 is not invertible. In this
case, that wavekill filter has zero weight in the weighted
sum:

—-m| p 0| O

B=2mx —p m|+2p X|{—m Pl

0] 0 —-p| m

In this sum, the left-hand stencil handles the positive
dips 8 > 0 for which uz < 0 and m # 0, while the right-
hand stencil handles the negative dips 8 < 0 for which
uz > 0 and p # 0. The scale factor 2 makes this sum
the same as the stencil obtained by folding:

—2m?| 2mp
B = —Amp 1 | (10)
—20% | 2mp
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2.3.1 Implementing B

Implementation of the folded filter B with six coeffi-
cients is much like that for the wavekill filter A with
four coefficients. We let the middle-right coefficient with
value 1 in this stencil be the central sample for the filter
B. Then, for each output sample, we simply multiply co-
efficients in this stencil by corresponding input samples
and sum the products.

When the coefficients vary spatially this operation
is not convolution; but it is linear, and we may again
think of B as a large sparse matrix with which we com-
pute an output image g = Bf from an input image f.

2.8.2 Implementing B!

Because the central sample for the filter B is 1, and
therefore never 0, we might hope that this filter is easily
inverted. Indeed, this potential motivated the weighted
sum used to derive B. However, unlike the wavekill
quarter-plane filter A, the folded half-plane filter B is
not causal, due to the non-zero lower-right coefficient
2mp that is generally non-zero.

Therefore, given g[i1,i2] we cannot simply solve for
the central sample f[i1,42] in terms of previously com-
puted adjacent samples, as I did in equation 6. Specifi-
cally, the sample f[i;, 2] is coupled by the right column
of the stencil for B to the samples above and below it.

However, if we have already computed f[i1,i2 — 1]
for all indices ;, then we may compute f[i1,i2] for all
i1 by solving a tridiagonal system of equations. Unlike
more general sparse systems, tridiagonal systems can be
solved efficiently without iterations.

In summary, we may apply the inverse filter B~} to
an image by recursively solving tridiagonal systems of
equations from left to right. We begin with i2 = 0 and
assume that f[i;, —1] = g[i1,—1] = 0. We then solve
recursively for f[i1,0], f[é1,1], and so on.

2.3.3 Amplitude spectra of B

Amplitude spectra for the filter B are shown in Fig-
ures 5. Let us again focus our attention on small
wavenumbers near the centers of these spectra, where
the filters should be most accurate.

For small dips the amplitude spectra for B resem-
ble those for the wavekill filter A in Figures 3. For the
largest dip 8 = 80 degrees the amplitude spectrum of B
is more like that for AT A in Figure 4d.

These differences in amplitude spectra are caused
by folding in one direction. Folding horizontally makes
the horizontal part of the directional second-derivative
AT A more like a first-derivative, but leaves the vertical
part like a second-derivative.

One might wonder whether folding both horizon-
tally and vertically would reduce these differences. How-
ever, the resulting quarter-plane filter would treat fea-

(d)

Figure 5. 2-D amplitude spectra of folded filters B for dips
of (a) 20, (b) 40, (c) 60, and (d) 80 degrees, and for —7 <
ki1 < 7w and —n < kg < 7. Dark blue denotes zero. Dark red
denotes the maximum amplitude, which varies for different
filters.

tures with positive dips differently than those with neg-
ative dips. Therefore I folded only horizontally to obtain
the half-plane filter B.

2.4 Fomel’s plane-wave destruction filter C

Our search for a filter with a stencil like that in equa-
tion 10 was motivated by Fomel’s plane-wave destruc-
tion filter (2002), which has a similar stencil:

—(t0)ta)| U-o)2—a)
12 12
1 @+o)2- 2+0)(2—
¢ =[Gl emea) (11)
_ (1—-0)(2-0) (14+0)(2+0)
12 12
where ¢ = v1/va = —uz/u1 = tan@ is the slope of the

feature to be attenuated.

The coefficients in the left and right columns of this
stencil approximate quadratic interpolations of three
samples with indices i1 — 1, ¢1, and i1 + 1, evaluated
at iy — ¢/2 and i1 + 0/2, respectively. By subtracting
the interpolated value on the right from the one on the
left, this filter annihilates features with slope o.

The accuracy of the interpolation decreases with
increasing |o|. For vertical features, ¢ and the coeffi-
cients of C in equation 11 are infinite, and this filter is
unstable.



Fomel describes higher order interpolations that
could be used instead, but these too will fail for ver-
tical or near vertical features. The problem here lies in
choosing one direction for interpolation, the vertical x;
direction. For features with slopes |o| > 1 we should
instead be interpolating in the horizontal z2 direction.

2.4.1 Implementing C

Implementation of the plane-wave destruction filter for
any slope is the same as that for filter B described above,
and vice-versa. Indeed, one of my motives for designing
filter B was to make it easy to insert B into any existing
implementation of filter C.

Infinities for vertical features can be eliminated by
simply multiplying the coefficients of this filter by u, to
obtain

_ (u1-u2)(2u) —ug) (u1+u2)(2u; +up)
12 12
= | Rui—u2)(Ruituz) | (2u1—u2)(2u; tu2)
Cy =|_C2u u26 u) +ug uy uzs u1tua) | (12)
_ (u3t+u2)(2ustug) (u1—u2)(2uy —ug)
12 12

Coefficients of this normalized filter are finite for all
dips.

2.4.2 Implementing C~}

I have not used the normalized filters C5 in the exam-
ples shown in this paper, partly because they are not
the more familiar filters proposed by Fomel (2002), and
also because normalization does not help with the im-
plementation of inverse filters.

For slopes |o| < 1 we can implement inverse filters
C~! the same way we implement B~!. That is, we can
recursively construct and solve tridiagonal systems of
equations from left to right when applying C~!.

However, for slopes |o| > 1, the corresponding tridi-
agonal matrix is not diagonally dominant, and this left-
to-right recursion becomes unstable.

2.4.83 Amplitude spectra of C

Amplitude spectra for the plane-wave destruction filter
C of equation 11 are shown in Figures 6. For smaller
dips, the amplitudes resemble those of the other filters
described above.

For larger dips, these amplitude spectra are aliased.
This aliasing may be useful when attempting to remove
aliased dipping events from images, but in such cases
the filter C will for some wavenumbers also remove un-
aliased events having different smaller dips.

3 EXAMPLES

Qualities of the four local dip filters described above are
best illustrated with examples. To compare and contrast
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Figure 6. 2-D amplitude spectra of Fomel’s plane-wave de-
struction filters C for dips of (a) 20, (b) 40, (c) 60, and (d)
80 degrees, and for —x < k3 < 7 and —w < k2 < w. Dark
blue denotes zero. Dark red denotes the maximum amplitude,
which varies for different filters.

these filters, I applied them to images with small dips,
large dips, and a test image with a complete range of
all possible dips.

In all examples, I first estimated local dips from lo-
cal structure tensors, and then used those dips to com-
pute the coefficients for all four filters.

3.1 Small dips

The first example is the input image of Figure la (also
Figure 2a). Dips of dominant features in this image are
small, with |0] < 45 degrees.

Output images for all four filters — A, B, C and
AT A — are displayed in Figures 7. All filters attenuate
the locally planar events in these images. The output
images for filters A, B and C are almost identical as
we would expect from similarities in their amplitude
spectra for small dips.

The output for filter AT A is notably different, as
it effectively differentiates the input image twice in-
stead of once. This filter therefore further amplifies high
wavenumbers while attenuating a broader swath of dips
for low wavenumbers. Again this output is consistent
with the amplitude spectra for small dips shown in Fig-
ures 4a and 4b.

To test the inverses of the four filters for small dips,
I applied them to an image containing isotropically ban-
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Figure 7. Output images for local dip filters (a) A, (b) B,
(c) C and (d) AT A applied to the image of Figure la. All
filters attenuate locally coherent dipping features, but leave
only features with dips that differ significantly from the pre-
dominate dip. For small dips, the outputs for the folded filter
B and Fomel’s plane-wave destruction filter C' appear almost
identical to that for the wavekill filter A.

dlimited random noise. Inverses that are unstable for
such random images are also unstable for real images,
because pseudo-random rounding errors are created in
the application of inverse filters to any real image.

The causal recursive inverse A~! is unstable and
produces no output. For the small dips in this example,
the recursive tridiagonal inverses B~* and C ™! produce
almost identical textures.

Dips in the texture for the inverse (AT A)™! are less
well defined than those for B! and C~'. Because the
filter AT A attenuates a wider range of dips, its inverse
(ATA)~! amplifies a wider range of dips instead of a
single sharply defined dip at each sample.

3.2 Large dips

A simple way to test local dip filters for large dips is
to transpose the image used in the previous examples,
so that horizontal features become vertical. This trans-
posed image is shown in Figure 9a.

Figure 9b shows a synthetic test image with small
and large, negative and positive dips. For any sample
in this image, there exists only one coherent event with
one local dip, and the output for an ideal local dip filter
should be zero.

Figure 8. Application to a random-noise image of inverses
of local dip filters (a) A, (b) B, (c) C and (d) AT A. Causal
inverses of wavekill filters A are unstable. Inverses for the
folded filter B and Fomel’s filter C are obtained by recur-
sively solving tridiagonal systems of equations from left to
right. The inverse of the symmetric filter AT A is computed
by conjugate-gradient iteration.

Figure 9. Test image (a) with vertical features is the trans-
pose of the image of Figure la. Test image (b) is a synthetic
image with all dips.

Filter outputs for the transposed input are shown
in Figures 10. For this example, the coefficients of the
plane-wave destruction filter C' approach infinity, and
this accounts for the high amplitudes in Figure 10c.

The similarity of the outputs for the folded filter B
(Figure 10b) and the symmetric filter AT A (Figure 10d)
is consistent with their amplitude spectra for the largest
dip in Figures 4d and 5d. For dips near 90 degrees, both



(d)

Figure 10. Output images for local dip filters (a) A, (b)
B, (c) C and (d) AT A applied to the transposed image in
Figure 9a. For large dips, the output for Fomel’s filter C goes
to infinity.

of these filters approximate a second derivative in the
vertical direction.

I applied the inverses of these four filters to a
random-noise image to obtain the textures shown in
Figures 11. The inverse A~' for the wavekill filter is
again unstable, as is the inverse C~! for the plane-wave
destruction filter.

For near-vertical events the inverses B~! and
(ATA)™! exhibit similar textures in Figures 11b
and 11d, consistent with the similarity of the filters out-
puts in Figures 10b and 10d.

Outputs for the circular synthetic input with all
dips are shown in Figures 12. The most obvious dif-
ference in these output images is the instability of the
plane-wave destruction filter C for large dips.

Textures for the four inverse filters are shown in
Figures 13. The inverses A~! and C~! are again unsta-
ble. Texture for the inverse (AT A)~! is most consistent
for all dips.

4 USEFUL COMBINATIONS

We can combine basic filters like B and AT A and their
inverses to obtain notch filters or dip filters that are
more useful than the basic filters alone.

To simplify notation, let H denote the filter AT A
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(e)

Figure 11. Application to a random-noise image of inverses
of local dip filters (a) A, (b) B, (c) C and (d) AT A for dips
obtained from the transposed image in Figure 9a. Causal
inverses of wavekill filters A are unstable. Inverses for the
folded filter B and Fomel’s filter C are obtained by recur-
sively solving tridiagonal systems of equations from left to
right. The inverse of the symmetric filter AT A is computed
by conjugate-gradient iteration.

defined by equation 7:

—

H=ATA = V'V
= VT - ad")V.
If we neglect errors due to finite-difference approxima-

tions of derivatives, then the Fourier transform of this
basic filter is

H(k1, k) = (n1k1 +‘02k2)2.

Contours of constant amplitude H(k1,k2) are par-
allel lines corresponding to constant viki + vaka. These
parallel contours are apparent near the origins of the
spectra in Figures 4, where wavenumbers and finite-
difference errors are small.

4.1 Notch filters

To construct a notch filter, we first define a perturbed
basic filter

H(e) = V79TV +el.
Then a notch filter is the composite filter defined by
= H (e} H(0).



Figure 12. Output images for local dip filters (a) A, (b) B,
(c) C and (d) AT A applied to the test image in Figure 9b.
For large dips, the output for Fomel’s filter C goes to infinity.
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Figure 13. Application to a random-noise image of inverses
of local dip filters (a) 4, (b) B, (c) C and (d) AT A for dips
obtained from the synthetic test image in Figure 9b.

(d)

Figure 14. 2-D amplitude spectra of notch filters H, for
dips of (a) 20, (b) 40, (c) 60, and (d) 80 degrees, and ¢ =
0.01. Dark blue and red denote amplitudes of zero and one,
respectively.

Neglecting finite-difference errors, the Fourier transform
of this notch filter is

(vik1 + v2ka)?

) = ok k) ¢

Contours of constant amplitude Hy(ki,k2) are again
parallel lines corresponding to constant vi1k; + v2ka.

Amplitude spectra for notch filters with ¢ = 0.01
are displayed in Figures 14. Comparing these spectra
with those of Figures 4, we see how notch filters Hy, can
be more discriminate than the basic filters H = AT A in
their attenuation of specified dips.

The parameter € controls the width of each notch. If
we choose € = 0, then H, = 1 and the filters do nothing.
By increasing e slightly we create a narrow notch at the
dip to be zeroed, and the width of this notch grows with
€. Far from the notch, spectral amplitudes approach one.

A small positive € has a side benefit. It increases
the eigenvalues of H(e), thereby reducing the number of
iterations required when the method of conjugate gra-
dients is used to apply H !(e) in the notch filter Hy.
We can easily modify any implementation of H™! to
implement H ! (¢).

The difference between the basic filter H = ATA
and the notch filter H, is highlighted above in Fig-
ures 1b and lc, respectively. Both filters attenuate the
stronger coherent events in the image of Figure la. The
basic filter H attenuates much more, leaving only high-



Figure 15. 2-D amplitude spectra of dip filters H for dips of
(a) 20, (b) 40, (c) 60, and (d) 80 degrees, and € = 0.05. Dark
blue and red denote amplitudes of zero and one, respectively.

wavenumber and mostly incoherent energy. The notch
filter H, is more discriminate, preserving many coher-
ent and interesting features, while surgically removing
the stronger events.

4.2 Better dip filters

To construct a better dip filter, we perturb our basic
filter H in a slightly different way:

H(e)= VT [(1+ )] - aa"]V.

Then the improved dip filter is the composite filter de-
fined by

Hq = H ' () H(0).

Neglecting finite-difference errors, the Fourier transform
of this dip filter is

(vik1 + vak2)?
('Ulkl + ’U2k2)2 + é(kf + kg) ’

Contours of constant amplitude Hy(k1, k2) are lines ra-
diating from the origin. Amplitude is a function of only
the ratio ka/k;.

Amplitude spectra of this dip filter for ¢ = 0.05 are
displayed in Figures 15.

As their Fourier transforms suggest, our better dip
filters Hy are simply notch filters for which the width
of the notch grows with increasing wavenumbers k; and

Hy(ky, k2) =
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k2. The parameter € controls the rate at which the notch
width grows or, equivalently, the range of dips attenu-
ated.

4.3 3-D filters

Much of the design of local dip filters above can be ex-
tended to three (or more) dimensions.

We can estimate dips § and azimuths ¢ of locally
planar features from 3-D local structure tensors, 3 x 3
matrices computed from image gradients like those in
equation 1 for two dimensions. For each image sample,
the eigenvectors of these 3 x 3 matrices are orthogonal
unit vectors @, v and w. The vector 11 is normal to the
best-fitting plane and corresponds to the largest eigen-
value. The vectors ¥ and W lie within that best-fitting
plane.

In three dimensions

ATA=VT(I - aa")V,

which is identical to equation 7, except that vectors
now have three components instead of two, and I =
aa? + 997 + ww7 is a 3 x 3 identity matrix. In any
number of dimensions, the directional Laplacian AT A
is the isotropic Laplacian V7'V minus the projection of
that Laplacian onto the normal vector .

By subtracting the component of an isotropic
Laplacian that is orthogonal to a plane, we construct
local dip filters that attenuate features lying within that
plane.

As discussed above for two dimensions, the most ef-
ficient way to apply AT A for any number of dimensions
is to

(i) apply the gradient filter V,
(ii) multiply by the matrix 7 — Q" , and
(iii) apply the transpose of the gradient filter V7.

T

Again, these three steps can be performed in a single
pass over the input and output images.

Having generalized directional Laplacian filters
AT A to three or more dimensions, we can generalize
composites of these filters as well. Definitions and im-
plementations of the notch filter H,, and the dip filter
H, are almost identical in any number of dimensions.

Note that 3-D local dip filters constructed as direc-
tional Laplacians are not equivalent to a cascade of 2-D
filters. To understand the difference, consider a hypo-
thetical example in which we wish to remove horizontal
planar features from a 3-D image. For these features,
the normal vector @ points vertically downward.

In this case, the amplitude spectrum of the required
directional Laplacian filter is k2 -+ k2, where k; and k3
are wavenumbers corresponding to horizontal spatial co-
ordinates x2 and z3. As expected, this amplitude is zero
when both k2 =0 and k3 = 0.

If we instead apply a 2-D filter in the z, direction,
followed by a 2-D filter in the z3 direction, the amplitude
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spectrum of the composite filter is k3k3. This amplitude
is zero when either k2 = 0 or k3 = 0.

The difference between a 3-D directional Laplacian
and a cascade of two 2-D filters lies in the difference
between and and or. The filter cascade will attenuate
features that appear horizontal in either constant-z2
or constant-z3 slices of a 3-D image, even when those
features may be dipping in directions perpendicular to
those slices. The 3-D directional Laplacian will correctly
attenuate only truly horizontal features.

5 CONCLUSION

By constructing basic dip filters from directional deriva-
tives, we obtain filters that

adapt easily to changes in local dip,

handle robustly all (even vertical) dips,

can be inverted to construct notch filters, and
extend easily to any number of dimensions.

This paper highlights two such basic dip filters B and
AT A.

The folded filter B was designed to fit on the sten-
cil of Fomel’s plane-wave destruction filter C. Software
that uses filter C can easily be modified to use filter B,
which more robustly handles steeply dipping features
and has a stable and efficient inverse. The efficiency of
the inverse B! is due to the efficiency with which we
can solve tridiagonal systems of equations.

Folding to obtain the filter B from the symmetric
filter ATA is useful in two dimensions, but less so in
higher dimensions. The limitation is that folding works
for only one axis. In three or more dimensions, the in-
verse B! of a folded filter B requires solution of a
sparse system of equations that is not tridiagonal.

For 3-D images it may be simpler and more effi-
cient to use AT A instead. The symmetric filter AT A
has only a slightly larger stencil and can be implemented
efficiently in only one pass over input and output im-
ages. Inverse filters can be applied either by conjugate-
gradient iterations or with tables of minimum-phase fil-
ters precomputed by Wilson-Burg factorization.

Although the examples of this paper show only
2-D images, extension of the filter ATA to three and
higher numbers of dimensions is straightforward. We be-
gin with a finite-difference approximation to an isotropic
N-dimensional Laplacian, and then subtract away pro-
jections of that operator corresponding to the features
that we wish to preserve.

The filter ATA is not discriminate enough to be
useful by itself. However, by combining this filter with
inverses of slightly modified filters, we obtain notch fil-
ters and better dip filters. These combinations attenuate
strong coherent signals while preserving weaker signals
with slightly different dips. Such combinations may be
used to enhance as well as attenuate image features.
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ABSTRACT

Seismic methods play an important role in the development of tight frac-
tured reservoirs with substantial spatial variability of fracture density. Here,
we apply a comprehensive processing sequence designed for layered azimuthally
anisotropic media to wide-azimuth P-wave data acquired over a fractured gas
sand formation in the Rulison field, Colorado. The main processing steps
include nonhyperbolic moveout inversion based on an orthorhombic veloc-
ity model, estimation of effective and interval normal-moveout (NMO) el-
lipses, anisotropic geometrical-spreading correction, and azimuthal amplitude-
variation-with-offset (AVO) analysis.

The azimuthal AVO response, obtained by computing the azimuthally
varying AVO gradient on common-midpoint supergathers, proved to be the most
sensitive fracture-detection attribute. In particular, we have identified two areas
of extremely high AVO ellipticity at the bottom of the reservoir. One of these
AVO anomalies becomes much more pronounced and spatially coherent after
application of the moveout-based anisotropic geometrical-spreading correction
(MASC). In contrast, the interval NMO ellipticity in the reservoir is relatively
weak, most likely because of the influence of vertical and lateral heterogeneity.

The two major AVO-gradient anomalies at the bottom of the reservoir
coincide with the intersections of two wrenching fault systems, which suggests
that the azimuthal AVO analysis helped to detect “soft spots” of high fracture
density. Also, the dominant fracture direction (N70W) estimated from the AVO
ellipses is aligned with one of the fault systems and is in good agreement with
EMI logs.

Key words: case study, wide-azimuth data, AVO analysis, geometrical spread-
ing, P-wave, azimuthal anisotropy, fracture characterization

1 INTRODUCTION

Geomechanical properties of tight, low-porosity reser-
voirs are largely governed by natural fracture networks.
Therefore, reliable estimation of fracture density and
orientation is extremely important for cost-effective hy-
draulic completion and hydrocarbon production. Di-
rect information about fracturing can be obtained us-
ing borehole methods, such as image log analysis, which
provide estimates of fracture counts and orientations on

various scales. The main shortcoming of borehole mea-
surements is that they are sensitive only to formation
properties in the immediate vicinity of the well. In some
cases, the spatial distribution of fractures can be in-
ferred from fault maps obtained by coherence analysis of
surface seismic data. However, the correlation between
areas of high fracture density and fault locations is not
always straightforward.

Therefore, fracture characterization increasingly re-
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Figure 1. Location of the Rulison field in the Piceance
Basin, Colorado.
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Figure 2. Stratigraphic column of the Rulison field. The
gas-producing reservoir is bounded by the UMV shale and
the Cameo coal. The Mesaverde Top is an unconformity that
separates the Mesaverde group from the overlying Wasatch
formation.

lies on seimsic inversion methods that operate with both
3D wide-azimuth surface data and VSP (vertical seis-
mic profiling) surveys (Hall and Kendall, 2003; Gray
and Todorovic-Marinic, 2004). In particular, valuable
information about fracture orientation and density is
provided by the azimuthal variation of such P-wave sig-
natures as moveout attributes and amplitude-variation-
with-offset (AVO) response (Grechka and Tsvankin,
1999; Lynn et al. 1999; Bakulin et al., 2000; Li et
al. 2003; Neves et al. 2003; Riiger, 2001). After cross-
validation with borehole measurements, fracture maps
obtained from azimuthal seismic attributes can serve as
the input into reservoir simulation.

Both azimuthal moveout and AVO (often abbrevi-
ated as “AVAZ”) analysis have their advantages and
drawbacks. While the AVO response provides local,
high-resolution information about fracturing at the top

Figure 3. Seismic acquisition grid for the RCP nine-
component 2003 survey.

Fold

I 1 Mile

Figure 4. P-wave fold for the 55x55 ft bin size. The square
in the center marks the study area of this paper.

or bottom of the reservoir, moveout attributes (e.g., the
NMO ellipse) depend on the average fracture proper-
ties for the whole reservoir layer. When combined to-
gether, azimuthal AVO and moveout attributes can of-
fer improved understanding of the spatial distribution
and physical properties of fractures.

From the processing standpoint, azimuthal move-
out measurements usually are more robust and less dis-
torted by standard preprocessing algorithms. On the
other hand, reflection amplitudes are more sensitive to
the presence of anisotropy and can provide higher ver-
tical resolution, which is especially important for thin
reservoirs. In addition to the difficulties caused by the
near surface (e.g., statics errors and coupling problems),
both moveout and amplitude methods have to account
for the propagation phenomena in the overburden. In-



Survey type

Subsurface bin size

Number of receiver locations
Number of source locations
Receiver grid

Source grid

Receiver array

Source array

P-wave sweep range

Table 1. Acquisition parameters of the survey.

Time (s)
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Figure 5. Seismic section across the middle of the survey
area. The reflectors analyzed in the paper are marked on the
plot.

terval NMO ellipses are obtained by applying the gener-
alized Dix equation to the reflections from the top and
bottom of the reservoir (Grechka and Tsvankin, 1998;
Grechka et al. 1999; Neves, 2003). This procedure be-
comes unstable if the thickness of the reservoir layer
is relatively small compared to its depth. Then it may
become necessary for purposes of moveout analysis to
combine the reservoir with a layer above or below it.
It is less common in seismic fracture characteriza-
tion to properly account for amplitude distortions in the
overburden, in particular those caused by anisotropic
geometrical spreading. The high sensitivity of geomet-
rical spreading to the presence of anisotropy along the
raypath can cause serious errors in AVO analysis (Riiger
and Tsvankin, 1997; Tsvankin, 2005). To remove the
geometrical-spreading factor and accurately estimate
the reflection coefficient, Xu et al. (2005) and Xu and
Tsvankin (2006a) developed a methodology of moveout-
based anisotropic spreading correction (MASC). The
moveout parameters that provide the input to MASC
are obtained by 3D nonhyperbolic moveout inversion of
wide-azimuth data (Vasconcelos and Tsvankin, 2006).
It should be emphasized that MASC does not require
any additional information about the velocity field and
fits in a straightforward way into the processing flow
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of azimuthal AVO analysis. Synthetic tests on realistic
orthorhombic layered models show that application of
MASC becomes necessary when the azimuthal variation
of the geometrical spreading reaches at least 1/3 of that
of the reflection coefficient (Xu and Tsvankin, 2006b).

Here, we carry out azimuthal moveout and AVO
analysis of P-wave data acquired above a fractured
reservoir at the Rulison field in Colorado. Prior to esti-
mating the azimuthally varying AVO gradient, we apply
MASC to correct reflection amplitudes for the geometri-
cal spreading in the overburden. Comparison of our pro-
cessing results with those obtained with a conventional
gain correction shows that MASC made it possible to
enhance and focus one of the two major azimuthal AVO
anomalies. Analysis of the AVO gradients at the top and
bottom of the reservoir provides important insight into
the fracture distribution and helps to identify zones of
intense fracturing.

2 GEOLOGIC BACKGROUND

The Rulison field is a basin-centered gas accumulation
located in the South Piceance Basin, Garfield county,
Colorado (Figure 1). Gas production comes primarily
from the Williams Fork formation, which consists of
channel sand lenses embedded in fine-grained levee de-
position (Figure 2). The reservoir is capped by the UMV
shale, while the Cameo coal beneath the reservoir is be-
lieved to provide the source for the gas accumulation.
The unconformity at the top of the Mesaverde group
underlies a massive shale formation.

The reservoir lithology is classified as tight sand
with the matrix permeability on the order of micro-
Darcies and porosity of 6-12%. The top several hun-
dred feet of the reservoir formation are saturated with
water, which is replaced by gas in the lower part of the
reservoir {(Cumella and Ostby, 2003). The pay section is
relatively thick (about 1200 feet) and is considered to be
normally pressured or slightly overpressured. Because of
the low porosity and matrix permeability, characteriza-
tion of natural fracture networks has vital importance
for cost-effective development of the field.
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Figure 6. CMP supergather in the upper left corner of the
study area. The maximum offset is 7700 feet.

3 DATA ACQUISITION AND
PROCESSING

To map the spatial distribution and orientation of frac-
tures and study the in-situ stress field, the Reservoir
Characterization Project (RCP) at CSM acquired a 3D
multicomponent seismic survey over a 2.2x2.5 km area
of the Rulison field. The orthogonal acquisition geome-
try was designed to reach optimal balance between the
uniformity of the azimuthal distribution and the econ-
omy of the layout (Figure 3). The data coverage is es-
pecially dense near the center of the survey area, with
the highest fold of 225 for a small bin size of 55x55 ft
(Table 1 and Figure 4).

Prior to the AVO processing described below, a
statics correction was applied to the data by Veritas.
As illustrated by the cross-section in Figure 5, the data
quality is above average for land surveys. Also, the sub-
surface structure is close to layer-cake, which simpli-
fies application of azimuthal moveout and AVO analy-
sis and the anisotropic geometrical-spreading correction
(MASC).

To improve azimuthal and offset coverage, we col-
lected CMP gathers into superbins. The choice of the su-
perbin size is nontrivial and requires conducting a num-
ber of tests. Relatively small superbins suffer from non-
uniformity of the distribution of offsets and azimuths;
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Figure 7. Supergather from Figure 6 after application
of azimuthally-varying hyperbolic moveout correction. The
maximum offset-to-depth ratios for the Mesaverde Top, the
top of the reservoir (UMV shale), and the bottom of the
reservoir (Cameo coal) are 1.9, 1.5, and 1.1, respectively.

on the other hand, using large superbins increases the
influence of lateral heterogeneity. After experimenting
with several bin sizes, we found 5x5 superbins to be op-
timal. Further increase in size reduces semblance values
in 3D moveout analysis, which is likely caused by lateral
heterogeneity.

Figure 6 displays a 5x5 superbin gather in the up-
per left corner of the study area. The ground roll was
suppressed using the slope filter suggested by Vasconce-
los and Grechka (2006), which is designed to minimize
azimuthal distortions. The same gather after applica-
tion of azimuthally-varying NMO correction using the
best-fit NMO ellipse is shown in Figure 7. The bending
at the far offsets (i.e., a “hockey stick”) for the reflec-
tion from the top of the reservoir (UMV shale) indicates
the presence of nonhyperbolic moveout generated in the
overburden. The apparent flatness of the Cameo coal
reflection is explained by the relatively small offset-to-
depth-ratio (slightly larger than unity) at the bottom of
the reservoir.

The azimuthally-varying NMO velocity is described
by a quadratic function of the horizontal coordinates
and typically traces out an ellipse in the horizontal plane
(Grechka and Tsvankin, 1998). Similarly, the azimuthal
variation of AVO gradient can be approximated by an
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Figure 8. Distribution of offsets and azimuths for CMP superbins in the four corners of the study area. Note that full azimuthal

coverage is achieved for offsets up to about 5000 ft.

elliptical curve, unless the gradient changes sign with az-
imuth (Riiger, 2001). For laterally homogeneous models,
the orientation and eccentricity of both ellipses depend
on the direction, density, and fluid saturation of subsur-
face fracture systems. To reconstruct NMO and AVO
ellipses, it is common to divide 3D data into azimuthal
sectors and estimate the NMO velocity and AVO gra-
dient in each sector separately. Although implementa-
tion of this approach is facilitated by application of
existing 2D algorithms, it suffers from bias caused by
uneven distribution of offsets and azimuths (Grechka
and Tsvankin, 1999; Li et al. 2003). Here, we adopted
a more robust “global” algorithm that honors the az-
imuth of each trace and fits an ellipse to the data using
all source-receiver pairs in a 3D CMP gather (Grechka
and Tsvankin, 1999; Vasconcelos and Tsvankin, 2006).

Our processing sequence starts with multiazimuthal
moveout analysis based on the algorithm of Vasconce-
los and Tsvankin (2006). First, the NMO ellipse is es-
timated from conventional-spread data with the max-
imum offset-to-depth ratio close to unity. Second, this
ellipse is used as the initial guess to carry out 3D non-
hyperbolic moveout analysis of all traces in the gather.

The estimated moveout parameters not only allow us
to flatten reflection events in the multiazimuth gather,
but also serve as the input to the geometrical-spreading
correction. Third, we perform amplitude picking on
conventional-length spreads along the traveltime surface
defined by the 3D nonhyperbolic moveout parameters.
Fourth, the picked amplitudes are corrected for the ge-
ometrical spreading using the method (MASC) of Xu
and Tsvankin (2006a, 2006b). Finally, the corrected am-
plitudes are inverted for the azimuthally-varying AVO
gradient (along with the AVO intercept) to obtain the
AVO ellipse. To evaluate the impact of the anisotropic
spreading correction on the azimuthal AVO analysis, we
also repeated the last two processing steps with MASC
replaced by the conventional t2-gain.

The azimuthal moveout and AVO analyses were
carried out for CMP locations inside a square area in the
center of the RCP survey (Figure 4), where the fold per
superbin varied from 1500 to 5000. Figure 8 shows the
azimuthal and offset coverage for CMP superbins in the
four corners of this study area; the coverage increases to-
wards the center of the survey. It is evident that uniform
azimuthal coverage, which is critical for our processing,
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Figure 9. AVO and NMO ellipses estimated for the reflection from the Mesaverde Top. The first two columns display the AVO
ellipses computed using MASC (left) and the conventional ¢t2 gain correction (center). The right column shows the effective
NMO ellipses. The top row (panels a, b, and ¢) is the eccentricity of the ellipses calculated by subtracting unity from the
ratio of the semi-major and semi-minor axes. The middle row (panels d, e, and f) is the azimuth of the semi-major axis; the
length of the ticks is proportional to the eccentricity. The semi-major axis of the AVO ellipse corresponds to the larger absolute
value of the AVO gradient.Panels g, h, and i in the bottom row are the rose diagrams of the azimuths from panels d, e, and f,

respectively.

extends to offsets of about 5000 feet. This implies that
estimation of the NMO and AVO ellipses for Mesaverde
Top and the top of the reservoir should be free from the
acquisition footprint. The processing results for the bot-
tom of the reservoir (Cameo coal), however, may bear
some acquisition footprint, particularly at the edges of
the study area.

4 RESULTS OF AZIMUTHAL SEISMIC
ANALYSIS

Here, we present the results of the azimuthal AVO and
NMO analysis for three major reflectors: the top of the
Mesaverde group, the top of the reservoir {(UMV shale),
and the bottom of the reservoir (Cameo coal). To min-
imize possible edge effects, some of the processed CMP
superbins included source/receiver locations outside of
the study area in Figure 4. Both AVO and NMO el-
lipses are represented by their eccentricity and the ori-
entation (azimuth) of the semi-major axis computed for
each common midpoint.
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Figure 10. Azimuthal variation of the (a) geometrical spreading and (b) effective parameter 7 for the Mesaverde Top. Plot (a)
shows the relative difference between the spreading values in the vertical symmetry planes for the offset-to-depth ratio equal
to one; the symmetry planes correspond to the axes of the NMO ellipse. Plot (b) shows the difference between the parameters
7D and 7(?) in the vertical symmetry planes (for parameter definitions, see Tsvankin, 2005).

4.1 Mesaverde Top

The AVO ellipses for the Mesaverde Top exhibit a dis-
tinctive azimuthal AVO anomaly near the east bound-
ary of the study area (Figures 9a,b). The eccentricity of
the ellipses is defined as the ratio of the semi-major and
semi-minor axes minus unity. Therefore, at the center
of this anomaly the AVO gradient in one principal az-
imuthal direction is more than twice as large as in the
orthogonal direction. In contrast, the NMO ellipticity
for this reflector is close to zero, which suggests that
the overburden is effectively azimuthally isotropic with
respect to NMO velocity. The axes of the AVO ellipses
in the area of the anomaly have azimuths close to 45°
and 135°. Since the reflection coefficient responds to the
local changes of rock properties at the interface, the az-
imuthal AVO anomaly in Figure 9 may be associated
with an intensely fractured zone near the Mesaverde
Top. The obtained AVO-gradient map offers potentially
valuable information for the operating company, which
is interested in using formations above the Mesaverde
Top to store production water.

Although the anellipticity parameter n estimated
from nonhyperbolic moveout inversion is substantial
(0.15 on average), it is almost the same in both ver-
tical symmetry planes of the model (Figure 10b). On
the whole, the reflection moveout for the Mesaverde
Top is weakly dependent on azimuth. Consequently, the
azimuthal variation of the geometrical spreading is al-
most negligible (Figure 10a). Comparison of the first
two columns of Figure 9 confirms that the impact of
MASC (i.e., of the anisotropic spreading correction) on
the azimuthal AVO response for the Mesaverde Top is
small.

4.2 Top of the reservoir (UMYV shale)

Similar to the Mesaverde Top, the only pronounced
AVO-gradient anomaly at the top of the reservoir is
located near the east boundary of the study area (Fig-
ure 11a). The magnitude of this anomaly, however, is
about 30% higher than that for the Mesaverde Top, and
the point of the maximum AVO ellipticity is shifted up
by about 200 m. Since the UMV shale layer above the
reservoir is likely to be transversely isotropic with a ver-
tical symmetry axis (VTI; see below), the anomaly in
Figure 11 may be caused by a “soft spot” of high frac-
ture density in the upper reservoir. The influence of the
anisotropic spreading correction on the azimuthal AVO
response at the top of the reservoir is marginal for the
same reason as for the Mesaverde Top.

The maximum effective NMO ellipticity for the top
of the reservoir is only slightly larger than that for the
Mesaverde Top. The right column in Figure 11 shows
the interval NMO ellipses in the UMV shale layer com-
puted from the generalized Dix equation of Grechka et
al. (1999). The orientations of the ellipses are almost
random, which suggests that either the shale formation
is almost azimuthally isotropic, or the layer-stripping
operation is not sufficiently stable because of the weak
effective NMO ellipticity.

4.3 Bottom of the reservoir (Cameo coal)

The azimuthal seismic attributes for the bottom of the
reservoir are shown in Figure 12. Two significant AVO-
gradient anomalies appear in the upper right and lower
left corners of the study area (Figures 12a,b). The mag-
nitude of both anomalies is close to 1.5, which means
that the semi-major axis of the AVO ellipse is 2.5 times



110 X. Xu & I. Tsvankin

1.5 1.5
] @ 2
€ € £
£ 1 £ 1 <
0.5 0.5
1O‘POO 6 40 60 40
Xline Xline
(a) (b)

40—~ 40— Eary 407 = [/

/m TNTNNY S T TNTNN )/ 50}\3((—"_ \\ /
S0y = NNy L e A R N\ TS

4NV N s 1 NU N2 N \NY" T/ 7 N
A A AR S R s 50?’//1\"/////// 60[\5(/ NSNS T
e 1 Se LS 2 BN EYYYi g ~ Y e
:570 T \/////////' :‘:.570?/ / ~//'/‘/////‘ %70\\/// NS 7
£ //,,,,,/’/// = /,,,,,,//// - P e e U
80/'/’//7///// 80&—,,;,,////// 80 V//\<\<

VAV VAV AV S AV Y | VAN AR A A A AV A —/ N ST
R L A AV N B L A VB | We— N TSN N
gl TS wp ! TS g MUNANTT
%o 80 60 40 foo 80 60 40 00 s . 60 40

Xiine Xline Xiine

(e)

(h)

Figure 11. AVO ellipses for the top of the reservoir (the left and center columns) and the interval NMO ellipses in UMV shale

(the right column); the same display as in Figure 9.

larger than the semi-minor axis. The azimuth of the
semi-major axis (Figures 12d,e) exhibits a strikingly
regular pattern that might be related to the geomechan-
ical processes that produce wrenching faults in the area
(Jansen, 2005). According to the AVO results in Figures
12g, h, the average fracture azimuth at the bottom of
the reservoir should be close to N70W.

The large thickness of the reservoir ensures stable
computation of the interval NMO ellipses (the right col-
umn in Figure 12). The only noticeable azimuthal NMO
anomaly is located in the upper right corner of the area
and partially overlaps with one of the azimuthal AVO
anomalies described above. The magnitude of the NMO
anomaly is close to 8%, which translates into a difference
of about 0.08 between the anisotropy parameters 6(!)
and 8@ in the vertical symmetry planes (see Tsvankin,
2005).

In contrast to the results for the more shallow re-
flectors, the anisotropic spreading correction (MASC)
makes a significant impact on the azimuthal AVO re-
sponse for the bottom of the reservoir (compare Fig-
ures 12a and 12b). The AVO anomaly in the lower
left corner of the study area is much more pronounced
and spatially coherent after application of MASC. The
strong azimuthal variation of the geometrical spread-
ing (as well as the parameter 7) in the lower part of
the area is likely caused by the influence of subvertical
fractures in the thick reservoir formation (Figure 13).
Therefore, the anisotropic spreading correction becomes
essential for computing an accurate AVO response from
the bottom of the reservoir. The contribution of MASC
is smaller for the second AVO anomaly (Figures 12a,b),
probably because of the more limited vertical extent of
fracturing near the right boundary of the area.
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reservoir (the right column); the same display as in Figure 9.
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(b)

Figure 14. Comparison of the fault system and the eccenticity of the AVO ellipses for the bottom of the reservoir. The faults
(blue lines), which are identical on plots (a) and (b), were mapped by Jansen (2005) using poststack P-wave images; the arrows
indicate the slip movement. The azimuthal AVO attribute on plot (a) is computed using MASC (Figure 12a), and on plot (b)
using the conventional spreading correction (Figure 12b). The black rectangle marks the RCP survey area. The AVO anomalies
on plot (a) coincide almost exactly with the intersections E and E’ of the two wrenching fault systems.

Most existing case studies of azimuthal AVO anal-
ysis are conducted for the top of the reservoir forma-
tion (e.g., Neves et al. 2003). Using synthetic modeling
for fractured gas sands, Sayers and Rickett (1997) con-
cluded that the bottom of the reservoir often produces a
stronger azimuthal AVO anomaly. However, since Say-
ers and Rickett (1997) did not apply an anisotropic
spreading correction, their modeled amplitudes were
influenced by both the reflection coefficient and the
azimuthally varying geometrical spreading inside the
reservoir. Our results demonstrate that to take full ad-
vantage of the azimuthal AVO signature of events re-
flected beneath the reservoir, it is critically important
to remove the anisotropic geometrical-spreading factor
from recorded amplitudes. In addition, analysis of geo-
metrical spreading and the input moveout parameters
provides useful supplementary information for fracture
characterization.

5 DISCUSSION

In this section we compare our processing results with
available geologic and borehole information, estimate er-
rors in the NMO velocities and AVO gradients, examine
the correlation between the NMO and AVO ellipses, and
outline some directions of future work.

5.1 Comparison with the fault distribution
and EMI logs

Since both fractures and faults respond to subsurface
stress fields, enhanced fracture zones are often associ-

ated with location of faults. It is, therefore, interesting
to compare our fracture-characterization results with
the fault distribution in the Rulison field. Cumella and
Ostby (2003) suggest that the fault system in the area
follows a wrenching pattern. Employing the wrenching
fault model, Jansen (2005) mapped the fault system
using automated curvature measurements. The back-
ground image in Figure 14 shows the faults at the bot-
tom of the reservoir. The primary fault system is aligned
along N70W, while a secondary step-over fault trends
along N30E.

Interestingly, the AVO-gradient anomalies obtained
after application of MASC are located at the intersec-
tions of the two wrenching fault systems, where stress
concentration is likely to induce intense fracturing. Also,
the orientation of the AVO ellipses (Figures 12d,e) ex-
hibits a rotation pattern, which seems to support the
wrenching fault model.

An electrical microimager (EMI) log is available in
well RWF 542-20 in the center of our study area. Fig-
ure 15 compares the fracture directions obtained from
the EMI log and the azimuthal AVO analysis for the
bottom of the reservoir. The difference between the
dominant fracture orientations estimated from the two
methods is less than 10°.

5.2 Acquisition footprint

Since full azimuthal coverage is achieved for offsets up
to approximately 5000 feet, the NMO and AVO ellipses
at the Mesaverde Top and the top of the reservoir (UMV
shale) should not be distorted by the acquisition foot-
print. The azimuthal and offset coverage in the four
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Figure 15. Rose diagrams of the fracture orientation ob-

tained from EMI logs and azimuthal AVO analysis. The frac-

ture directions were (a) counted in well RWF 542-20 within

the reservoir; (b) estimated from the AVO ellipses at the
bottom of the reservoir.

corners of our study area suggests that the azimuthal
signatures for the bottom of the reservoir (Cameo coal)
might be biased towards the dominant acquisition az-
imuths from 40° to 100°. The orientation of neither AVO
nor NMO ellipses for the bottom of the reservoir, how-
ever, exhibits any noticeable bias (Figures 12d,e,f). In
particular, the azimuths of the AVO ellipses are practi-
cally random in the lower right corner of the area where
the AVO eccentricity is small (Figures 12d,e). The ab-
sence of the acquisition footprint can be explained by
the orthogonality of the acquisition layout, which en-
sures that 80% of all traces fall into the offset range
with complete azimuthal coverage.

5.3 Error analysis

Assuming that the uncertainty in traveltime picking
does not exceed 8 ms, Vasconcelos and Grechka (2006)
estimated the variance in the estimated NMO velocities
to be close to 7%. The most serious problem in the esti-
mation of the NMO ellipses, however, is the bias caused
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by varying superbin size. The NMO ellipticity system-
atically increases over the area when the superbin size
changes from 5x5 to 9x9. Since this increase in ellip-
ticity is accompanied by lower semblance values, the
larger superbins seem to be more influenced by lateral
heterogeneity. On average, the semblance value for the
top of the reservoir decreases from around 0.6 for 5x5
superbins to 0.45 for 9x9 superbins, while the effective
NMO ellipticity increases by 0.04. Evidently, 5x5 su-
perbins used in our processing produce more reliable
azimuthal seismic attributes.

The confidence interval for the eccentricity of the
AVO ellipse can be inferred from the correlation be-
tween the magnitude of the AVO anomalies and the reg-
ularity of the ellipse orientation (Figures 9, 11, and 12).
When the eccentricity is smaller than 0.3, the azimuths
of the AVO ellipses are random, which is particularly
clear in the upper left quarter of Figure 11d and the
lower right quarter of Figure 12d. When the eccentric-
ity exceeds 0.3, the azimuths of the AVO ellipses show a
regular pattern. Since AVO ellipses are estimated inde-
pendently at each CMP with no data overlap between
adjacent gathers and no smoothing, the confidence level
of the AVO eccentricity can be set at 0.3. The major az-
imuthal AVO anomalies discussed above should be sig-
nificant because their magnitude is three times or more
this confidence level.

Due to the relatively small offset-to-depth-ratio for
the bottom of the reservoir (close to unity at the edges
and 1.6 in the center of the study area), the estimated
anellipticity parameters ‘"'*® may contain large er-
rors. The performance of MASC, however, is insensi-
tive to trade-offs between the moveout parameters, as
long as they give an accurate approximation for the
traveltime surface (Xu and Tsvankin, 2006a). The high
quality of the traveltime fit provided by our moveout-
inversion algorithm is confirmed by the large semblance
values (0.7 on average) for the bottom of the reservoir.

5.4 Correlation between the NMO and AVO
ellipses

It has been suggested in the literature that combin-
ing the NMO ellipse with the azimuthally-varying AVO
gradient can help to constrain the anisotropic velocity
model and some physical fracture parameters (Riiger
and Tsvankin, 1997; Bakulin et al. 2000a). This ap-
proach is feasible when the reservoir is thick enough for
reliable estimation of the interval NMO ellipses, and the
variation of major fracture properties (orientation, den-
sity, fluid saturation) with depth is not significant. In
the presence of strong vertical heterogeneity, the differ-
ence in vertical resolution between amplitude and trav-
eltime methods complicates joint analysis of AVO and
NMO results.

Although the thickness of the reservoir formation
in the Rulison field is sufficient for azimuthal moveout
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inversion, there is no obvious correlation between the
azimuthal NMO and AVO attributes. Most likely, the
vertical and lateral heterogeneity of the Williams Fork
formation has a strong impact on the interval NMO el-
lipses, which reflect the average properties of the reser-
voir. In contrast, azimuthal AVO response after the
geometrical-spreading correction mostly depends on the
local medium properties above and below the reflector.
Still, further joint analysis of the NMO and AVO at-
tributes may be helpful in improving our understanding
of the reservoir.

5.5 Quantitative AVO inversion

The AVO gradient is estimated here by expressing
the reflection coefficient as a quadratic function of the
source and receiver coordinates. While this represen-
tation is justified for the NMO ellipse (Grechka and
Tsvankin, 1998), it is not appropriate for quantitative
inversion of the AVO response. Indeed, the plane-wave
reflection coefficient obtained by amplitude processing
has to be treated as a function of the incidence phase
angle or horizontal slowness (ray parameter). Unfortu-
nately, accurate computation of the phase angle at the
reflector requires knowledge of the interval anisotropy
parameters in the overburden. This issue deserves fur-
ther investigation, which is outside of the scope of this

paper.

6 CONCLUSIONS

Despite the complexity of the heterogeneous fractured
reservoir in the Rulison field, P-wave reflection data pro-
vide valuable information for fracture characterization.
Our processing sequence included advanced anisotropic
traveltime and amplitude inversion methods designed
for wide-azimuth, long-offset data. Nonhyperbolic move-
out analysis for several major horizons helped to flatten
the long-spread reflection events and estimate the ef-
fective NMO ellipses. Then the generalized Dix equa-
tion was used to remove the influence of the overburden
and compute the interval NMO ellipses in the reser-
voir and the layer above it (UMV shale). The esti-
mated nonhyperbolic moveout parameters also provided
the input to the moveout-based anisotropic geometrical-
spreading correction (MASC), which was applied prior
to azimuthal AVO analysis.

The azimuthal variation of the AVO gradient
(AVO ellipse) proved to be the most sensitive fracture-
detection attribute. Significant azimuthal AVO anoma-
lies were observed for all three processed horizons, which
indicates that fracturing is not limited to the reser-
voir formation. It should be emphasized that the AVO
response for the bottom of the reservoir is substan-
tially distorted by the azimuthally varying geometri-
cal spreading. The AVO-gradient anomaly in the lower

left corner of the study area becomes much more pro-
nounced and spatially coherent after application of
MASC. It is clear that an accurate spreading correction
is even more important for quantitative inversion of the
azimuthal AVO attributes. Note that implementation
of MASC is entirely based on the results of azimuthal
moveout analysis and, therefore, involves almost no ex-
tra computational cost.

The two strong AVO-gradient anomalies at the bot-
tom of the reservoir coincide with the intersections of
two wrenching fault systems, where one can expect con-
centration of stress. This geologic evidence suggests that
the anomalies indeed correspond to “soft spots” of high
fracture density. While the fracture orientation esti-
mated from the AVO ellipses varies over the field, the
dominant fracture azimuth (N70W) is in good agree-
ment with the EMI logs and the direction of one of the
fault systems.

The weak NMO ellipticity for the interval between
the Mesaverde Top and the top of the reservoir indicates
that this shaly layer is azimuthally isotropic (likely to
be VTI). Thus, the AVO anomalies at the top and bot-
tom of this layer are likely caused by enhanced frac-
tured zones in the formation immediately above the
Mesaverde Top and in the upper reservoir, respectively.

The interval NMO ellipticity in the reservoir is
much less pronounced compared to the azimuthal vari-
ation of the AVO gradient for the reservoir boundaries.
Also, the azimuthal AVO and NMO attributes are not
well correlated, which may be explained by the inherent
difference between these two measurements. Reflection
coefficient is governed by the local contrasts in the elas-
tic parameters across interfaces, whereas NMO velocity
reflects the average medium properties over coarse in-
tervals. Since the reservoir horizon in the Rulison field is
thick and strongly heterogeneous, the weak correlation
between the AVO and NMO ellipses is not surprising.
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